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Abstract 

This thesis consists of an analysis of a sea level rise in the North Pacific and an 

upwelling change along the equator in response to global warming, with emphases on 

the three-dimensional structure of subsurface ocean. These investigations are important 

because sea level rise will alter the habitability of coastal regions and equatorial 

upwelling change has potentials to alter the El Niño through the non-uniform warming 

of sea surface temperature and to influence ocean deoxygenation. The outputs from the 

Coupled Model Intercomparison Project Phase 5 (CMIP5) are used and the multi-model 

ensemble (MME) mean along with differences among models are analyzed in this study. 

Future changes in the dynamic sea level (DSL), which is defined as sea level 

deviation from the global mean sea level, is investigated over the North Pacific, by 

analyzing data from 30+ CMIP5 models under Representative Concentration Pathway 

(RCP) 8.5 and RCP4.5 until 2300. The study provides a more comprehensive description 

of DSL responses to the global warming in this region than previous studies, by using 

surface and subsurface data. The DSL changes in the North Pacific are characterized by 

a DSL rise in the western North Pacific around the Kuroshio Extension (KE), consistent 

with previous studies. Subsurface density analysis indicates that DSL rise around the 

KE is associated with a decrease in density of subtropical mode water (STMW) and with 

a northward KE migration. The former is more effective between 2000 and 2100 for both 

RCP4.5 and RCP8.5 and the latter is more effective between 2100 and 2300 for RCP8.5. 

The STMW density decrease is related to a large heat uptake to the south and southeast 

of Japan, while the northward KE migration is associated with the poleward shift of the 

wind stress field. These features are commonly found in multi-model ensemble (MME) 

means, and also explain differences among the climate models.  
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 The equatorial upwelling change in the Pacific and Atlantic Oceans is 

investigated using data from 24 CMIP5 models for RCP8.5 scenario until 2100. Three-

dimensional velocity components of CMIP5 multi-models are used for the first time in 

an upwelling study, and allow to divide upwelling velocities into diapycnal and isopycnal 

velocities. This analysis, combined with inter-model regression, revealed that both the 

MME mean and the inter-model variability in the upwelling change in the eastern 

equatorial Pacific, where strong upwelling change occurs, are explained by two 

mechanisms. One is that the diapycnal upwelling decreases near the surface associated 

with the weakened Ekman divergence. The other is that the isopycnal upwelling 

decreases at depths of 75-200 m around the core of the equatorial undercurrent (EUC) 

due to the EUC flattening. Both the weakened Ekman divergence and the EUC 

flattening are induced by the locally weakened trade wind over the eastern Pacific basin. 

In the equatorial Atlantic, both the MME mean change and the inter-model variability 

of upwellings are significantly related to the weakened trade wind and enhanced 

stratification although these drivers are not independent. The results for the Pacific 

Ocean imply that future upwelling reduction may impact the sea surface temperature 

and marine ecosystem by different mechanisms. The rapid warming of sea surface 

temperature in the eastern basin may be related to the near surface diapycnal upwelling 

reduction, while the decrease of net community production, which often measured by 

marine export production at a depth of 100 m, may be related to the isopycnal upwelling 

reduction. 
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Chapter 1 

General Introduction 

 Global warming due to increasing greenhouse-gas concentrations has become a 

principal scientific and socioeconomic concern. The Fifth Assessment Report of the 

Intergovernmental Panel on Climate Change (IPCC-AR5) released in 2013 indicates that 

global mean surface temperature shows a warming of about 0.78 ℃ over last 150 years 

(Hartmann et al. 2013), and it will continue to increase to about 3.7 ℃ until 2100 under 

the highest emission scenario (Collins et al. 2013). This rapid warming influences 

climate, ecosystem, and societies around the globe. 

 Among many oceanic responses to global warming, sea level rise, ocean 

deoxygenation and ocean acidification pose serious threat to our society, and sea-surface 

temperature changes can play important role in characterizing future climate. Sea level 

rise has the potential to alter the habitability of coastal regions (Nicholls et al. 2008). 

Ocean deoxygenation and acidification will substantially impact on marine ecosystem 

and consequently on fisheries (Keeling et al. 2010; Gruber 2011). Non-uniform SST 

warming will cause atmospheric circulation changes (Jia et al. 2016) and will modulate 

interannual climate variability such as El Niño (Cai et al. 2014; Chen et al. 2015). To 

understand future changes of these oceanic responses would be very beneficial for the 

scientific community as well as policy makers. In order to better understand these future 

responses, it is important to know three dimensional oceanic changes in physical 

variables including circulations and water mass formations. This thesis aims to 

understand the mechanism of the ocean response to the global warming, targeting the 

sea level rise in the North Pacific and upwelling change along the equator. The sea level 

change is determined by the changes of subsurface density structure which is related to 
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ocean circulation and water mass formations. The equatorial upwelling change, which 

may impact substantially equatorial SST and ocean deoxygenation, closely links to the 

vertical structure of ocean circulation and density along the equator.  

 Future changes in atmospheres and oceans are projected by global warming 

experiments of climate models. For these experiments, the concentration of greenhouse 

gases, aerosols, ozone, and land uses are prescribed as future scenarios. Four scenarios 

are prepared for the Coupled Model Intercomparison Project Phase 5 (CMIP5) 

established under the World Climate Research Program (WCRP), and are referred to as 

the Representative Concentration Pathways (RCPs). These RCP scenarios as well as the 

scenarios prepared for one generation older CMIP, i.e., CMIP3, were used in the IPCC-

AR5. We analyze outputs from more than 30 CMIP5 models for the Multi-model 

ensemble (MME) mean and inter-model variability that represents uncertainty. The 

MME mean of CMIP model outputs under present climate generally agree better with 

observations than the results from individual models (e.g., Boer 2009; Luo et al. 2009; 

Meinshausen et al. 2011). However, the assessment of future risks of climate change 

requires not only mean projections but also an estimate of the associated uncertainty 

ranges because the response of atmosphere and ocean to global warming has a 

considerable inter-model variability. In this study, we investigate MME mean future 

response of sea level and upwelling combined with their inter-model variability. 

 In IPCC-AR5, the future global mean sea-level rise in the 2081–2100 period, 

relative to the 1986–2005 period, is estimated as 0.47 m (0.32–0.63 m of 90% likely range) 

and 0.63 m (0.45–0.82 m of 90% likely range) for the middle and high greenhouse-gas 

emission scenarios of RCP4.5 and RCP8.5, respectively (Church et al. 2013). The sea 

level changes due to the global warming are not geographically uniform and show 
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substantial differences among regions. The dynamic sea level is the major factor of this 

regional changes in sea level (Slangen et al. 2014). Such spatial dependency of sea level 

change attracts much attention, as shown by the fact that one of the grand challenges of 

WCRP is “regional sea level change and coastal impacts”. Thus, it is important to 

understand the mechanisms of sea level change in each region. In chapter 2, we analyze 

the dynamic sea level, which defined by sea level relative to its global mean of climate 

model outputs, until 2300 in the western North Pacific where the projected dynamic sea 

level change is relatively large. 

Upwelling along the equator is projected to weaken in the Pacific and western 

Atlantic until 2100 in CMIP3 climate model until 2100 (Vecchi and Soden 2007). The 

equatorial upwelling is a key aspect of the El Niño because a weak upwelling results in 

high SSTs in the eastern equatorial Pacific (McPhaden 1999). The frequency of extreme 

El Niño events will increase in the warmer climate associated with the rapid warming 

over the eastern equatorial Pacific (Cai et al. 2014), underlining the importance of 

understanding how equatorial upwelling respond to the global warming. The equatorial 

upwelling change is also important for dissolved oxygen change. The upwelling brings 

nutrient-rich deep water to the near-surface euphotic zone, and enhances biological 

productivity, which reduces oxygen at depth through biological oxygen consumption. 

Therefore, understanding of future upwelling change is meaningful for both the physical 

climate and marine ecosystem. However, the mechanism of equatorial upwelling change 

has not been fully understood yet. In chapter 3, we analyze the mechanisms of future 

equatorial upwelling change in the Pacific and Atlantic until 2100. 
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Chapter 2 

Projected sea level rise, gyre circulation and water mass formation in the 

western North Pacific 

2.1. Introduction 

Sea-level rise due to global warming is an important issue for human society 

(see, among others, Lowe and Gregory 2006; Nicholls et al. 2014; Timmermann et al. 

2010; Willis and Church 2012). In the Fifth Assessment Report of the Intergovernmental 

Panel on Climate Change (IPCC-AR5), the future global mean sea-level rise in the 2081–

2100 period, relative to the 1986–2005 period, is estimated as 0.47m (0.32–0.63m of 90% 

likely range) and 0.63m (0.45-0.82m of 90% likely range) for the middle and high 

greenhouse-gas emission scenarios in Representative Concentration Pathways (RCP) 4.5 

and RCP8.5, respectively (Church et al. 2013). An updated assessment by Slangen et al. 

(2014) suggested higher values: 0.54 m for RCP4.5 and 0.71 m for RCP8.5. Because of 

continued ocean warming and further melting of the Greenland ice sheet, the global 

mean sea-level rise continues even when greenhouse-gas concentration is stabilized 

(Church et al. 2013).  

Sea-level rise can be expressed as the sum of the global mean sea-level and a 

regional sea-level correction defined by the deviation of sea level in the region from the 

global mean. Regional sea-level change is characterized by the gravity adjustment of 

land-ice melt (Slangen et al. 2014), terrestrial water storage changes resulting from 

groundwater depletion (Wada et al. 2012), uplifting of the solid earth due to land-ice 

mass change (Mitrovica et al. 2011), long term glacial isostatic adjustment (Peltier 2004), 

non-uniform heat uptake by the ocean (e.g., Lowe and Gregory 2006; Suzuki and Ishii 
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2011b), and variation of ocean circulation (e.g., Gregory et al. 2001; Yin et al. 2010). 

Among these components, the last two involve complex dynamic and thermodynamic 

responses of the ocean to atmospheric forcing, and the difference in sea-level relative to 

the global mean attributable to these components is called the dynamic sea level 

(hereinafter, DSL) (e.g., Yin et al. 2010; Zhang et al. 2014). Better understanding of DSL 

for individual basins is needed for better understanding of sea-level rise issues. In this 

paper, we study future changes in DSL due to ocean properties (i.e. non-uniform heat 

uptake and variation of ocean circulation) for the North Pacific.  

DSL change over the North Pacific due to global warming is characterized by 

relatively large sea-level rise in the western North Pacific to the east of Japan. This 

feature is commonly found in the multi-model ensemble (MME) mean of CMIP3 

(Pardaens et al. 2010; Yin et al. 2010; Sueyoshi and Yasuda 2012; Zhang et al. 2014) as 

well as that of CMIP5 (Yin 2012; Church et al. 2013; Slangen et al. 2014). Since the 

location of the localized sea-level rise roughly corresponds to the Kuroshio and the 

Kuroshio Extension (KE), most previous studies have suggested that the rise is related 

to these currents (Yin et al. 2010; Sueyoshi and Yasuda 2012; Zhang et al. 2014; Liu et 

al. 2016). Analyzing multiple models of CMIP3, Sueyoshi and Yasuda (2012) reported 

that the meridional migration and strengthening of the KE each contribute to the 

regional sea-level change, but these two modes of the KE change occur differently in 

different models. The northward migration of the KE is associated with the northward 

shift of the latitude of zero Sverdrup stream function (SSF), which gives the boundary 

between the subtropical and subpolar gyres of wind-stress-forced circulations in linear 

models. This is consistent with another CMIP3 analysis by Zhang et al. (2014) and 

downscaling of three CMIP5 models by Liu et al. (2016). The poleward shift of the zero-
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SSF line is closely associated with the northward move of the Aleutian Low (Sueyoshi 

and Yasuda 2012), and is probably related to the northward expansion of the mean 

atmospheric circulation, including the Hadley cell (Miller et al. 2006, Rauthe et al. 2004, 

Collins et al. 2013).  

In addition to wind forcings, anomalous heat flux to the ocean can be important 

in localized sea-level rise in the western North Pacific. Using a series of experiments 

with a climate model, Suzuki and Ishii (2011a) suggested that large heat uptake, via 

surface heat flux, in the subtropical mode water (STMW) lowers density of that water 

mass, resulting in a larger sea-level rise over it. This explanation is consistent with an 

earlier modeling experiment by Lowe and Gregory (2006). Furthermore, Suzuki and Ishii 

(2011b) reported that warming and freshening of STMW has played an important role 

in sea-level rise around the subtropical gyre in the North Pacific over the last three 

decades by using gridded temperature and salinity data from Ishii and Kimoto (2009).  

Further studies are important to better understanding of future DSL changes 

over the North Pacific. The potential role of heat uptake of STMW has not been 

investigated in previous multi-model analyses. Moreover, few previous studies of DSL 

change over the North Pacific using multi-model data of CMIP3 or CMIP5 have analyzed 

the differences among models. The study by Sueyoshi and Yasuda (2012) is a notable 

exception, but that analysis is limited to only the 21st century under the middle scenario 

of the IPCC Special Report on Emission Scenarios (SRES) A1B and does not consider 

subsurface density and velocity fields. Therefore, expanding analysis to multiple 

senarios and to a longer time duration (up to the 23rd century, for which some of CMIP 

models are available) and including subsurface density and velocity fields will clearly 

advance understanding of sea-level rise. Toward that end, the purpose of this study is to 
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provide a more comprehensive description and an improved mechanism for assessment 

of future DSL changes over the North Pacific by analyzing model dependency using 

multiple climate models of CMIP5. In this study, we analyze both the middle scenario 

(RCP4.5) and the high scenario (RCP8.5) until the 23rd century, using the outputs of 

more than 30 climate models for the 21st century. This is more than double the 15 models 

used by Sueyoshi and Yasuda (2012) the 11 models used by Zhang et al. (2014).  

2.2. Data and Methods 

The outputs used in this study, which come from climate models participating 

in CMIP5 (Taylor et al. 2012), are obtained mainly through the Program for Climate 

Model Diagnosis and Intercomparison (http://cmip-pcmdi.llnl.gov/cmip5/). We used 

model outputs for the historical experiment up to December 2005 and those for the high- 

and medium-emissions scenarios of RCP8.5 and RCP4.5, respectively, for January 2006 

to December 2300. Outputs of RCP2.6 and RCP6.0 are not analyzed in this study because 

of the relatively smaller number of available models. Greenhouse-gas concentration and 

thus radiative forcing stabilizes shortly after 2100 in RCP4.5 (Thomson et al. 2011), and 

in 2240 in RCP8.5 (Liddicoat et al. 2012). We used outputs of 34 (32) models for RCP8.5 

(RCP4.5) until 2100 and of 6 models until 2300. Heat flux data (hfds from CMIP5) are 

available to the authors from the 23 (9) listed models for RCP8.5 (RCP4.5). We used only 

the first ensemble of each model so as to treat all models equally. All model outputs are 

interpolated to a common horizontal grid with 1° × 1° resolution for estimating the MME, 

and the three-dimensional temperature and salinity data are also interpolated to a 

common set of 28 vertical levels. 

The DSL was defined as the sea level relative to the global mean sea level of 

CMIP5 models (zos from CMIP5). As mentioned above, DSL includes neither glacial 
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isostatic adjustment nor gravitational adjustment of land-ice melt and change in land 

water storage. The inverted barometer effect is not considered because the DSL change 

related to atmospheric pressure change is much smaller than the steric and DSL change 

(Slangen et al. 2014).  

To understand how sea-level changes are related to density changes at depth, 

the contribution of the steric component to DSL change is estimated. Sea level can be 

generally decomposed into steric and mass components (Yin et al. 2010; Zhang et al. 

2014; Liu et al. 2016). The sea-level differences due to the steric effect between two 

epochs (��) is given by using the hydrostatic balance: 

�� = − �
�� 	 �
��

����
       (2.1) 

where �
 is the in-situ density difference, ℎ��� is the reference depth and 
 is the 

reference density. The reference depth is set to 2000 m, and the reference density is set 

to 1025 kg/m3. To understand the density changes corresponding to DSL, we introduce 

local density, which is defined by the density relative to the global mean density at each 

depth. This approach allows us to examine how DSL is related to the three-dimensional 

density structure at each depth in more detail than allowed by the approach employed 

by Yin et al. (2010), who defined local steric sea-level rise after calculating steric sea-

level by vertical integration of densities.  

We also calculate the geostrophic velocities using in-situ densities, calculated 

from temperature and salinity, and sea surface heights on a 1° × 1° grid. Surface 

velocities are obtained from sea surface height with geostrophic balance assumption, and 

subsurface velocities are calculated by integrating the thermal wind equation from the 

surface to downward without an assumption of a level of no motion. It is noteworthy that 

publicly available CMIP5 data have velocity components only in the original coordinate 
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system of the model, without information on the angles of coordinates relative to the 

meridian. This makes it difficult to obtain zonal and meridional components of velocities 

from CMIP5 outputs by coordinate rotation. Despite this, by using geostrophic velocities, 

we can assess changes in subsurface oceanic circulation.  

2.3. DSL and Density changes 

The spatial structure of DSL changes differs before and after 2100. Until 2100, 

changes are characterized by a meridional dipole accompanying DSL rises (falls) in the 

subtropical (subpolar) gyre in the western North Pacific for both the RCP4.5 and RCP8.5 

scenarios (Figs. 2.1a and 2.1b). This is consistent with previous studies using CMIP5 

models (Yin 2012; Church et al. 2013; Slangen et al. 2014) and CMIP3 models (e.g., 

Sueyoshi and Yasuda 2012; Zhang et al. 2014). These patterns are somewhat 

(completely) different from the DSL change pattern for RCP8.5 (RCP4.5) from 2100 to 

2300. For RCP8.5, the strong DSL rise to the east of Japan between 2100 and 2300 is 

shifted northward from that between 2000 and 2100, exhibiting a monopole pattern over 

the basin (Fig. 2.1c). The maximal DSL rise between the 20th and 21st centuries is 11 

cm, occurring near the KE east of Japan, and is 23 cm between the 21st and 23rd 

centuries for RCP8.5. In contrast, DSL changes after 2100 for RCP4.5 are very weak 

around the KE, and slightly positive in the eastern and northern North Pacific (Fig. 2.1d). 

The changed structure before and after 2100 is not due to different ensemble sizes (30+ 

vs 6): the pattern of DSL changes before 2100 identified from the MME of six models 

that are available through the 23rd century is essentially the same as found with a larger 

number of models used to produce Figs. 2.1a and 2.1b (Figs. 2.1e and 2.1f).  

Time series of area-averaged DSL anomaly from the 1971-2000 mean around 

the KE over 30°–45°N and 145°–170°E are generally consistent with the temporal 
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evolution of radiative forcing in each scenario. The time series from RCP8.5 exhibits 

faster and longer lasting increases than seen from RCP4.5 (Fig. 2.2). The DSL anomaly 

is rather stable during the end of the 20th century and the early 21st century, and then 

starts increasing before 2050 for both scenarios. These results for 30+ models are 

statistically robust, because the 5-95% likely range of 30-year mean MME DSL for each 

periods are smaller than ±10% of its value. The area-averaged DSL anomaly appears to 

continuously increase until around the end of the 21st century for RCP4.5 and until the 

end of the 23rd century for RCP8.5, but internal variability from individual model is 

remained in 6-model MMEs because of the small ensemble size. Since DSL change in 

RCP4.5 is weak after 2100, we analyze RCP4.5 only before 2100.  

The DSL changes shown in Fig. 2.1 are quite well explained by the steric 

component (Fig. 2.3). Thus, the DSL change over the North Pacific is dominated by the 

steric sea-level change. This is consistent with the findings of Yin et al. (2010), who 

showed that the steric component is dominant in the open ocean. To better understand 

how three-dimensional density changes are related to DSL changes, we examine local 

density, which is defined as the density relative to the global mean density at each depth, 

as mentioned in Section 2.2 (Fig. 2.4). We focus our attention to DSL changes east of 

Japan, where large DSL changes are found until 2100 under both scenarios and until 

2300 in the RCP8.5 scenario, as shown in Fig. 2.1. Until 2100, the local density decrease 

is centered around 30°N between depths of 100 and 300 m (Figs. 2.4a and 2.4c). In this 

region, the climatological vertical density gradient is weak, as shown by the wider 

distance between the σ (1000 kg/m3 is subtracted from in-situ density) contours of 25 

and 27 kg/m3 for the end of the 20th century, indicating the presence of STMW. This 

means that the decreases in local density occur in the STMW, locating over the southern 
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flank of KE and further south. In contrast, after 2100, the local density decrease has its 

maximum around 39°N, corresponding to the KE axis rather in the STMW region (Fig. 

2.4b). The large negative change in local density near the KE axis suggests its northward 

migration. Although the density decreases in the region of STMW and near the KE axis 

occur in both the 21st and 22nd–23rd centuries, the density decreases more strongly in 

the region of STMW than around the KE axis until 2100 under both RCP4.5 and RCP8.5. 

Furthermore, the density decreases more strongly around the KE axis than in the STMW 

region after 2100 under RCP8.5. The density decrease in the STMW is accompanied by 

a temperature increase (not shown), which suggests that heat uptake associated with 

the STMW plays an important role in DSL change, as suggested by Suzuki and Ishii 

(2011b). It is interesting to note that Sugimoto et al. (2017) very recently reported that 

an enhanced warming of the STMW under the global warming may have already 

occurred over the past six decades. 

 The MME time series of volume-averaged local density anomaly for the STMW 

and for the KE axis latitude anomaly exhibit negative and positive trends, respectively 

(Fig. 2.5). The KE axis latitude is estimated as the center of gravity of eastward 

geostrophic surface velocity, zonally averaged over 145°–170°E, 25°–50°N with westward 

velocities being ignored. Before the 2000s, the time series of STMW density anomaly is 

roughly stable, but the KE axis latitude appears to start migrating northward before 

2000.   

Next, we investigate whether these relations we found in MME are common for 

all models, and if so, we determine how strongly each variables can explain the DSL 

differences among models. Figure 2.6 shows the relation between DSL changes resulting 

from changes in STMW density and the DSL changes generally in the region of STMW. 
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The regression slopes are close to unity (1.54 and 1.45 for RCP8.5 and RCP4.5, 

respectively for 30+ models), and the correlations are strong (r=0.63–0.83), indicating 

that the local decrease of density in the STMW well explains the DSL rise there for both 

periods and scenarios. Figure 2.7 shows changes of the KE axis latitude plotted against 

DSL differences averaged over 145°–170°E, 35°–40°N which contains the KE axis 

latitudes during the analysis period. The DSL differences are significantly correlated 

with the northward migration of the KE latitude. The relationship becomes stronger as 

the greenhouse-gas emissions accumulate (and thus radiative forcing increases) across 

different scenarios and periods. This is a new finding obtained by the analysis of multiple 

scenarios until 2300.  

The association between DSL changes and velocity changes at depth is a topic 

of interest for this study. Figure 2.8 shows that the eastward flow increase (decrease) in 

the northern (southern) side of the KE, independently of scenario and period, is 

consistent with the northward KE migration. Another interesting feature is that the 

velocity changes contains signature of shallowing, which is more clearly seen in the 

vertical profile of the horizontally averaged zonal geostrophic velocity (Fig. 2.9a). This is 

associated with velocity weakening in deeper levels, probably because of enhanced upper 

ocean stratification due to surface warming and freshening (Fig. 2.9b). 

2.4. Atmospheric forcing 

In this section, we analyze heat flux and wind stress to show how external 

forcings of the ocean cause changes in DSL. We focus particular attention on how these 

forcings influence density reduction of the STMW and northward migration of the KE, 

which were documented in the previous section.  

First, we examine the downward net heat flux (positive when ocean gains heat), 
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which may be related to density change of the STMW (Suzuki and Ishii 2011a; Luo et al. 

2009). We first calculate the heat flux anomaly in each year by subtracting its mean 

value of last 30 years in 20th century, and then integrate it from 1971 to 2100 (Figs. 

2.10a and 2.10b). The integrated downward heat flux anomaly is large in high latitudes 

(north of 50°N) and to the south and southeast of Japan. The former causes a large 

temperature increase in higher latitudes, but this heat uptake contributes less to local 

density, and thus to DSL, than in lower latitudes because of the nonlinearity of the 

density equation for sea water. The mid-latitude positive integrated heat flux anomalies 

are located to the south of the climatological mean negative maximum (i.e., the location 

of maximum heat loss from the ocean over KE), and negative anomalies occur to the 

north of the climatological mean negative maximum. This spatial pattern represents 

northward migration of the heat flux field. It implies a link between the heat flux 

anomaly and northward migration of the KE. Area-averaged downward net heat flux 

continually increases south and southeast of Japan until the middle of the 23rd (21st) 

century for the RCP8.5 (RCP4.5) scenario (Fig. 2.10c).  

The relation between changes in downward net heat flux and local density of 

the STMW is confirmed by analysis of differences among models (Fig. 2.11). Here, we 

limit our analysis of epochal differences, considering only between the ends of the 20th 

and 21st centuries because we have only four models for which heat flux data are 

available until 2300, and this is too few for analysis of the relationship among models. 

Local density change in the STMW is negatively correlated with integrated downward 

heat flux anomalies south of Japan. Further investigation revealed that reduced 

atmospheric cooling in winter contributes more to STMW density decrease than 

increased atmospheric heating in summer (not shown). This means that anomalous 
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ocean heat uptake in winter results in lighter water mass in the STMW. As shown in the 

previous section, the lower density of this water mass is important in producing the 

maximal sea-level rise to the east of Japan.  

The aforementioned possible link between the time-integrated downward heat 

flux anomaly to the south of Japan and northward KE migration is examined with 

various climate models (Fig. 2.12). The changes in downward net heat flux are strongly 

related to meridional migration of the KE axis latitude, with a correlation coefficient of 

0.84 (0.95) for RCP8.5 (RCP4.5). This indicates that the northward KE migration is 

closely related to the anomalous heat flux south of Japan. Since downward heat flux 

takes its minimum along the KE axis (see contours of Figs. 2.10a and 2.10b), downward 

net heat flux will be increased (reduced) in the south (north) of its axis when it moves 

northward. Therefore, KE migration, integrated heat flux anomalies, and density 

changes of STMW are related. A possible causality is that the KE northward migration 

accounts for producing lighter water for the STMW through the anomalous ocean heat 

uptake south of the KE axis until 2100. This chain of causality, however, is not dominant 

factor for STMW density change, because the correlation between the STMW density 

change and integrated heat flux anomaly is moderate (r=-0.45 in Fig. 2.11a) and because 

the density decrease of STMW rather than the northward KE migration plays a more 

important role in DSL changes in the 21st century as mentioned above. 

The meridional migration of the KE can be caused by variations of wind 

distribution because the KE participates in wind-driven circulation over the North 

Pacific. Figures 2.13a and 2.13b show the differences in zonal wind stress between the 

1971–2000 and 2071–2100 periods under RCP8.5 and RCP4.5, respectively. Zonal wind 

stress is enhanced (weakened) to the north (south) of the climatological maximum zonal 
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wind, centered around 40°N across the North Pacific, with stronger magnitudes for 

RCP8.5 than for RCP4.5. This spatial pattern indicates northward migration of the zonal 

wind stress field, consistent with previous studies (Sueyoshi and Yasuda 2012; Zhang et 

al. 2014). The wind stress curl field also exhibits northward migration of time-mean 

pattern, and its change is characterized by an anticyclonic anomalies extending 

eastward from the east coast of Japan (not shown). The latitude of zonally averaged zonal 

wind stress maximum moves 1 (0.4) degrees to the north by 2100 in RCP8.5 (RCP4.5). 

Anomaly time series of the latitude of zero Sverdrup stream function (SSF) at 150° E 

over the North Pacific (150°E–160°W) exhibit northward movement until roughly the 

middle of the 21st (23rd) century for RCP4.5 (RCP8.5) (Fig. 2.13c), though internal 

variability in each model is not averaged out especially in 6-model MME.  

Northward migration of the KE is significantly correlated (at the 5% 

significance) with that of the latitude of zero SSF under RCP8.5 (r=0.54, p<0.01), but the 

correlation under RCP4.5 is not significant (r=0.21, p=0.27) (Fig. 2.14). This means that 

although the MME indicates that both the KE axis and zero SSF latitude move 

northward, different KE migrations among models are not well explained by the shift in 

zero SSF latitude under RCP4.5. The stronger relationship in RCP8.5 relative to RCP4.5 

suggests that the uncertainty in RCP4.5 may arise from internal variability of the ocean, 

though further studies are necessary to clarify this. It is interesting to note that the 

regression slopes are all shallower than unity, meaning that the northward migration of 

the KE is smaller than migration of the zero SSF latitude in many models. This 

migration discrepancy may be due to a strong non-linearity of the KE, although its 

specific contribution is uncertain.  

The northward migration of the SSF field and hence that of the zonal wind 
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stress is likely influenced by the change of large-scale atmospheric circulation. Figure 

2.15 shows the MME changes of sea-level pressure (SLP) over the North Pacific. Between 

the ends of the 20th and 21st centuries, SLP changes are characterized by decreases in 

the Bering Sea and increases in the central and western North Pacific between 30°N and 

40°N (Figs. 2.15a and 2.15c). This pattern of change in SLP indicates overall deepening 

and northward shifting of the Aleutian Low, consistent with previous studies (e.g., 

Sueyoshi and Yasuda 2012; Oshima et al. 2012; Collins et al. 2013; Gan et al. 2017). 

These changes to the Aleutian Low continue after 2100 and are accompanied by 

weakening of the subtropical high (Fig. 2.15b). The spatial patterns of changes in SLP 

are associated with positive trends of the annular modes as well as with poleward 

expansion of the Hadley circulation (Miller et al. 2006; Rauthe et al. 2004; Collins et al. 

2013). These two phenomena may result from global warming (Cheon et al. 2012; 

Frierson et al. 2007; Hu et al. 2013; Johanson and Fu 2009; Lu et al. 2007; Previdi and 

Liepert 2007).  

2.5. Discussion and Summary 

 We investigated change in DSL over the North Pacific until 2300 under middle 

and high greenhouse-gas emission scenarios (RCP4.5 and RCP8.5, respectively) by 

analyzing MME along with differences among models, including subsurface density and 

velocity fields, using output from CMIP5 models. This is the first study of subsurface 

density and velocity fields for the future DSL change in the western North Pacific. Hence, 

our analysis has provided more comprehensive understanding of future DSL changes.  

 The DSL changes in the North Pacific are characterized by DSL rise in the 

western North Pacific around the KE (Fig. 2.1), as reported in previous studies (Yin et 

al. 2010; Yin 2012; Sueyoshi and Yasuda 2012; Zhang et al. 2014; Church et al. 2013; 
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Slangen et al. 2014). Around the KE, DSL continues to rise roughly through the 21st 

century under RCP4.5 and until the end of the 23rd century under RCP8.5, indicating 

that DSL will continue to change for decades after stabilization of radiative forcing (Fig. 

2.2). The localized DSL change around the KE is related to a density decrease of the 

STMW and to northward migration of the KE (Fig. 2.3). Both of them induce DSL rise 

in the western North Pacific by 2100 and 2300. Specifically, the density decreases more 

strongly in the region of STMW than that around the KE axis until 2100 under both 

RCP4.5 and RCP8.5, whereas the density decreases more strongly around the KE axis 

than in the STMW region after 2100 under RCP8.5 (Fig. 2.4). The different patterns of 

density changes between the two periods result in the different spatial distributions of 

DSL changes by 2100 and 2300. The local density decrease in the STMW and the KE 

northward migration also explain different DSL changes among models (Figs. 2.6 and 

2.7). The KE migration is confirmed by subsurface geostrophic velocity analysis (Fig. 2.8). 

The KE exhibits not only a simple meridional migration but also a stronger concentration 

near the surface, probably due to enhanced stratification (Fig. 2.9).  

 The reduction in STMW density is likely to be caused at least in part by high 

heat uptake to the south and southeast of Japan, where the Kuroshio and its extension 

flow (Figs. 2.10 and 2.12). The excess heat flux in this region is very strongly related to 

the northward migration of the KE (Fig. 2.12). This northward KE shift is forced, at least 

in part, by changes in wind distribution, and the northward shift of the latitude of zero 

SSF results in northward shift of the KE (Figs. 2.13 and 2.14). The poleward shift of the 

wind field is related to the poleward shift of the atmospheric circulation (Fig. 2.15), which 

is probably related to the poleward expansion of the Hadley circulation. The major 

features and mechanisms of DSL rise in the western North Pacific between 2000 and 
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2100 are summarized in Fig. 2.16.  

 As discussed in Section 2.1, previous studies suggest that the strong DSL rise 

in the western North Pacific around the KE is due to anomalous heat uptake, mainly 

due to STMW (Lowe and Gregory 2006; Suzuki and Ishii 2011b), the northward 

migration of the KE (Sueyoshi and Yasuda 2012; Zhang et al. 2014) or KE intensification 

(Sueyoshi and Yasuda 2012). Among these three mechanisms, the first and last, 

anomalous heat uptake by the STMW and KE intensification may be closely associated. 

This is because the KE strength, defined by Sueyoshi and Yasuda (2012) as the 

meridional DSL difference between 34°N and 42°N for a 150°–165°E range, is the most 

likely to be dominated by a change in DSL at 34°N, which is within the meridional range 

of the STMW (Fig. 2.4). DSL change is much stronger at 34°N than at 42°N (Fig. 2.1), 

even using the composite difference for models that exhibit strong KE intensification 

(see Fig. 9 of Sueyoshi and Yasuda 2012). Consequently, we suggest that KE 

intensification may be better understood as an aspect of the heat uptake of STMW. This 

means that heat uptake by the STMW and meridional migration of the KE are the two 

essential mechanisms for DSL changes around the KE, though these two mechanisms 

are not totally independent, as shown by a significant correlation between the KE 

meridional migration and excess heat uptake to the south and southeast of Japan (Fig. 

2.12).  

 The DSL changes attributable to these two mechanisms differ substantially 

among models. Figure 2.17 shows the local density difference for each model in the 

western North Pacific (145°–170°E) under RCP8.5. Most of the models exhibit local 

density differences for the STMW, but the magnitudes of the differences have wide 

variability, consistent with the situation in Fig. 2.5. Furthermore, many models 
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(specifically, CMCC-CESM, CMC-CM, CMCC-CM5, FGOALS-g2, and IPSL-CM5A-MR) 

exhibit stronger changes associated with the KE, and some other models (CanESM2, 

hadGEM2-CC, HadGem2-ES, MIROC-ESM, MIROC-ESM-CHEM, MPI-ESM-MR) 

exhibit two maxima, corresponding to the STMW and the KE.  

The inter-model differences of future response are bringing into question how 

these large inter-model differences are related to the mean state differences. To address 

this question, we apply the inter-model singular value decomposition (SVD) analysis that 

was used by Lyu et al. (2016) to examine the relationship between climatological mean 

state and interdecadal variability patterns among CMIP5 models. We first derive the 

departures of each model’s DSL averaged for 1971-2000 period and the DSL difference 

between 1971-2000 and 2071-2100 periods from the MME mean patterns in the North 

Pacific (120°E-115°W, 20°N-60°N), and then apply the inter-model SVD analysis. The 

first mode explains only 12% of total variance, and there is no significant co-variation in 

the western North Pacific where we focus on in this study. Therefore, the inter-model 

differences in the DSL rise around the KE is not well explained by the mean state 

difference. Future work is required for the better understanding of the reasons for model 

differences that would lead to better overall understanding and more certain projections. 
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Table 2.1. CMIP5 models used in this study. HF indicates that downward net heat flux 

data (hfds in CMIP5) were available to the authors. 

 

 

 

   

Model Country
2100

RCP8.5
(34 models)

2100
RCP4.5

(32 models)

2300
RCP8.5

 (6 models)

2300
RCP4.5

 (6 models)

A BCC-CSM1-1 China �   (HF) � �   (HF) �

B CNRM-CM5 France �   (HF) � �   (HF) �

C GISS-E2-R USA �   (HF) � �   (HF) �

D HadGEM2-ES UK � � � �

E IPSL-CM5A-LR France � � � �

F MPI-ESM-LR Germany �   (HF) �   (HF) �   (HF) �   (HF)

G ACCESS1-0 Australia �   (HF) �

H ACCESS1-3 Australia �   (HF) �

I BCC-CSM1-1-M China �   (HF) �   (HF)

J CCSM4 USA � �

K CESM1-BGC USA � �

L CESM1-WACCM USA � �

M CMCC-CESM Italy �   (HF)

N CMCC-CM Italy �   (HF) �   (HF)

O CMCC-CMS Italy �   (HF) �   (HF)

P CSIRO-Mk3-6-0 Australia �   (HF) �

Q CanESM2 Canada � �

R FGOALS-g2 China �   (HF) �   (HF)

S FGOALS-s2 China �   (HF) �

T FIO-ESM China �   (HF) �

U GFDL-CM3 USA � �

V GFDL-ESM2G USA �   (HF) �

W GFDL-ESM2M USA � �

X HadGEM2-CC UK � �

Y IPSL-CM5A-MR France � �

Z IPSL-CM5B-LR France � �

a MIROC-ESM Japan �   (HF) �   (HF)

b MIROC-ESM-CHEM Japan �   (HF) �   (HF)

c MIROC5 Japan �   (HF) �

d MPI-ESM-MR Germany �   (HF) �   (HF)

e MRI-CGCM3 Japan �   (HF) �   (HF)

f MRI-ESM1 Japan �   (HF)

g NorESM1-M Norway �   (HF) �

h NorESM1-ME Norway �   (HF) �
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Figure 2.1. DSL differences (color) (a) between 1971–2000 and 2071–2100 periods for 34-

model MME under RCP8.5, (b) between 1971–2000 and 2071–2100 periods for 32-model 

MME under RCP4.5, (c) between 2071–2100 and 2271–2300 periods for 6-model MME 

under RCP8.5, and (d) between 2071–2100 and 2271–2300 periods for 6-model MME 

under RCP4.5. Panel (e) and (f) is same as (a) and (b) but for 6-model MME. Contours 

indicate the mean DSL for the periods of (a, b, d, f) 1971–2000 and (c, d) 2071–2100. Solid 

(dashed) blue arrows indicate the KE axis latitude for the periods of (a, b, e, f) 1971–2000 

(2071–2100) and (c, d) 2071–2100 (2271–2300). The KE axis latitude is estimated as the 

center of gravity of eastward geostrophic surface velocity, zonally averaged over 145°–

170°E, 25°–50°N. 
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Figure 2.2. Time series of the area-averaged (145°–170°E, 30°–45°N) DSL anomaly from 

1971-2000 mean smoothed by applying an 11-year running mean for 34-model MME 

under RCP8.5 (red), 32-model MME under RCP4.5 (blue), 6-model MME under RCP8.5 

(black), and 6-model MME under RCP4.5 (green). 
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Figure 2.3. Same as Figs. 2.1a–c, but for local steric sea-level differences. 
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Figure 2.4. Zonally averaged (145°–170°E) local density differences (color) (a) between 

1971–2000 and 2071–2100 periods for 34-model MME under RCP8.5, (b) between 2071–

2100 and 2271–2300 periods for 6-model MME under RCP8.5, and (c) between 1971–

2000 and 2071–2100 periods for 32-model MME under RCP4.5. Local density is defined 

as the deviation from global mean density at each level (see text). Contours indicate the 

mean σ for the periods (a,c) 1971–2000 and (b) 2071–2100. 
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Figure 2.5. Time series of (a) local density anomaly averaged in the STMW region (145°–

170°E, 25°–35°N, and depth 50–300 m) and (b) the KE-axis latitude anomaly smoothed 

by applying an 11-year running mean for 34-model MME under RCP8.5 (red), 32-model 

MME under RCP4.5 (blue), and 6-model MME under RCP8.5 (black). 
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Figure 2.6. Scatter diagram of epoch differences in DSL due to local density averaged in 

the STMW region (145°–170°E, 25°–35°N, and depth 50–300 m) and DSL over the same 

domain among climate models. The epochs and scenarios are (a) 1971–2000 and 2071–

2100 periods under RCP8.5, (b) 2071–2100 and 2271–2300 periods under RCP8.5, and 

(c) 1971–2000 and 2071–2100 periods under RCP4.5. The plus symbol (+) and 

alphabetical letters denote the MME and the models (Table 1), respectively. Correlation 

coefficients and p-values are shown in the panels. Solid lines indicate regression lines, 

while dotted lines denote the lines of slope 1.  
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Figure 2.7. As in Fig. 2.6, but for epoch differences of KE axis latitude and DSL around 

the KE axis (145°–170°E, 35°–40°N) among climate models. The dashed line in (c) is the 

regression line from (a).  



32 
 

 

[��] 
Figure 2.8. Eastward geostrophic current-speed differences (color), calculated using 

the zonally averaged (145°–170°E) in-situ density and sea level (a) between 1971–

2000 and 2071–2100 periods for 34-model MME under RCP8.5, (b) between 2071–

2100 and 2271–2300 periods for 6-model MME under RCP8.5, and (c) between 1971–

2000 and 2071–2100 periods for 34-model MME under RCP4.5. Black, blue, and red 

contours indicate the mean zonal geostrophic current speed for the periods 1971–

2000, 2071–2100, and 2271–2300, respectively 
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Figure 2.9. Vertical profiles of (a) zonal velocity and (b) σ averaged in 145°–170°E, 27°N–

47°N for (black dashed curve)1971–2000 period in the historical experiment , (red curve) 

2071–2000 period under RCP8.5, (blue curve) 2071–2000 period under RCP4.5, and 

(black solid curve) 2272–2300 period under RCP8.5. 
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Figure 2.10. Time-integrated downward net heat flux anomaly (color) for (a) 23-model 

MME under RCP8.5 and (b) 9-model MME under RCP4.5. Panel (c) shows the time 

series of area-averaged downward net heat flux (130°–160°E, 25°–35°N) anomaly from 

1971–2000 mean smoothed by applying an 11-year running mean for the following: 

(red) 23-model MME under RCP8.5, (blue) 9-model MME under RCP4.5, and (black) 4-

model MME under RCP8.5. Contours in panels (a) and (b) indicate the mean downward 

net heat flux for the period 1971–2000. The domain for area averaging is marked by 

the box in (a).

[� �  "/�#] 
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Figure 2.11. Scatter diagram of epoch differences of the local density averaged in the 

STMW region (145°–170°E, 25°–35°N, and depth 50–300 m) and integrated downward 

net heat flux averaged south of the KE (130°–160°E, 25°–35°N) among climate models 

between 1971–2000 and 2071–2100 periods. The scenarios are (a) RCP8.5 and (c) RCP4.5. 

The plus symbols (+) and alphabetical letters denote MME and the models (Table 1), 

respectively. Correlation coefficients and p-values are shown. Solid lines indicate the 

regression line from the data points. The dashed line in (b) is the regression line from 

(a). 
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Figure 2.12. As in Fig. 2.11, but for epoch differences of the KE-axis latitude and 

integrated downward net heat flux averaged south of the KE (135°–145°E, 30°–35°N) 

among climate models. The dashed line in (b) is the regression line from (a). 
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Figure 2.13. Zonal wind stress differences between 1971–2000 and 2071–2100 periods 

(color) (a) for 34-model MME under RCP8.5 and (b) for 32-model MME under RCP4.5. 

Contours indicate the mean zonal wind stress for the period 1971–2000. (c) Anomaly 

time series of the latitude of zero SSF at 150°E relative to 1971–2000 mean smoothed by 

applying an 11-year running mean for the following: (red) 34-model MME under RCP8.5, 

(blue) 32-model MME under RCP4.5, and (black) 6-model MME under RCP8.5. The zero 

SSF line is calculated by zonally integrating wind stress curl westward from the eastern 

boundary (i.e., Sverdrup Balance). 
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Figure 2.14. As in Fig. 2.6, but for epoch differences of the KE-axis latitude and the 

latitude of zero SSF at 150°E among climate models. Dotted lines indicate slope 1. 
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Figure 2.15. Epoch differences of SLP (color) (a) between 1971–2000 and 2071–2100 

periods for 34-model MME under RCP8.5, (b) between 2071–2100 and 2271–2300 periods 

for 6-model MME under RCP8.5, and (c) between 1971–2000 and 2071–2100 periods for 

32-model MME under RCP4.5. Contours indicate the mean SLP for the periods (a, c) 

1971–2000 and (b) 2071–2100. 
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Figure 2.16. Schematic diagram illustrating the mechanism of DSL rise in the western 

North Pacific. DSL rises around the KE is associated with the density decrease of the 

STMW and northward KE migration. The STMW density decrease is caused by 

anomalous downward net heat flux to the south and southeast of Japan, while the 

northward KE migration is due to the poleward shift of the wind stress field. The excess 

heat flux is also strongly related to the northward migration of the KE. The solid arrows 

indicate the inter-model relationships that are significant at 5% significance level for 

both the RCP4.5 and 8.5, while dashed arrows indicate the relationships that are 

significant only for RCP8.5 but not for RCP4.5.  
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Figure 2.17. Zonally averaged (145°–170°E) local density differences between 1971–2000 

and 2071–2100 periods under RCP8.5 for each model (color). Contours indicate the mean 

σ for the period 1971–2000. MME indicates the MME mean. 
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Chapter 3 

Mechanisms of future equatorial upwelling change 

3.1. Introduction 

Equatorial upwelling plays important roles in physical climate and marine 

ecosystems for time-mean and time-varying conditions. The equatorial upwelling 

induced by easterly winds creates cold sea surface temperatures in the eastern 

equatorial Pacific and Atlantic Oceans where the thermocline is shallow, and sharpens 

the zonal contrast of sea surface temperature (SST). This SST east–west contrast drives 

the Walker circulation because the zonal SST gradient maintains a zonal sea-level 

pressure gradient and consequent equatorial easterly wind, a lower branch of the Walker 

circulation (Bjerknes 1969). Additionally, variability in equatorial upwelling is a key 

aspect of the Bjerknes feedback, which plays an essential role in the El Niño–Southern 

Oscillation (ENSO) (e.g., Bjerknes 1969; Zebiak and Cane 1987; McPhaden 1999; Zhang 

et al. 2008; Fang and Wu 2008). In terms of the marine ecosystems, equatorial upwelling 

supplies nutrients including iron to the near-surface euphotic zone and supports the high 

biological productivity in the eastern equatorial Pacific, a high-nutrient and low-

chlorophyll regions where primary production is limited by iron (Coale et al. 1996a,b; 

Martin et al. 1991). As such, future changes in physical climate and marine ecosystems 

due to global warming may be significantly influenced by the equatorial upwelling. 

Change in equatorial upwelling under global warming has mainly been investigated 

by analyzing the outputs of climate models, in particular those in the World Climate 

Research Programme (WCRP) Coupled Model Intercomparison Project Phase 3 (CMIP3) 

multi-model dataset (Meehl et al. 2007). Vecchi and Soden (2007) analyzed outputs of 
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CMIP3 models for the Special Report on Emissions Scenarios (SRES) A1B scenario of 

the Intergovernmental Panel on Climate Change (IPCC). They found that upwelling of 

multi-model ensemble (MME) mean in the eastern equatorial Pacific reduces until the 

year 2100. By analyzing outputs of doubled CO¬2 emission experiments from CMIP3 

models, Dinezio et al. (2009) consistently showed a reduction of MME mean vertical 

velocity at a depth of 50 m in the equatorial Pacific. In contrast, Seo and Xie (2011) found 

that upwelling will intensify in the eastern equatorial Atlantic until 2050 under the 

SRES-A1B scenario by conducting dynamical downscaling for a CMIP3 model. 

Two major mechanisms for the future change in equatorial upwelling have been 

proposed: change in Ekman pumping near the surface and change in equatorial 

undercurrent (EUC) at depth. For the former, Dinezio et al. (2009) reported the 

weakening of MME mean Ekman divergence in the equatorial Pacific and an 

accompanying reduction in vertical velocity at a depth of 50 m. For the latter, Vecchi and 

Soden (2007) suggested that a flattening in the east–west thermocline slope induces a 

reduction in upwelling in the equatorial Pacific; the flatter thermocline’s zonal slope is 

directly related to the reduction in upwelling, as the eastward-flowing EUC on eastward-

shallowing pycnoclines generates upwelling. The EUC flattening is also accompanied by 

a basin-wide shoaling of the EUC, as reported by Luo and Rothstein (2011) and Sen 

Gupta et al. (2012) based on CMIP3 analyses. In addition to these two mechanisms, a 

nonlinear response of the equatorial zonal currents to the intensified cross-equatorial 

southerlies was suggested to enhance upwelling in the cold tongue of the equatorial 

Atlantic (Seo and Xie 2011). 

Future changes in the Ekman pumping and those in the EUC, which are important 

aspects of changes in upwelling, are presumably caused by weakening of the trade wind. 
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Most climate models in the CMIP3 predict the slowdown of the Walker circulation under 

global warming (Vecchi and Soden 2007; Sen Gupta et al. 2012). The weaker trade winds 

in the future climate will cause a weakening of equatorial Ekman upwelling (Dinezio et 

al. 2009) and will also weaken upwelling associated with the EUC through a flatter 

thermocline (Vecchi and Soden 2007). The relation among the trade wind, upwelling and 

zonal thermocline gradient has been established for El Niño studies (e.g., Philander 

1981; McPhaden 1993; Jin 1997; Kirtman 1997; McPhaden 1999; Wittenberg 2002; 

Zhang et al. 2008; Liu et al. 2017). Moreover, the tendency toward a weakening of the 

equatorial easterlies associated with the slowdown of the Walker circulation over the last 

50 years has already been observed (Vecchi et al. 2006; Zhang et al. 2008). These results 

underline the importance of understanding how equatorial upwelling responds to the 

change in trade wind in a warmer climate. 

Although previous studies have shown that future trade wind weakening will cause 

a reduction in equatorial upwelling, how the aforementioned two mechanisms contribute 

to the weakening of upwelling at different depths and different locations has not been 

systematically investigated. Therefore, the purpose of this study is to obtain a better 

understanding of the mechanisms of future changes in equatorial upwelling in the 

Pacific and Atlantic Oceans, where substantial reductions in upwelling are expected 

(Vecchi and Soden 2007). For this purpose, we systematically analyze output data from 

24 CMIP5 models until 2100 under Representative Concentration Pathway (RCP) 8.5 by 

employing two analyses. One is to analyze the relation between MME mean and inter-

model variability of future changes; this analysis can tell us how much of the change in 

MME mean can be explained by a specific change of a driver such as surface wind stress 

change. The other is to divide upwelling into isopycnal upwelling (the vertical component 
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of current velocity parallel to isopycnal surfaces) and diapycnal upwelling (the vertical 

component of current velocity perpendicular to isopycnal surfaces) (Bryden and Brady 

1985; Sloyan et al. 2003). It can be expected that the change in isopycnal upwelling is 

strong where thermocline flattening is large, but in order to determine the relative 

contribution of isopycnal and diapycnal upwelling, a quantitative analysis is needed. 

3.2. Data and Methods 

The data used in this study are outputs of climate models participating in CMIP5 

(Taylor et al. 2012), and were mainly obtained through the Program for Climate Model 

Diagnosis and Intercomparison (http://cmip-pcmdi.llnl.gov/cmip5/). We used the data for 

the historical experiment up to December 2005 and those for the high-emissions 

scenarios of RCP8.5 from January 2006 to December 2100. In this scenario, greenhouse 

gas concentration and thus radiative forcing do not stabilize by 2100 (Liddicoat et al. 

2013). We used outputs of 24 models, as listed in Table 1, and analyzed only the first 

ensemble of each model so as to treat all models equally.  

Zonal and meridional components of velocity from CMIP5 outputs were estimated by 

a coordinate rotation using original velocity components in the directions of the model 

coordinate and coordinate angles relative to the meridian estimated from the coordinates. 

All model outputs were interpolated to a common horizontal grid with 1° × 1° resolution, 

and the three-dimensional data were further interpolated to a common set of 28 vertical 

levels with 13 levels in the top 400 m of the ocean. 

In order to understand the mechanisms of change in MME mean, we used two 

analyses. The first was an analysis of the relation between MME mean and inter-model 

variability. It is useful to illustrate here how this analysis works. Figure 3.1 shows a 

schematic scatter plot of epoch differences, denoted by Δ, of explanatory variable X and 
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response variable Y among models. The dots indicate respective model changes and the 

plus symbol (+) denotes the change in MME mean. In the case where the change in MME 

mean is on the regression line, the change in MME mean of ΔY can be estimated from 

the regression relation, namely, % ΔX''( + *, where % is the regression slope and * is 

the intercept. The first term is the change in MME mean for ΔY that is explained by 

the change for ΔX, while the intercept is unrelated to the change of explanatory variable. 

Therefore, a ratio given by % ΔX''(/ΔY,,� represents how much of the change in MME 

mean of Y can be explained by that of X. 

The second analysis is the division of total upwelling (-.) into isopycnal upwelling 

( -/ ) and diapycnal upwelling ( -0 ), following Pedlosky (1996). Since an isopycnal 

upwelling is a vertical velocity component derived from isopycnal flow, one can obtain 

isopycnal upwelling from the following advection equation:  

-/ ≡ 2 3ℎ
34 + 5 3ℎ

36               (3.1) 

where ℎ  is the depth of isopycnals (positive upward), 2  and 5  are the zonal and 

meridional velocities, respectively, and  -/  is the isopycnal upwelling velocity. The 

diapycnal upwelling is calculated as the difference between the total upwelling and the 

isopycnal upwelling, that is, 

-0 = -. − -/                        (3.2) 

where -.  and -0  are the total and diapycnal upwelling velocities, respectively. The 

concepts of isopycnal and diapycnal upwelling have been introduced by previous studies 

of equatorial circulations and the Pacific cold tongue (Bryden and Brady 1985; Sloyan et 

al. 2003), but to the authors’ knowledge they have not previously been employed in 

studies of future upwelling changes. 
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3.3. Results 

3.3.1. Relation between upwelling and driver changes 

From 1971–2000 to 2071–2100, the MME mean upwelling decreases in the 

equatorial Pacific and Atlantic at a depth of about 0–200 m and increases in the eastern 

Indian Ocean at a depth of about 0–100 m (Fig. 3.2). The equatorial Pacific has the 

largest upwelling decrease among the tropical oceans. The Pacific upwelling decreases 

most strongly around 120°W at a depth of 100 m, by about 30% of its climatology, and 

this vertical velocity change is three times larger than that in the Atlantic. The MME 

mean upwelling strongly decreases in the eastern Pacific basin at a depth of 250 m or 

shallower, where all models agree on the sign of the change, and the amplitude of the 

upwelling change is statistically significant according to a Wilcoxon signed-rank test at 

a 5% significance level (stippled regions in Fig. 3.2). At depths between 50 and 75 m, a 

relatively strong reduction in MME mean upwelling appears in the central Pacific, but 

only 70% of the models agree on the sign of the change. In the western Atlantic, 22 of the 

24 models show a reduction in upwelling at depths of 25–150 m. At deeper depths than 

150 m, the MME mean upwelling changes only a little. In the Indian Ocean, changes in 

upwelling are generally insignificant. These results are consistent with those of Vecchi 

and Soden (2007), who analyzed the outputs of CMIP3 models. 

We first estimate how much of the inter-model variability in upwelling change can 

be explained by wind stress and stratification changes for the Pacific Ocean. Here, we 

also examined the influence of stratification change (Fig. 3.3b) because increased 

stratification has weakened upwelling in the current climate (e.g., Fiedler 2002). Figure 

3.3a shows the inter-model correlation between epoch differences of equatorial upwelling 
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and those of zonally averaged zonal wind stress over the eastern Pacific, and indicates 

that the upwelling change in the eastern equatorial Pacific is significantly correlated 

with wind stress change in that region. Therefore, we suggest that the inter-model 

variability in upwelling reduction around the EUC core and at shallower depths in the 

eastern equatorial Pacific is mainly induced by local weakening of the trade wind over 

the eastern Pacific basin. Near the sea surface in the central Pacific (where, as 

mentioned above, the models disagree on the sign of the upwelling change), the inter-

model variability in the upwelling change is significantly correlated with the zonally 

averaged wind stress change across the entire Pacific basin (not shown). This indicates 

that the inter-model variability in upwelling change near the sea surface in the central 

Pacific is well explained by the inter-model variability in the trade wind change averaged 

over the entire basin. The correlations between the changes in upwelling and changes in 

stratification are significant in some regions (Fig. 3.3b), but do not substantially overlap 

with the strong changes in upwelling.  

In order to understand whether the mechanism of the inter-model variability of 

changes in upwelling can also explain changes in MME mean, we plotted scatter 

diagrams between the change in zonal wind stress and response of each model. Figure 

3.4a shows the relation between eastern basin-averaged upwelling change near the 

surface and eastern basin-averaged zonal wind stress. The local wind stress change well 

explains the inter-model variability in upwelling change near the sea surface in the 

eastern Pacific, with a correlation of −0.50, consistent with the strong negative 

correlation near the surface shown in Fig. 3.3a. The MME mean, denoted by a plus 

symbol (+), is located on the regression line. The ratio of % ΔX''( to ΔY,,�, which gives 

a measure of how much of the change in MME mean is explained by the inter-model 



49 
 

regression relation, as illustrated in Fig. 3.1, is 55%, where ΔX''( and ΔY''( are the 

changes in MME mean in the zonal wind stress and near-surface upwelling, respectively. 

Thus, about half of the upwelling reduction near the surface is explained by the 

weakened trade wind over the eastern Pacific basin. Around the EUC core in the eastern 

Pacific, the models that show a strong reduction in upwelling exhibit strong weakening 

of the local trade wind (r = –0.72) (Fig. 3.4b), consistent with the previous result shown 

in Fig. 3.3a. The MME mean is again located on the regression line, and the ratio 

% ΔX''(/ΔY,,�  is 46%. This means that about half of the MME mean upwelling 

reduction around the EUC core is explained by the weakened local trade wind. 

Consequently, locally weakened trade wind due to global warming explains not only the 

inter-model variability but also changes in MME mean for a weakening of near-surface 

upwelling and a reduction of subsurface maximal upwelling at depths of 75–200 m in the 

eastern equatorial Pacific. 

In the western Atlantic, both a weakened trade wind and enhanced stratification are 

significantly correlated with a reduction in upwelling at depths of 50–150 m (Figs. 3.5a,b), 

with the negative correlations covering the region of strong upwelling reduction. The 

area-averaged upwelling change at depths between 25 and 100 m in the western Atlantic 

is highly correlated across models with the basin average of change in equatorial zonal 

wind (r = –0.81) and also with the basin average of change in stratification (r = –0.70) 

(Fig. 3.6). However, the changes in zonal wind stress and the enhanced stratifications 

are strongly correlated in the Atlantic (r =  0.60), in contrast to the quite small 

correlation in the Pacific (r = 0.11). This dependency between the change in trade wind 

and the change in stratification makes it difficult to distinguish the relative 

contributions of the two to the reduction in upwelling in the Atlantic. 
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The covariation of the zonal wind stress and stratification also causes difficulty when 

interpreting the causes of change in MME mean. Although the ratio of % ΔX''(/ΔY,,� 

between the change in upwelling and change in stratification (150%) is larger than that 

between the change in upwelling and change in zonal wind stress (63%), the dependency 

does not allow one to conclude that the former is more important than the latter. 

3.3.2. Changes in isopycnal and diapycnal upwelling 

In order to obtain a better physical explanation for the change in upwelling, we 

divided upwelling into isopycnal and diapycnal upwelling, as explained in section 3.2. 

Hereafter, upwelling without such division is referred to as total upwelling. The change 

in total upwelling shown in Fig. 3.2 is given by the sum of the isopycnal upwelling (Figs. 

3.7a,c) and diapycnal upwelling (Figs. 3.7b,d). The statistically significant change in 

isopycnal upwelling occurs at depths between 75 and 200 m in the eastern Pacific (Fig. 

3.7a), where isopycnals are strongly tilted, as will be shown later, whereas significant 

diapycnal change occurs at depths between 0 and 75 m in the central to eastern Pacific 

(Fig. 3.7b). In the equatorial Atlantic, isopycnal and diapycnal upwelling show very little 

significant change, due to the small amplitude of changes in MME mean relative to large 

inter-model variability (Figs. 3.7c,d). We will therefore focus our attention on the 

upwelling change processes in the equatorial Pacific, especially the eastern equatorial 

Pacific, where upwelling significantly decreases. Next, we examine how near-surface 

diapycnal upwelling and isopycnal upwelling at deeper levels are related to changes in 

subsurface density and circulation. 

The near-surface upwelling in the eastern Pacific is closely related to the Ekman 

pumping. In the current climate, the mean poleward flow at depths of 0–50 m indicates 

the Ekman divergence (see contours in Fig. 3.8b). Zonally averaged meridional velocities 
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weaken in this depth range, especially around 5°S and 5°N, except at the surface (Fig. 

3.8b), indicating the reduction of the Ekman divergence along the equator. Because 

vertically integrated Ekman transport solely depends on the wind stress across the same 

latitudes, the change in Ekman divergence should be due to the change in zonal wind 

stress. This is consistent with the aforementioned strong correlation between the change 

in total upwelling and the change in zonal wind stress (Fig. 3.3a). Consequently, the 

weakening of the near-surface total upwelling in the eastern Pacific, due to the diapycnal 

upwelling reduction, is closely related to the reduction of the Ekman divergence caused 

by the weakened trade wind. 

The reduction in isopycnal upwelling, which dominates the changes in total 

upwelling between 75–200 m in the eastern Pacific, should be linked to the zonal velocity 

reduction and/or zonal isopycnal flattening. The zonal velocity significantly reduces 

beneath the EUC core in the current climate, accompanied by zonal velocity 

enhancement above the core (Fig. 3.8a), suggesting an upward migration of the EUC. 

Shallowing of the EUC due to global warming was reported by Luo et al. (2015) and Sen 

Gupta et al. (2012), but these studies did not investigate the relation between the EUC 

and upwelling. For the other mechanism, namely, isopycnal flattening, the isopycnals 

corresponding to the EUC core indicate a flatter zonal slope in the future than at present 

(Fig. 3.8c). Therefore, both zonal velocity reduction and zonal isopycnal flattening can 

contribute to reduced isopycnal upwelling in the eastern equatorial Pacific. We 

quantitatively estimate respective contributions below. 

The contributions of zonal velocity change and isopycnal slope change to the 

reduction of MME mean isopycnal upwelling at depths between 75 and 200 m can be 

calculated from a linear expansion of the advection equation (Eq. 3.1). We separate each 
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dependent variable into mean and difference parts as follows: 

Δ-/ ≈ Δ2 @3ℎ
34
AAAAB + 2AΔ C3ℎ

34D + Δ5 @3ℎ
36
AAAAB + 5̅Δ C3ℎ

36D         (3.3) 

where Δ indicates the difference between the two epochs (2071–2100 minus 1971–2000), 

and overbar ( F ) indicates the mean value for the period 1971–2000. The third and fourth 

terms can be ignored because these two terms are much smaller than the first and the 

second terms. The first (second) term indicates the change in isopycnal upwelling 

associated with only zonal velocity (zonal isopycnal gradient) change. Figures 3.9a and 

3.9b show the first and second terms of Eq. (3.3), respectively. A visual inspection of these 

figures and Fig. 3.7a clearly indicates that the change in isopycnal upwelling at depths 

between 75 and 200 m in the eastern equatorial Pacific, as shown in Fig. 3.7a, is due to 

the change in zonal isopycnal gradient. This indicates that the weakening of MME mean 

isopycnal upwelling in the eastern Pacific is mainly induced by a zonal flattening of the 

east–west slope of the EUC. 

 Additionally, the changes in upwelling due to the flattening of the EUC slope 

dominantly explain the inter-model variability of changes in isopycnal upwelling with 

the regression slope of 0.71 in the eastern Pacific (Fig. 3.9c). This regression slope is 1.5 

times larger than the slope of 0.47 for changes in upwelling due to the zonal velocity 

change. Consequently, flattening of the zonal pycnocline slope plays a dominant role in 

the inter-model variability of change in isopycnal upwelling as well as the change in 

MME mean at depths between 75 and 200 m in the eastern Pacific. 

 Because it is widely known that the zonal gradient of the equatorial pycnocline 

is well explained by a reduced gravity model (e.g., Jin 1997), it is interesting to ask a 

further question: how can the EUC flattening be explained quantitatively by a reduced 

gravity model? To address this question, we employ a linearized reduced gravity model 
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for the change in isopycnal gradient, which can be expressed by the changes in 

stratification and zonal wind stress: 

Δ �ℎ
�4 = 1


G Δ @HIJK
LM B ≈ 1


G
1
LMF Δ〈IJ〉 + 1


G 〈IJ〉AAAAAΔ 1
LM           (3.4) 

where 〈IJ〉  is the zonally averaged zonal wind stress along the equator, L′  is the 

reduced gravity, 
 is the reference density, ℎ is the total local depth of the pycnocline, 

and G is the constant background layer thickness. The first term of the right-hand side 

indicates the influence of the change in zonal wind stress, while the second term 

indicates the changes in the density difference between the surface layer and deeper 

layer. We employ this model in the eastern equatorial Pacific (140°W–100°W), where 

change in isopycnal gradient plays the dominant role in the change in isopycnal 

upwelling (Fig. 3.9b). The reference density and the layer thickness are set to 1025 kg/m3 

and 75 m, respectively. Reduced gravity is calculated using the zonal mean (140°W–

100°W) density between the surface and the pycnocline and that between the pycnocline 

and a depth of 1000 m, where pycnocline is the depth of the isopycnal (ℎ).  

In order to know whether the reduced gravity model can be applied to EUC flattening, 

we examine the relationship between ��ℎ/�4 and Δ〈IJ〉 for the first term of Eq. (3.4) 

and that between ��ℎ/�4 and Δ 1/L′ for the second term. Here, the isopycnal depth (ℎ) 

is defined as a contour of area-averaged density in 140°W–100°W at a depth of 75 m 

along the equator. The correlation for the first term is as high as 0.84, but that for the 

second term is very low (r = 0.17). Thus, only the first term, i.e., the changes in wind 

stress, plays an important role in the slope change of the thermocline. The regression 

slope for the first term is close to that which is expected from the reduced gravity model; 

that is, the regression slope is larger by only 25% than the coefficient of the first term, 

1/(
GLMF ), with the regression line almost crossing the origin. These results indicate that 
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the EUC flattening is explained by the change in zonal wind stress, which is consistent 

with the reduced gravity model. 

3.4. Summary and Discussion 

We investigated the change in equatorial upwelling and its mechanisms in the Pacific 

and Atlantic Oceans until 2100 under RCP8.5 by analyzing MME mean along with 

differences among models using outputs from 24 CMIP5 models. Zonal and meridional 

components of current velocities were estimated from velocities in the original coordinate 

system by a coordinate rotation, and three-dimensional velocity components of CMIP5 

multi-models were used for the first time in an upwelling study, to the authors’ 

knowledge. The estimation of zonal and meridional velocities allowed us to investigate 

three-dimensional circulation change and to diagnose isopycnal and diapycnal upwelling. 

In the eastern equatorial Pacific, the MME mean and inter-model variability in the 

changes in total upwelling is explained by two mechanisms. One is the decrease in 

diapycnal upwelling near the surface (Fig. 3.7b) that is associated with the weakened 

Ekman divergence (Fig. 3.8b) due to locally weakened trade wind over the eastern Pacific 

basin (Figs. 3.3a and 3.4a). The other is the decrease in isopycnal upwelling at depths of 

75–200 m around the EUC core (Fig. 3.7a). This decrease is induced by EUC flattening 

(Fig. 3.9) due to locally weakened trade wind over the eastern Pacific basin (Figs. 3.3a 

and 3.4b). These mechanisms of upwelling changes are at work for both the MME mean 

and inter-model variability. The major features and mechanisms of upwelling reduction 

in the equatorial Pacific between the years 2000 and 2100 are summarized in Fig. 3.10. 

In the equatorial Atlantic, the inter-model variability in the reduction in total 

upwelling at a depth of 25–150 m, where there is a local maximum of reduction in MME 

mean upwelling, is significantly related to both the weakened trade wind and enhanced 
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stratification (Fig. 3.5). Both these drivers also explain the change in MME mean 

upwelling at depths of 25–150 m (Fig. 3.6). However, how much of the total upwelling 

changes of MME mean and inter-model variability are contributed by each driver is 

unclear since the changes in wind and stratification are not independent in the 

equatorial Atlantic. Very little significant change in isopycnal and diapycnal upwelling 

is projected due to the small amplitude of changes in MME mean relative to the large 

inter-model variability (Figs. 3.7c,d). The mechanisms of upwelling change in the 

equatorial Atlantic are not well identified by the present analyses. 

The reduction in near-surface diapycnal upwelling in the eastern equatorial Pacific 

can impact the SST there. The response of equatorial SST to global warming attracts 

much attention because the change in equatorial SST is quite important for tropical 

climate conditions such as ENSO (e.g., Knutson and Manabe 1995; Meehl and 

Washington 1996; Liu 1998; Meehl et al. 2000; Zhang et al. 2008; Dinezio et al. 2009; Liu 

et al. 2017). In particular, it is suggested that stronger warming in the eastern equatorial 

Pacific than in the surrounding regions leads to more frequent extreme or strong eastern 

Pacific El Niños (Cai et al. 2014, 2018). A possible mechanism for this future change in 

SST in the equatorial Pacific is reduced upwelling in response to weaker trade wind 

(Zhang et al. 2008; Dinezio et al. 2009). Dinezio et al. (2009) suggested that the upwelling 

reduction at a depth of 75 m increases the SST in the eastern equatorial Pacific. Our 

results indicate that upwelling reduction at this depth is closely related to the local wind 

(Fig. 3.3a) and is mainly due to diapycnal upwelling (Fig. 3.7b), which contributes 88% 

of equatorial upwelling between 140°W–100°W. This suggests that changes in the local 

Ekman divergences rather than the basin-scale circulation change including EUC are 

important in SST change. Therefore, our results are useful for a deeper understanding 
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the SST change due to global warming in the eastern equatorial Pacific. 

The reduction in total upwelling in the equatorial Pacific can impact the future 

marine primary production. In particular, the reduction of total upwelling to the euphotic 

zone can significantly alter primary production because nutrients including iron are the 

limiting factor of photosynthesis. The upwelling region in the eastern equatorial Pacific 

is a high-nutrient and low-chlorophyll region due to the limited iron supply (e.g., Martin 

et al. 1991). The EUC plays an important role in the supply of iron to this region (e.g., 

Christian et al. 2002; Coale et al. 1996a; Gorgues et al. 2010; Mackey et al. 2002; Ryan 

et al. 2006; Slemons et al. 2010). Bopp et al. (2013) showed a robust reduction in the 

export production of organic particles at a depth of 100 m—which is a measure of the 

biological production in the upper 100 m—in the eastern equatorial Pacific in the 21st 

century among CMIP5 models. This reduction is probably related to the reduced nutrient 

supply to the euphotic layer associated with the weakened upwelling in this region. At a 

depth of 100 m, the changes in upwelling are dominated by isopycnal upwelling (Figs. 

3.7a,b). Therefore, changes in isopycnal upwelling may play an important role in marine 

ecosystems. 
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Table 3.1. CMIP5 models used in this study.  

 

 

 

  

Model Institution

OGCM
resolution

(lon grid points
× lat

 grid points ×
levels)

A BCC-CSM1-1
Beijing Climate Center, China Meteorological
Administration, China

360 × 232 × 40

B CanESM2
Canadian Centre for Climate Modelling and
Analysis, Canada

256 × 192 × 40

C CCSM4
D CESM1-BGC
E CMCC-CESM
F CMCC-CM
G CMCC-CMS

H CNRM-CM5
Centre National de Recherches Mété
orologiques, France

362 × 292 × 42

I CSIRO-Mk3-6-0
CSIRO and Queensland Climate Change
Centre of Excellence, Australia

192 × 189 × 31

J FGOARS-s2
LASG, Institute of Atmospheric Physics,
Chinese Academy of Sciences

360 × 196 × 30

K GFDL-CM3 360 × 200 × 50
L GFDL-ESM2M 360 × 200 × 50

M GISS-E2-R
NASA Goddaard Isntitute for Space Studies,
United States

288 × 180 × 32

N HadGEM2-CC
O HadGEM2-ES
P IPSL-CM5A-LR
Q IPSL-CM5A-MR
R IPSL-CM5B-LR
S MPI-ESM-LR 256 × 220 × 40
T MPI-ESM-MR 802 × 404 × 40
U MRI-CGCM3
V MRI-ESM1
W NorESM1-M
X NorESM1-ME

Institute Pierre-Simon Laplace, France
182 × 149 × 31

Max Planck Institute for Meteorology,
Germany
Meteorological Research Institute, Japan

360 × 368 × 51

Norwegian Climate Centre, Norway
320 × 384 × 70

National Center for Atmospheric Research
(NCAR), United States

320 × 384 × 60

Centro Euro-Mediterraneo per i
Cambiamenti Climatici, Italy 182 × 149 × 31

NOAA/Geophysical Fluid Dynamics
Laboratory, United States

Met Office Hadley Centre, United Kingdom
360 × 216 × 40
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Figure 3.1. Schematic scatter diagram between epoch differences of explained variable 

X and response variable Y among climate models. The dots indicate respective model 

changes, and the plus symbol (+) denotes the MME mean change. The ΔX''(, 
ΔY''(,  and % represent the MME mean changes in X and Y, and the regression slope, 

respectively. The black line indicates the regression line. The blue arrow indicates the 

ΔY''( associated with ΔX''(. The dashed line indicates ΔY at which regression line 

crosses the line of zero ΔX. 
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Figure 3.2. Total differences in upwelling along the equator (color) between 1971–2000 

and 2071–2100 for 24-model MME mean under RCP8.5. Contours indicate the mean 

total upwelling for the period 1971–2000. Stippling indicates regions where projected 

changes are statistically significant according to a Wilcoxon signed-rank test with a 5% 

significance level and more than 90% of the models agree on the sign of the change. 
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Figure 3.3. Inter-model correlation coefficient (color) between epoch differences in total 

upwelling at the equator and: (a) epoch differences in eastern Pacific basin-averaged 

zonal wind stress (140°W–80°W along the equator), and (b) epoch differences in the 

basin-averaged stratification (160°E–80°W along the equator between surface and 100 

m). The epochs are 1971–2000 and 2071–2100 under RCP8.5. Contours indicate epoch 

differences in upwelling in all panels.    
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Figure 3.4. (a) Scatter diagram of epoch differences of area-averaged upwelling (140°W–

100°W at depths of 0–75 m along the equator) and eastern Pacific basin-averaged zonal 

wind stress (140°W–80°W) among climate models. The epochs are 1971–2000 and 2071–

2100 under RCP8.5. The plus symbol (+) denote the MME, and letters denote the 

respective models (Table 1). The black line indicates the regression line. The blue arrow 

indicates the change in MME mean upwelling associated with the MME mean basin-

averaged zonal wind stress change. The dashed line indicates the change in MME mean 

upwelling at the point where the regression line crosses the line of zero zonal wind stress 

change. Correlation coefficient and slope are shown in the panels. (b) Same as (a), but 

for area-averaged upwelling (140°W–100°W at depths of 75–200 m along the equator) 

and eastern basin-averaged zonal wind stress (140°W–80°W). 
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Figure 3.5. Same as Fig. 3.3a and 3.3c, but for the Atlantic. The averaged area of change 

in zonal wind stress and change in stratification is 60°W–10°E along the equator. 
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Figure 3.6. (a) Same as Fig. 3.4a, but for area-averaged total upwelling in the Atlantic 

(40°W–20°W at depths of 25–150 m along the equator) and Atlantic basin-averaged zonal 

wind stress (60°W–10°E). (b) Same as (a), but for area-averaged upwelling (40°W–20°W 

at 25–150 m depth along the equator) and basin-averaged stratification (60°W–10°E 

along the equator between the surface and a depth of 100 m). 
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Figure 3.7. Differences in isopycnal upwelling (color) between 1971–2000 and 2071–2100 

for 24-model MME under RCP8.5 (a) in the equatorial Pacific and (c) in the equatorial 

Atlantic. Contours indicate mean isopycnal upwelling for the period 1971–2000. 

Stippling indicates regions where projected changes are statistically significant 

according to a Wilcoxon signed-rank test with a 5% significance level and more than 90% 

of the models agree on the sign of the change. Panels (b) and (d) are the same as (a) and 

(c), respectively, but for differences in diapycnal upwelling. 
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Figure 3.8. Depth-longitude cross-sections along the equator of (a) zonal velocity 

difference and (c) V difference between 1971–2000 and 2071–2100 for 24-model MME 

under RCP8.5 (color). Contours indicate the mean (a) zonal velocity and (c) V for the 

periods 1971–2000. Panels (b) and (d) are the basin-averaged depth–latitude cross-

sections (160°E–80°W) of (b) meridional velocity and (d) V. Contours indicate the mean 

(b) meridional velocity and (d) V for the period 1971–2000. Stippling indicates regions 

where projected changes are statistically significant according to a Wilcoxon signed-rank 

test with a 5% significance level and more than 90% of the models agree on the sign of 

the change. Green and red lines in (c) indicate the isopycnals of averaged V along the 

EUC core (zonal velocity maxima) over the entire Pacific basin for the periods 1971–2000 

and 2071–2100, respectively. 
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  Figure 3.9. (a) Changes in isopycnal upwelling due to differences in zonal velocity along the 

equator between 1971–2000 and 2071–2100 for 24-model MME under RCP8.5 (color). (b) 

Same as (a), but isopycnal upwelling changes due to differences in zonal isopycnal gradient. 

Contours indicate the mean zonal component of isopycnal upwelling for the period 1971–

2000 in all panels. (c) Scatter diagram of epoch differences of area-averaged isopycnal 

upwelling (140°W–100°W at a depth of 100 m along the equator) and contributions of zonal 

velocity (blue) and zonal isopycnal gradients (red) among climate models. The epochs are 

1971–2000 and 2071–2100 under RCP8.5. The plus symbol (+) denotes the MME and letters 

denote the respective models (Table 1). Correlation coefficients and slopes are shown in the 

panel. 
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Figure 3.10. Schematic diagram illustrating the mechanisms of upwelling reduction in 

the eastern equatorial Pacific from 1971–2000 to 2071–2100. The weakening of trade 

winds (blue arrows) in the eastern Pacific induces weakening of the Ekman divergence 

leading to the reduced diapycnal upwelling near the surface, and also causes the EUC 

flattening and resultant reduction in isopycnal upwelling at depths of 75–200 m. The 

variables shown in the zonal cross-section are the same as in Fig. 3.2, and those in the 

meridional cross-section are the same as in Fig. 3.8b. 
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Chapter 4 

General Summary 

 The mechanisms of two aspects of the ocean responses to the global warming, 

i.e., the sea level rise in the North Pacific and upwelling change along the equator, are 

examined in terms of three-dimensional subsurface structure changes in this study. We 

used outputs from CMIP5 models and analyzed the MME mean along with differences 

among models. In this chapter, we summarize the major findings of chapters 2 and 3. 

 In chapter 2, the sea level rise in the North Pacific is investigated. The DSL, 

which is defined as sea level deviation from the global mean sea level of climate models, 

will rise in the western North Pacific around the KE, consistent with previous studies 

(Yin et al. 2010; Yin 2012; Sueyoshi and Yasuda 2012; Zhang et al. 2014; Church et al. 

2013; Slangen et al. 2014). Subsurface density analysis indicates that DSL rise around 

the KE is associated with a density decrease of STMW and also with a northward KE 

migration. The former is more effective between 2000 and 2100 for both RCP4.5 and 

RCP8.5 and the latter is more effective between 2100 and 2300 for RCP8.5. The STMW 

density decrease is related to a large heat uptake to the south and southeast of Japan, 

while the northward KE migration is associated with the poleward shift of the wind 

stress field. These features are commonly found in MME means and the relations among 

representative quantities produced by different climate models. 

 In chapter 3, upwelling changes along the equator are investigated. The 

equatorial upwelling will decrease in the Pacific and Atlantic at about 0-200 m depths 

until 2100. In the eastern equatorial Pacific, both of the MME mean and inter-model 

variability in the upwelling change is explained by following two mechanisms: (1) the 

upwelling decrease near the surface associated with the weakened Ekman divergence 
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due to weakened trade wind; (2) the upwelling decrease at 75-200 m depths induced by 

the EUC flattening due to locally weakened trade wind over the eastern basin. In the 

equatorial Atlantic, both of the MME mean and inter-model variability in the upwelling 

change is explained by the changes in the trade wind and stratification. These drivers, 

i.e., wind and stratification, however, are not independent in the equatorial Atlantic, and 

therefore how much of the upwelling changes of MME mean and inter-model variability 

are contributed by each driver is still unclear. Although upwelling change in the Atlantic 

is weaker than that in the Pacific, the future study is needed to clarify the mechanism 

of upwelling change in the equatorial Atlantic. 

 These findings owe two common approaches we employed in this thesis. One is 

to analyze inter-model variability of future changes. This analysis told us the origin of 

model uncertainties, and often gave us the plausible mechanism for MME mean change. 

The other one is to analyze three-dimensional oceanic changes including circulations and 

water mass formations. This analysis of subsurface oceanic response improved 

understanding of the future DSL and equatorial upwelling change, i.e. a lager 

contribution of heat uptake of STMW for the DSL rise until 2100 in the western North 

Pacific and a specific contribution of the EUC flattening to the upwelling decrease at 75-

200 m depths in the eastern equatorial Pacific, in this thesis. Therefore, in order to better 

understand the oceanic responses to global warming, it is important to evaluate the 

changes in three-dimensional structure of subsurface ocean. 
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