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Abstract 
Oxygen is one of the most abundant elements in the Solar System, and 

oxygen isotopic compositions of extraterrestrial materials could be a good tracer for 

various chemical and physical processes involving solid, liquid, and gas phases in the 

early Solar System. The oxygen isotopic compositions of primitive extraterrestrial 

materials show the mass-independent oxygen isotopic variation, which is an evidence of 

isotopic mixing/exchange between 16O-rich and 16O-poor reservoirs in the early Solar 

System. The Genesis mission discovered that oxygen isotopic composition of the Sun is 
16O-rich, suggesting that primitive materials in the Solar System was initially 16O-rich 

and observed isotopic variation in extraterrestrial materials was produced through 

oxygen isotopic exchange with isotopically distinct disk gas. Amorphous silicate dust 

and calcium-aluminum-rich inclusions (CAIs) are recognized as primitive components 

in the Solar System, and they should record the evolution of the protosolar disk as 

variation of their oxygen isotopic compositions. In this thesis, I experimentally 

investigated oxygen isotopic exchange kinetics of amorphous silicate dust with 

forsterite and enstatite compositions (chapter 2) and CAI melt (chapter 3) with disk 

water vapor by conducting a series of experiments using their synthetic analogues at 

protosolar disk-like low pressures of water vapor to investigate oxygen isotopic 

evolution of primitive materials in the early Solar System. This thesis consists of mainly 

two parts as follows;  

Oxygen isotopic exchange between amorphous silicates and water 

vapor and its implications to oxygen isotopic evolution in the early Solar System: I 

conducted a series of oxygen isotopic exchange experiments between submicron-sized 

amorphous silicate dust with forsterite and enstaite compositions and water vapor at 

803–1123 K and water vapor pressure (PH2O) of 10–2 and 0.3 Pa. At PH2O = 0.3 Pa, 

oxygen isotopic exchange reaction is controlled by diffusive isotopic exchange in the 

amorphous structure with the diffusive isotopic exchange rates of D (m2 s–1) = (1.5 ± 

1.0) × 10–19 exp[–161.5 ± 14.1 (kJ mol–1) R–1 (1/T–1/1200)] for amorphous forsterite 
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and D (m2 sec–1) = (5.0 ± 0.2) × 10–21 exp[–161.3 ± 1.5 (kJ mol–1) R–1 (1/T–1/1200)] for 

amorphous enstatite. At PH2O = 0.01 Pa, the isotopic exchange reaction for amorphous 

forsterite is controlled by a supply of water vapor, and the supply-controlled isotopic 

exchange rate was evaluated. Application of kinetic data to the protosolar disk 

conditions indicates that original oxygen isotopic signatures of amorphous silicate dust 

would be eliminated within the disk gas lifetime if the dust was kept at temperatures 

above ~500–650 K. Most extraterrestrial silicate samples available in the laboratories 

(e.g. chondrules, chondrite matrix, interplanetary dust particles, and cometary silicate 

dust) are 16O-poor isotopic compositions, suggesting that most of primitive silicate dust 

would have been thermally processed at temperatures above ~500–650 K in a 

H2O-enriched environment in the early Solar System.  

Oxygen isotopic exchange kinetics between CAI melt and water 

vapor: The oxygen isotopic exchange experiments between silicate melt with a type B 

CAI-like composition and 18O-enriched water vapor at a disk-like low PH2O of 5 × 10–2 

Pa were carried out at 1390°C. The heated samples were composed of melt and spinel. 

The 18O fraction gradually decreased from the surface to the interior of the droplet, and 

that at the surface increased with time, suggesting that the surface isotope exchange and 

the volume diffusion of oxygen occurred simultaneously. The oxygen isotopic profiles 

were explained by a three-dimensional spherical diffusion equation with a 

time-dependent surface concentration, yielding the oxygen diffusion coefficient of 

~1.87 × 10–7 cm2 sec–1 and the surface oxygen isotopic exchange efficiency of ~0.27 for 

colliding water molecules. According to the kinetics for oxygen isotopic exchange in 

the protosolar disk, homogeneous oxygen isotopic compositions of melilite in most 

natural Type B CAIs are explained by heating of CAI melts for at least a dozen days 

above the melilite liquidus during the type B CAI formation in the early Solar System.   
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Chapter 1 

 

1. General Introduction 
 

1.1 Oxygen isotopic evolution of primitive materials in the Solar System 
Oxygen is one of the most abundant elements in the Solar System and 

could be present in the forms of silicate, oxide, ice, and gas (H2O and CO) in the early 

Solar System. It has received much attention in the filed of cosmochemistry since the 

first discovery of oxygen isotopic anomalies in Allende refractory inclusions (Clayton 

et al., 1973). Since then, it has been found that there are oxygen isotopic variations 

among extraterrestrial materials. Oxygen has three stable oxygen isotopes; 16O, 17O, and 
18O. Oxygen isotopic fractionations are expressed as permil deviation from the Standard 

Mean Ocean Water (SMOW); δ17,18O = [(17,18O/16O)sample/(17,18O/16O)SMOW–1] × 1000 

(‰). On the three oxygen isotopic diagram, δ18O (‰) versus δ17O (‰), oxygen isotopic 

compositions of terrestrial materials are plotted along the mass-dependent terrestrial 

fractionation (TF) line associated with chemical and/or physical processes, while 

oxygen isotopic compositions of primitive extraterrestrial materials are not plotted on 

the TF line and have their own characteristic oxygen isotopic compositions (mass 

independent fractionation). The mass-independent fractionation of primitive 

extraterrestrial materials is considered to be a result of mixing between 16O-rich and 
16O-poor reservoirs. The Genesis spacecraft that captured Solar wind particles 

discovered that the oxygen isotopic compositions of the Sun is enriched in 16O 

compared with most extraterrestrial materials, but similar to spinel in CAIs and 

amoeboid olivine aggregates from unmetamorphoused chondrites (Yurimoto et al., 

1998; McKeegan al., 2011; Fagan et al., 2004; Kawasaki et al., 2018). This indicates 

that primitive Solar System materials would have initially Sun-like 16O-rich oxygen 
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isotopic compositions. On the other hand, the 16O-poor reservoir may have been formed 

as H2O through self-shielding of carbon monoxide (CO) during isotopically selective 

photodissociation in the protosolar molecular cloud and/or the protosolar disk 

(Yurimoto & Kuramoto, 2004; Lyons and Young, 2005); CO molecules with minor 

oxygen isotopes (C17O and C18O) are dissociated by UV photolysis in the deeper 

interior from the surface of the protosolar molecular cloud and/or the protosolar disk, 

while the most abundant C16O is not due to self-shielding, resulting in the formation of 
16O-poor H2O through hydrogenation (Yurimoto & Kuramoto, 2004; Lyons and Young, 

2005). The evidence of the presence of 16O-poor reservoir was found in the 16O-poor 

isotopic compositions of cosmic symplectites found in Acfer 094 ungrouped 

carbonaceous chondrite (Sakamoto et al., 2007; Seto et al., 2008; Abe et al., 2017) and 

the comet 81P/Wild2 (Nguyen et al., 2017). The cosmic symplectites are considered to 

have formed through oxidation and sulfidation of Fe-Ni metal with H2O and H2S 

(Sakamoto et al., 2007; Seto et al., 2008). Therefore, the oxygen isotopic exchange 

between 16O-rich primitive materials and 16O-poor water vapor is thus a key process for 

oxygen isotopic evolution of extraterrestrial materials in the early evolution stage of 

protosolar disk.  

Amorphous silicate dust and calcium-aluminum-rich refractory inclusions 

(CAIs) are present during the early epoch of the Solar System evolution, and these 

objects are recognized as primitive materials in the Solar System. The variation of 

oxygen isotopic compositions of these materials would reflect the degree of oxygen 

isotopic exchange reaction. Because the exchange rate depends on the physicochemical 

conditions of the protosolar disk (e.g., temperature, pressure), oxygen isotopic 

compositions of these extraterrestrial materials could be a good tracer for the disk 

physicochemical conditions. However, because of the lack of quantitative data on 

oxygen isotopic exchange kinetics between primitive extraterrestrial materials and water 

vapor, the disk conditions cannot be inferred from oxygen isotopic compositions of 

primitive extraterrestrial materials in spite of the extensive studies on oxygen isotopic 
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measurements of natural samples.  

 

1.2 Aims and outlines of this thesis  
In this thesis, I experimentally investigated oxygen isotopic exchange 

kinetics of amorphous silicate dust and CAI melt with disk water vapor by conducting a 

series of experiments using their synthetic analogues at protosolar disk-like low 

pressures of water vapor. Chapter 2 focused on oxygen isotopic exchange kinetics 

between amorphous silicate dust with forsterite and enstatite compositions and water 

vapor in order to constrain disk thermal conditions, where original oxygen isotopic 

signatures of primitive silicate dust were preserved or erased. Chapter 3 focused on 

oxygen isotopic exchange kinetics between CAI melt and water vapor in order to 

investigate the thermal history of CAIs in the earliest Solar System. The summary of 

this thesis and future works are described in chapter 4. 
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Chapter 2 

 

2. Oxygen isotopic exchange between amorphous 

silicates and water vapor and its implications to 

oxygen isotopic evolution in the early Solar System  
 

2.1 Introduction 
Silicate dust is the primitive building block of solid materials in the Solar 

System, and oxygen isotopic exchange between silicate dust and disk gas may have 

played a key role in oxygen isotopic evolution of solid materials during the early stage 

of the Solar System formation. Primitive silicate dust would initially have Sun-like 
16O-rich oxygen isotopic compositions and evolve to 16O-poor compositions through 

isotopic exchange with 16O-poor water vapor in the protosolar disk (chapter 1). The 

dominant solid component in the early evolution stage of protoplanetary disk would be 

amorphous silicate dust (e.g., Nuth et al., 2005). The observation of more crystalline 

silicate dust in the inner part of protoplanetary disks than in the outer part (van Boekel 

et al. 2005; Ratzka et al. 2007) suggests that thermal annealing of pristine amorphous 

silicate dust occurs in protoplanetary disks. Therefore, the oxygen isotopic exchange 

between primitive amorphous silicate dust and water vapor would occur during the 

thermal annealing in the early Solar System, and contribute to the oxygen isotopic 

evolution of early Solar System materials.  

Thermal annealing of amorphous silicate dust in protoplanetary disks is 

thus important to understand the early chemical evolution of disks and the Solar System, 

but little has been known about the oxygen isotopic exchange reaction between 

amorphous silicates and water vapor under disk-like low-pressure conditions. It has 
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been widely accepted that silicate dust with pyroxene and olivine compositions exist as 

major circumstellar silicate dust (Waters et al., 1996; Henning, 2010 and references 

therein). Therefore, this study focuses on kinetics of oxygen isotope exchange between 

amorphous silicate with forsterite and enstatite compositions and water vapor, and 

performed the isotopic exchange experiments under disk-like low-pressure conditions.  

  

2.2 Experiments and analysis 
Oxygen Isotopic Exchange Experiments 

The oxygen isotope exchange experiments between submicron-sized 

amorphous silicate dust with forsterite and enstatite compositions (called as amorphous 

forsterite and amorphous enstatite hereafter) and 18O-enriched water vapor were carried 

out at 803−1073 K under disk-like water vapor pressure of PH2O = 0.01 and 0.3 Pa using 

a gold-mirror vacuum furnace (Thermo-Riko GFA 430VN; Fig. 2.1). The furnace 

consists of a silica glass tube (36 mm in diameter and 450 mm in length) surrounded by 

an Inconel alloy coil heater and a gold-coated mirror tube, a pumping system (a 

turbo-molecular pump and a scroll pump; HiCube 80 Eco, Pfeiffer Vacuum), and gas 

inlets for H2
16O and H2

18O vapor. The pressure inside the furnace was measured with a 

Pirani/cold-cathode gauge (Pfeiffer PKR251) using a proper conversion factor for water 

Fig. 2.1. A schematic illustration of the vacuum furnace configuration. 
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vapor.  

The furnace temperature was measured and controlled by a type K 

thermocouple outside of the silica glass tube. The sample temperature in the furnace 

was calibrated using melting points of sodium chloride (800.4°C), potassium bromide 

(730°C), lithium bromide (547°C), and indium (156.6°C) placed at the same location as 

the sample inside the furnace (Yamamoto and Tachibana, 2018). The temperature 

calibration was made both at PH2O = 500 Pa and in vacuum (10–4−10–5Pa). No 

significant pressure dependence of temperature calibration between PH2O = 500 Pa and 

in vacuum was found, and a single interpolated regression line for the temperature 

correction was applied to heat the samples at desired temperatures under all PH2O 

conditions. The uncertainty of the sample temperature was ± 5℃.  

Submicron-sized amorphous forsterite and enstatite grains, synthesized by 

an induced thermal plasma method (Koike et al. 2010; Imai, 2012), were used as a 

starting material for the experiments. The amorphous powder was synthesized by 

vaporizing starting materials (Mg(OH)2 and SiO2 with the Mg/Si ratios of 2 and 1 for 

amorphous forsterite and enstatite, respectively) in high temperature plasma (~104 K), 

followed by quenching (Koike et al. 2010; Imai et al., 2012). The amorphous powder 

has a spherical shape with average diameters of 80 nm and 70 nm for amorphous 

forsterite and enstatite, respectively (Koike et al. 2010; Imai, 2012). A part of the 

amorphous forsterite grains was annealed at 1073 K for 24 hours in air to obtain 

crystalline forsterite without severe sintering (Koike et al. 2010), which were used as a 

reference of isotopically-normal crystalline forsterite. About 30 mg of the starting 

material was used for each experiment. The powder was put in a platinum vessel, and 

placed in a silica glass sample stand in the furnace.  

Liquid reagent of H2
18O (97-atom% 18O; Sigma-Aldrich) put in a silica 

glass container was sealed into a stainless container in a nitrogen-purged glove box to 

eliminate the contribution of H2
16O from the ambient gas. Liquid H2

18O in the stainless 

container was frozen in a freezer, and the stainless container was then connected to the 
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gold-mirror vacuum furnace through a gas flow line. The temperature of H2
18O was 

kept at 253 K and 243 K for the experiments at PH2O of 0.3 and 0.01 Pa. The gas species 

in the furnace was monitored by a quadrupole mass spectrometer (QMS; HORIBASTC 

QL-SG01-065-1A). The most dominant gas species was H2
18O, and the detected 

H2
16O/H2

18O ratio was consistent with 16O/18O of the reagent H2
18O (97-atom% 18O).  

A flow rate of H2
18O vapor was adjusted by a needle valve and a gas 

evacuation rate was adjusted by a butterfly valve attached to the pumping system. The 

balance between both the gas flow and evacuation rates determined the PH2O in the 

furnace. After PH2O stabilized at the room temperature, the sample was heated up from 

the room temperature to a desired temperature (803−1123 K) in 20 minutes. Then, the 

sample was kept at the temperature for a desired duration (0−448 hours), and was 

cooled down to the room temperature in ~20 minutes. The PH2O was stable in most runs, 

but occasionally adjusted during experiments if necessary. I also conducted annealing 

experiments at PH2O of 0.3 Pa using isotopically-normal (i.e. 16O-dominant) water for 

comparison. The experimental conditions are listed in Tables 2.1, 2.2, and 2.3. 
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T
able 2.1. Experim

ental conditions and results for am
orphous forsterite annealed w

ith H
2 16O

 and H
2 18O

 vapor of 0.3 and 0.01 Pa at 

803−883 K
. Errors represent the 1σ standard deviations of the m

eans. 
Tem

perature 

(K
) 

P
H

2O  

(Pa) 

D
uration 

(hr) 

G
as 

Peak position 

(cm
–1) a 

Δκ/κ
0  (%

) 
f 18O

 (IR
) b 

f 18O
 (SIM

S) c 

883 
0.3 

4 
H

2 18O
 

970.74 ± 0.83 
1.05 ± 0.09 

/ 
0.19 ± 0.003 

883 
0.3 

6 
H

2 18O
 

967.49 ± 1.73 
1.38 ± 0.18 

/ 
0.30 ± 0.018 

883 
0.3 

8 
H

2 18O
 

963.87 ± 0.61 
1.75 ± 0.07 

/ 
/ 

883 
0.3 

24 
H

2 18O
 

961.94 ± 0.82 
1.94 ± 0.09 

/ 
0.47 ± 0.009 

883 
0.3 

48 
H

2 18O
 

crystallized 
/ 

/ 
/ 

883 
0.3 

72 
H

2 18O
 

crystallized 
/ 

/ 
/ 

883 
0.01 

0 
H

2 18O
 

979.28 ± 1.04 
0.18 ± 0.11 

0.04 ± 0.025 
/ 

883 
0.01 

4 
H

2 18O
 

977.13 ± 1.49
 

0.40 ± 0.16 
0.08 ± 0.034 

/ 

883 
0.01 

4 
H

2 18O
 

977.97 ± 1.28 
0.31 ± 0.14 

0.07 ± 0.030 
/ 

883 
0.01 

8 
H

2 18O
 

975.27 ± 1.69 
0.58 ± 0.18 

0.12 ± 0.039 
/ 

883 
0.01 

15 
H

2 18O
 

973.03 ± 0.24 
0.81 ± 0.05 

0.17 ± 0.019 
/ 

883 
0.01 

24 
H

2 18O
 

971.41 ± 1.37 
0.98 ± 0.15 

0.21 ± 0.036 
/ 

853 
0.3 

2 
H

2 18O
 

977.54 ± 0.43 
0.35 ± 0.06 

0.08 ± 0.014 
/ 

853 
0.3 

3 
H

2 18O
 

974.17 ± 0.73 
0.70 ± 0.09 

0.15 ± 0.022 
/ 

853 
0.3 

4 
H

2 18O
 

973.87± 1.14 
0.73 ± 0.12 

/ 
0.19 ± 0.003 
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853 
0.3 

12 
H

2 18O
 

968.77 ± 1.82 
1.25 ± 0.19 

0.26 ± 0.050 
/ 

853 
0.3 

16 
H

2 18O
 

967.42 ± 1.26 
1.39 ± 0.13 

/ 
0.32 ± 0.007 

853 
0.3 

24 
H

2 18O
 

965.58 ± 2.03 
1.57 ± 0.21 

/ 
0.28 ± 0.005 

853 
0.3 

24 
H

2 16O
 

980.14 ± 1.02 
0.09 ± 0.11 

/ 
/ 

853 
0.3 

48 
H

2 16O
 

982.31 ± 1.50 
−0.13 ± 0.16 

/ 
/ 

853 
0.3 

72 
H

2 18O
 

962.50 ± 0.65 
1.89 ± 0.08 

/ 
0.49 ± 0.01 

853 
0.3 

120 
H

2 18O
 

960.86 ± 0.48 
2.05 ± 0.06 

/ 
/ 

853 
0.3 

120 
H

2 18O
 

961.94 ± 0.99 
1.94 ± 0.11 

/ 
0.51 ± 0.005 

853 
0.3 

168 
H

2 18O
 

961.22 ± 0.72 
2.02 ± 0.08 

/ 
0.70 ± 0.006 

853 
0.3 

235 
H

2 18O
 

crystallized 
/ 

/ 
/ 

853 
0.01 

6 
H

2 18O
 

975.80 ± 0.34 
0.53 ± 0.05 

0.11 ± 0.015 
/ 

853 
0.01 

12 
H

2 18O
 

973.15 ± 0.62 
0.80 ± 0.08 

0.17 ± 0.022 
/ 

853 
0.01 

24 
H

2 18O
 

970.98 ± 1.52 
1.02 ± 0.16 

0.22 ± 0.039 
/ 

853 
0.01 

48 
H

2 18O
 

966.16 ± 1.62 
1.51 ± 0.17 

0.32 ± 0.046 
/ 

853 
0.01 

72 
H

2 18O
 

962.43 ± 0.99 
1.89 ± 0.11 

/ 
/ 

853 
0.01 

96 
H

2 18O
 

963.99 ± 1.28 
1.73 ± 0.14 

/ 
/ 

853 
0.01 

120 
H

2 18O
 

961.82 ± 0.68 
1.96 ± 0.08 

/ 
/ 

853 
0.01 

168 
H

2 18O
 

961.46 ± 0.91 
1.99 ± 0.10 

/ 
/ 
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803 
0.3 

12 
H

2 18O
 

974.12 ± 1.78 
0.70 ± 0.19 

0.15 ± 0.042 
/ 

803 
0.3 

22 
H

2 18O
 

973.27 ± 0.99 
0.79 ± 0.11 

/ 
0.18 ± 0.015 

803 
0.3 

48 
H

2 18O
 

969.90 ± 0.91 
1.13 ± 0.10 

/ 
0.23 ± 0.002 

803 
0.3 

120 
H

2 18O
 

968.01 ± 1.94 
1.33 ± 0.20 

0.28 ± 0.050 
/ 

803 
0.3 

168 
H

2 18O
 

964.96 ± 0.84 
1.64 ± 0.09 

/ 
0.37 ± 0.007 

803 
0.3 

336 
H

2 18O
 

962.31 ± 0 
1.91 ± 0.04 

/ 
0.44 ± 0.022 

803 
0.01 

36 
H

2 18O
 

973.20 ± 1.16 
0.80 ± 0.13 

0.17 ± 0.031 
/ 

803 
0.01 

72 
H

2 18O
 

970.74 ± 0.62 
1.05 ± 0.08 

0.22 ± 0.026 
/ 

803 
0.01 

120 
H

2 18O
 

967.03 ± 1.68 
1.43 ± 0.18 

0.30 ± 0.046 
/ 

803 
0.01 

168 
H

2 18O
 

965.20 ± 1.41 
1.61 ± 0.15 

0.34 ± 0.044 
/ 

803 
0.01 

240 
H

2 18O
 

964.52 ± 1.00 
1.68 ± 0.11 

/ 
/ 

am
orphous forsterite (starting m

aterial) 
981.01 ± 0.04 

0 

/ 
0.0019 ± 0.0001 

/ 
0.0020 ± 0.00009 

/ 
0.0023 ± 0.0002 

/ 
0.0018 ± 0.0001 

/ 
0.0020 ± 0.0001 
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N
O

TES. 

aThe peak w
avenum

ber of the 10-µm
 infrared feature of am

orphous forsterite.  

bO
xygen isotopic com

positions ( 18O
/( 18O

 + 16O
)) of sam

ples obtained from
 Δκ/κ

0 . 
cO

xygen isotopic com
positions ( 18O

/( 18O
 + 16O

)) of sam
ples m

easured by SIM
S.   

  T
able 2.2. Experim

ental conditions and results for am
orphous enstatite annealed w

ith H
2 16O

 and H
2 18O

 vapor of 0.3 Pa at 803−883 K
. 

Errors represent the 1σ standard deviations of the m
eans. 

Tem
perature (K

) 
D

uration (hour) 
Flow

 gas 
Peak position (cm

–1) a 
Δκ/κ

0  (%
) 

f 18O
 (SIM

S)  

923 
14 

H
2 18O

 
1027.78 ± 1.29 

0.43 ± 0.14 
0.15 ± 0.004 

923 
43 

H
2 18O

 
1024.02 ± 1.99 

0.79 ± 0.20 
0.24 ± 0.008 

923 
96 

H
2 18O

 
1021.22 ± 1.61 

1.07 ± 0.17 
0.32 ± 0.009 

923 
135 

H
2 18O

 
1020.35 ± 0.81 

1.15 ± 0.10 
0.38 ± 0.011 

923 
408 

H
2 18O

 
1013.70 ± 2.14 

1.79 ± 0.22 
0.57 ± 0.016 

953 
30 

H
2 16O

 
1030.69 ± 1.57 

0.15 ± 0.16 
/ 

953 
30 

H
2 18O

 
1024.69 ± 0.73 

0.73 ± 0.09 
0.24 ± 0.006 

953 
60 

H
2 16O

 
1030.93 ± 1.62 

0.12 ± 0.17 
/ 

953 
60 

H
2 18O

 
1021.80 ± 1.69 

1.01 ± 0.18 
0.33 ± 0.008 

953 
96 

H
2 18O

 
1019.68 ± 1.84

 
1.21 ± 0.19 

0.41 ± 0.012 
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N
O

TES. 

aThe peak w
avenum

ber of the 10-µm
 infrared feature of am

orphous enstatite.  

 
 953 

120 
H

2 18O
 

1018.04 ± 1.89 
1.37 ± 0.19 

0.44 ± 0.011 

953 
174 

H
2 18O

 
1015.24 ± 3.04 

1.64 ± 0.30 
0.51 ± 0.009 

953 
269 

H
2 18O

 
1012.45 ± 1.18 

1.91 ± 0.13 
0.61 ± 0.015 

978 
48 

H
2 18O

 
1021.20 ± 1.20 

1.07 ± 0.13 
0.37 ± 0.010 

978 
70 

H
2 18O

 
1019.77 ± 1.46 

1.21 ± 0.15 
0.45 ± 0.008 

978 
123 

H
2 18O

 
1015.10 ± 1.90 

1.66 ± 0.19 
0.57 ± 0.015 

978 
258 

H
2 18O

 
1012.12 ± 1.55 

1.95 ± 0.16 
0.72 ± 0.015 

1003 
20 

H
2 18O

 
1023.92 ± 1.46 

0.80 ± 0.15 
0.29 ± 0.006 

1003 
72 

H
2 18O

 
1014.95 ± 0.79 

1.67 ± 0.10 
0.57 ± 0.014 

1003 
120 

H
2 18O

 
1009.67 ± 0.82 

2.18 ± 0.10 
0.71 ± 0.008 

1003 
121.5 

H
2 18O

 
1011.87 ± 1.58 

1.97 ± 0.17 
0.70 ± 0.014 

1003 
148 

H
2 18O

 
1009.36 ± 2.50 

2.21 ± 0.25 
0.77 ± 0.008 

1003 
240 

H
2 18O

 
1005.31 ± 0.79 

2.61 ± 0.10 
0.87 ± 0.011 

am
orphous enstatite 

(starting m
aterial) 

/ 
/ 

1032.21 ± 0.64 
0 

(2.04 ± 0.003) × 10
-3 
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T
able 2.3. Peak positions of forsterite crystallized at 0.3 Pa of H

2 16O
 and H

2 18O
 vapor at 953−1123 K

. 

 

N
O

TES. 

aA
m

orphous forsterite preheated at 853 K
 and 0.3 Pa of H

2 18O
 vapor for 120 hours. 

Tem
perature 

(K
) 

D
uration 

(hr) 
Starting m

aterial 
G

as 
Peak positions (cm

–1) 

953 
2 

am
orphous forsterite  

H
2 18O

 
/ 

/ 
910.72

b 
/ 

610
b 

/ 
/ 

/ 

953 
4 

am
orphous forsterite 

H
2 18O

 
995.5 

961.82 
903.49 

/ 
605.06

b 
520.20 

/ 
439.69 

953 
12 

am
orphous forsterite 

H
2 18O

 
988.34 

/ 
894.81 

/ 
599.75 

517.31 
461.39 

439.21 

953 
24 

am
orphous forsterite 

H
2 18O

 
981.11 

937.24 
889.02 

804.17
b

 
595.90 

513.45 
459.94 

437.76 

953 
48 

am
orphous forsterite 

H
2 18O

 
977.73 

935.31 
888.54 

803.21
b

 
595.41 

513.94 
460.42 

437.28 

953 
92 

am
orphous forsterite 

H
2 18O

 
976.77 

933.86 
887.58 

798.39 
592.52 

512.97 
456.57 

438.24 

953 
120 

am
orphous forsterite 

H
2 18O

 
976.29 

933.86 
887.58 

797.90 
592.52 

509.60 
458.49 

438.24 

953 
2 

am
orphous forsterite 

H
2 16O

 
/ 

/ 
914.58

b 
/ 

610.36
b 

/ 
/ 

/ 

953 
12 

am
orphous forsterite 

H
2 16O

 
1004.25 

961.82 
911.68/906.38

c 
844.19 

615.18 
527.92 

467.65 
441.14 

953 
120 

am
orphous forsterite

a 
H

2 16O
 

1004.73 
961.82 

908.79/903.01
c 

842.26 
616.15 

526.95 
467.65 

441.14 

1073 
2 

am
orphous forsterite 

H
2 18O

 
1004.25 

960.38 
906.86/903.01

c 
842.26 

615.66 
525.03 

465.73 
443.07 

1073 
2 

18O
-rich am

orphous forsterite
a  

H
2 18O

 
982.55 

941.09 
885.17 

804.65 
597.34 

510.56 
459.46 

438.73 

1123 
72 

crystalline forsterite 
H

2 18O
 

1004.73 
961.82 

908.31/903.49
c 

842.74 
616.63 

528.4 
466.21 

442.58 
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bPeak positions determ
ined w

ith naked eyes because of their w
eak absorbance.  

cSplit peaks. 
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Analytical procedure 

The samples were analyzed with a Fourier transform infrared spectrometer 

(FT-IR; JASCO FT-IR 4200), X-ray diffractometer (XRD; Rigaku SmartLab), a field 

emission scanning electron microscope (FE-SEM; JEOL JSM-7000F), and a secondary 

ion mass spectrometer (SIMS; Cameca ims-6f and -1280HR) at Hokkaido University.  

For the FT-IR analysis, a fraction of samples was mixed in KBr powder 

with a mass ratio of 1:500, and the mixed powder (0.2 g) was pressed into a pellet (10 

mm in diameter). Infrared spectra of the samples were obtained with a spectral 

resolution of 2 cm–1 and one hundred scans. The infrared light path was purged with dry 

nitrogen gas during the analysis. Peak positions in an obtained infrared spectrum were 

determined using a spectral data analysis software (Spectral manager version2), and 

several infrared spectra were obtained for the same sample pellet to determine the 

analytical reproducibility.  

For the XRD analysis, the samples were put into a hole (3 mm in diameter 

and 0.3 mm in depth) on a reflection-free silicon sample holder, and X-ray diffraction 

patterns were obtained using Cu Kα radiation in the 2θ range from 10° to 70° with a 

0.01° step and a scan speed of 1° minute–1.  

The samples after oxygen isotope exchange experiments were observed by 

the FE-SEM in order to study the change of grain shape of amorphous samples due to 

heating.  

Oxygen isotope compositions of the samples were measured with 

secondary ion mass spectrometry (SIMS). In order to obtain a flat surface for SIMS 

analysis, the powdery samples were shaped into pellets (3 mm in diameter). The pellet, 

put in a platinum crucible, was sintered in a vacuum furnace (Tachibana et al. 2011) at 

10–4−10–5 Pa and ~1100°C for more than 1 day. The vacuum furnace was used to 

prevent the oxygen isotopic exchange with the surrounding atmosphere during sintering. 

The sample in the pellet crystallized by sintering, but this does not affect the oxygen 

isotope analyses. The sintered pellets, mounted into epoxy resin and polished, were 

measured by SIMS. Oxygen isotopic measurements of sintered forsterite pellets were 
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carried out with Cameca ims-6f. Depth profiles of 16O and 18O were collected from the 

surface of pellets using a 133Cs+ primary beam (10 keV, 3 nA) with a raster area of 70 

µm × 70 µm. Negatively charged secondary ions were collected from the central area of 

the sputtered region (30-µm in diameter). Several depth profiles were obtained for each 

sample until the ion counts of oxygen isotopes became constant, and the oxygen 

isotopic compositions of a sample was determined as an average of the compositions 

from several different depth profiles. A pellet of forsterite crystallized in the vacuum 

furnace from the starting material without exposure to H2
18O vapor was used as a 

reference in each analytical session. Oxygen isotopic measurements of sintered enstatite 

pellects were conducted with Cameca ims-1280HR with the measurement procedure 

reported in Kawasaki et al. (2018). A focused 133Cs+ primary beam (20 keV, 0.5 nA) 

with a diameter of 8 µm was used for the measurements. The primary beam was first 

rastered over a 20 × 20 µm2 area for 20�30 seconds for waiting for stabilization of ion 

intensities (presputtering). The raster size of the primary beam was then reduced to the 

10 × 10 µm2 area, and negative secondary ions (16O– and 18O–) were measured 

simultaneously in the multi-collection mode using two Faraday cups with 1010 Ω 

resisters for 10�60 seconds. The magnetic field was controlled by a NMR probe. The 

mass resolution of M/ΔM was set at ~2000. A normal incident electron flood gun was 

used for the electrostatic charge compensation of the analyzed area during the 

measurements. Backgrounds of the Faraday cup detectors were collected by signals 

without injection of secondary ions during presputtering for each analytical run. Russian 

spinel (δ18O = 8.5 ‰ relative to SMOW; Yurimoto et al., 1994) was used as a standard 

to correct instrumental mass fractionation. Reproducibility of measured 18O/(16O + 18O) 

of the Russian spinel was typically ~0.2 % (1σ standard deviation of the mean). The 

oxygen isotopic compositions of run products were determined as an average of 10–29 

spot analyses.  
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2.3 Results 
2.3.1 Isotopic exchange at 0.3 Pa of water vapor 

Most of the run products with forsterite composition remained amorphous 

after annealing except for three samples (883 K for 38 and 72 hours and 853 K for 235 

hours) heated for longer durations than others (Table 2.1). Typical infrared spectra of 

samples with forsterite composition heated at 0.3 Pa of H2
18O and isotopically-normal 

water vapor (H2
16O hereafter) are compared with the starting material (Fig. 2.2a). The 

Fig. 2.2. Infrared adsorption spectra of the starting materials (black dotted curves) and the 

samples with (a) forsterite composition heated at 853 K and 0.3 Pa of H2
16O vapor (blue thin 

solid curve) or H2
18O vapor (yellow to red thick solid curves) for different durations and (b) 

enstatite composition heated at 953 K and 0.3 Pa of H2
16O vapor (blue thin solid curve) or 

H2
18O vapor (yellow to red thick solid curves) for different durations. 
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starting material has a broad peak attributed to Si-O stretching vibration at ~10.2 µm 

(981 cm-1). The samples heated at 0.3 Pa of H2
16O vapor at 853 K for 24 and 48 hours 

also show the broad feature with the same peak wavelengths (Fig. 2.2a). On the other 

hand, the peak of amorphous forsterite annealed at 0.3 Pa of H2
18O vapor and 803−883 

K shifted to a longer wavelength (a lower wavenumber) toward at ~10.4 µm (961 cm-1) 

with heating duration (Fig. 2.2a; Table 2.1). 

Figure 2.2b shows the comparison of typical infrared spectra of run 

products with enstatite composition heated at 0.3 Pa of H2
18O and H2

16O vapors with 

the starting material. No appearance of new peaks for crystalline phases was observed 

in infrared spectra of all the samples heated at 923–1003 K, showing that the samples 

remained amorphous during heating. Any change of grains shape was not observed even 

in samples heated for the longest durations at each temperature. An infrared spectrum of 

the starting material shows a broad feature of Si-O stretching vibration in the 

amorphous structure at ~9.69 µm (1032 cm–1). The samples heated at 0.3 Pa of 

isotopically-normal water vapor showed the broad feature at essentially the same 

wavelength (Fig. 2.2b and Table 2.2). In contrast, the peak wavelength of the samples 

heated at 0.3 Pa of H2
18O vapor gradually shifted to longer wavelength with time (Fig. 

2.2b and Table 2.2).  

Similar peak wavelength shifts were observed for the 18-µm absorption 

featuress of amorphous forsterite and enstatite, representing the Si-O-Si bending 

vibration, for the samples heated with H2
18O vapor (Figs. 2.2a and 2.2b).  

Figure 2.3 shows the relative peak shifts of the 10-µm feature (Δκ/κ0) of 

amorphous forsterite and enstatite, where κ0 is the peak wavenumber of the starting 

material and Δκ represents a difference in peak wavenumbers of the sample and the 

starting material (κ0 − κsample). Although the Δκ/κ0 remains constant within analytical 

error for samples heated with H2
16O vapor of 0.3 Pa, it increases with time for the 

samples heated with H2
18O vapor for each temperature. In the case of amorphous 

forsterite, the Δκ/κ0 becomes almost constant for further heating after it reaches ~2% 
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(Fig. 2.3).  

Linear correlations between Δκ/κ0 for the 10-µm infrared feature and the 

oxygen isotopic compositions were observed up to 18O/(16O +18O) (= f18O) of 0.4, where 

Fig. 2.3. Relative peak shifts (Δκ/κ0; see text in detail) of the 10-µm infrared absorption 

feature of the samples with (a) forsterite composition heated at 0.3 Pa of H2
18O vapor at 803, 

853, and 883 K for different durations and (b) enstatite composition heated at 0.3 Pa of H2
18O 

vapor at 923, 953, 978, and 1003 K for different durations. The Δκ/κ0 of the samples heated 

at 0.3 Pa of H2
16O vapor and 853 K for amorphous forsterite and at 953 K for amorphous 

enstatite are also shown for comparison. Error bars represent the 1σ standard deviations of 

the means of several measurements of the same sample.  
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Δκ/κ0 reaches to the constant value of ~2%, for amorphous forsterite and in all the range 

of f18O for amorphous enstatite (Fig. 2.4; Tables 2.1 and 2.2). These correlations 

suggests that Δκ/κ0 for 10-µm infrared features can be used as a scale of oxygen 

isotopic compositions with f18O < ~0.4 for amorphous forsterite and f18O < ~1 for 

amorphous enstatite. 

Typical infrared spectra of the samples with forsterite composition 

annealed at 953 K and 0.3 Pa of H2
18O and H2

16O vapor are compared in Fig. 2.5 (See 

also Table 2.3 for peak positions of all the samples). The amorphous forsterite gradually 

crystallizes with time at this temperature, which is also confirmed with X-ray diffraction. 

Although the spectra of forsterite crystallized in the presence of H2
18O vapor resemble 

overall to that of the isotopically-normal crystalline forsterite, all the peaks shifted to 

longer wavelengths (lower wavenumbers) as crystallization proceeded (Fig. 2.5). 

Fig. 2.4. Comparison of oxygen isotopic composition f18O = 18O/(18O + 16O) and Δ κ/κ0 for 

amorphous forsterite (filled symbols) and amorphous enstatite (open symbols). A linear 

correlation between f18O and Δ κ/κ0 of <~1.64% for amorphous forsterite is shown as a dotted 

line, and that between f18O and Δ κ/κ0 for amorphous enstatite is shown as a dashed line. 

Error bars are the 1σ standard deviations of the means.  
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Another notable feature is that the peaks were broader than those of the 

isotopically-normal crystalline forsterite.  

An infrared spectrum of the sample with forsterite composition heated at 

1073 K and 0.3 Pa of H2
18O vapor for 2 hours matches the crystalline forsterite having 

the normal oxygen isotopic composition, and neither peak shift nor significant peak 

broadening was observed (Fig. 2.6; Table 2.3). I also conducted a heating experiment at 

the same condition using the amorphous forsterite that was once annealed at 853 K and 

0.3 Pa of H2
18O vapor for 120 hours as a starting material. The run product also shows 

the infrared feature of crystalline forsterite, but all the peaks shifted to longer 

wavelengths without significant peak broadening (Fig. 2.6; Table 2.3).  

An oxygen isotopic exchange experiment between crystalline forsterite 

submicron-sized grains and water vapor was also conducted at a higher temperature of 

1123 K and 0.3 Pa of H2
18O vapor for 72 hours. Neither peak shift nor peak broadening 

was observed (See also Table 2.3).  

Fig. 2.5. Infrared adsorption spectra of samples with forsterite composition heated at 0.3 Pa 

of H2
16O or H2

18O vapor for 12 and 120 hours at 953 K.  
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2.3.2 Isotopic exchange at 0.01 Pa of water vapor 

Oxygen isotopic exchange experiments between amorphous forsterite and 

water vapor were also conducted at 0.01 Pa of H2
18O vapor. The samples heated at 883, 

853, and 803 K and 0.01 Pa of H2
18O vapor did not crystallize and remained amorphous 

forsterite. The 10- and 18-µm infrared absorption features shifted to longer wavelengths 

(shorter wavenumbers) with time as observed in the samples heated at 0.3 Pa of H2
18O 

vapor (Fig. 2.7a; See also Table 2.1). The time evolution of Δκ/κ0 of the 10-µm infrared 

features of the samples heated at 883 and 853 K are similar to each other, suggesting 

that the oxygen isotopic exchange rates at these temperatures are almost the same.  

The time evolution of Δκ/κ0 of the samples heated at 0.01 Pa and 0.3 Pa of 

H2
18O vapor are compared in Fig. 2.7b−d. At 883 K, Δ κ/κ0 at 0.01 Pa of H2

18O vapor 

evolves more slowly than that at 0.3 Pa (Fig. 2.7b), suggesting that the isotopic 

Fig. 2.6. An infrared spectrum of forsterite crystallized at 1073 K and 0.3 Pa of H2
18O vapor 

for 2 hours from the starting material with forsterite composition (red solid curve). The 

spectrum of forsterite crystallized at the same condition from amorphous forsterite that was 

preheated at 853 K and 0.3 Pa of H2
18O vapor for 120 hours is shown as a red dot-dashed 

curve. An infrared spectrum of the isotopically-normal crystalline forsterite is also shown for 

comparison (blue dotted curve).  
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exchange rate at 0.01 Pa is smaller than that at 0.3 Pa. The difference between the 

temporal changes of Δ κ/κ0 at 0.01 and 0.3 Pa becomes smaller with decreasing 

temperature. The isotopic exchange at 0.01 Pa seems to have proceeded with a bit 

smaller rate than that at 0.3 Pa and 853 K (Fig. 2.7c), and it proceeded at a similar rate 

at 0.01 and 0.3 Pa (Fig. 2.7d).  

Fig. 2.7. (a) Temporal changes of relative peak shifts (Δκ/κ0) of the 10-µm infrared 

absorption feature of amorphous forsterite heated at 803, 853, and 883 K and 0.01 Pa of 

H2
18O. An inset shows the temporal change of Δκ/κ0 for shorter heating durations. Error bars 

represent the 1σ standard deviations of the means of several measurements of the same 

sample. (b) Temporal changes of Δκ/κ0 at 0.01 and 0.3 Pa of H2
18O vapor at 883 K, (c) 853 

K, (d) 803 K. 
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2.4 Discussion  
2.4.1 Isotopic exchange reaction kinetics at 0.3 Pa of water vapor 

The oxygen isotopic compositions (f18O) of the samples heated at 803, 853, 

and 883 K for amorphous forsterite and at 923, 973, 978, and 1003 K for amorphous 

enstatite, measured with SIMS, are normalized to the isotopic composition of H2
18O 

(f18O = 0.97) to express the degrees of the isotopic exchange of the sample (α). I also 

estimated α of the samples that were not measured by SIMS based on the linear 

correlation of amorphous forsterite between Δ κ/κ0 and f18O (Fig. 2.4) when their  Δ κ/κ0 

were smaller than 1.64%. 

Temporal changes of α for amorphous forsterite and enstatite at each 

temperature are shown in Fig. 2.8. A possible rate-limiting step for oxygen isotope 

exchange between amorphous silicate grains and water vapor at low PH2O is either a 

supply of water molecules from vapor or a diffusive isotope exchange process inside 

amorphous. In the case of water supply-controlled isotopic exchange reaction, the 

supply flux of water molecules (Jw) depends on PH2O and the mean velocity of water 

molecules;  

  
Jw =

PH2O

2πmkT ,
    (2.1) 

where m is a molecular weight of H2O, k is the Boltzmann constant, and T is the 

absolute temperature. The oxygen isotopic exchange rate can be expressed as;  

  

dα
dt

=
β JwS 1−α( )
γ V Ω( )N A .

   (2.2) 

where β is a dimensionless parameter to express the isotope exchange efficiency of 

colliding water molecules at the grain surface (0 < β ≤ 1), S is the grain surface area, γ is 
the atomic ratio of oxygen in the gas and solid phases (4 for amorphous forsterite and 3 

for amorphous enstatite), V is a grain volume, Ω is a molar volume of amorphous 

silicate, NA is Avogadro’s number, and t is time. The term of 1–α was included because 

the isotope exchange rate decreases with increasing α due to the decrease of 16O in the 
samples. The integral expression of Eq. (2.2) is given by,  
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α = 1− exp −

β JwS
γ V Ω( )N A

t
⎛

⎝
⎜

⎞

⎠
⎟

.
   (2.3) 

If the oxygen isotope exchange reaction is controlled by the diffusive 

isotope exchange in the amorphous structure, the temporal change of α should follow 
the three-dimensional diffusion equation in a sphere expressed as follows (Crank, 

1975);  

,
   (2.4) 

where D is the diffusive isotope exchange rate constant and r is a grain radius (40 nm on 

average for amorphous forsterite and 35 nm for amorphous enstatite).  

The temporal change of α for amorphous forsterite and enstatite is better 

explained by the three-dimensional spherical diffusion equation (Eq. (2.4)) than the 

water supply-controlled reaction equation (Eq. (2.3)) at all the experimental 

temperatures (Fig 2.8), suggesting that oxygen isotope exchange reactions at 803–883 K 

for amorphous forsterite and 923–1003 K for amorphous enstatite and PH2O = 0.3 Pa are 

governed by diffusive isotope exchange reaction in the amorphous structure. The 

obtained diffusive isotope exchange rate constants for amorphous forsterite at 803, 853, 

and 883 K are (4.9 ± 0.6) × 10–23, (1.9 ± 0.8) × 10–22, and (4.4 ± 0.8) × 10–22 m2 s–1, 

respectively, and those for amorphous enstatite at 923, 953, 978, and 1003 K are (4.3 ± 

0.06) × 10–23, (6.9 ± 0.1) × 10–23, (1.2 ± 0.02) ×10–22, and (2.2 ± 0.03) × 10–22 m2 s–1, 

respectively. The D shows the Arrhenius relation (Fig. 2.9), yielding D [m2 s–1] = (1.5 ± 

1.0) × 10–19 exp[−(161.5 ± 14.1 (kJ mol–1)) R–1 (1/T−1/1200) for amorphous forsterite 

and D (m2 s–1) = (5.0 ± 0.2) × 10–21 exp[–(161.3 ± 1.7 (kJ mol–1)) R–1 (1/T–1/1200)] for 

amorphous enstatite. The term of −1/1200 was included to reduce the uncertainty of the 

pre-exponential term. This expression of D is valid only below 1200 K, but the 

extrapolation to >1200 K is meaningless because crystallization of amorphous forsterite 

and enstatite proceeds with a minute or less (Murata et al., 2009; Yamamoto and 

Tachibana, 2018) at a much faster rate than the oxygen isotopic exchange at 1200 K as 

  
α = 1− 6

n2π 2
n=1

∞

∑ exp − Dn2π 2t
r 2

⎛
⎝⎜

⎞
⎠⎟
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discussed below. The activation energy of D for amorphous enstatite (~161 kJ mol–1) is 

essentially the same as that for amorphous forsterite (~162 kJ mol–1). This suggests that 

the overall energetic barrier for the exchange reaction, which should include those of 

diffusion and oxygen replacement, is the same for amorphous enstatite and forsterite. 

However, the D for amorphous enstatite is ~30 times smaller than that for amorphous 

forsterite due to the smaller pre-exponential term. This may reflect factors related to the 

pre-exponential term such as reaction frequency, numbers and kinds of diffusion 

pathways, and a fraction of non-bridging oxygen (e.g. Kalampounias et al., 2009; 

Kuroda et al., 2018).  

Crystallization of amorphous forsterite occurred at 1073 K, and the infrared 

spectrum is the same as that of isotopically-normal crystalline forsterite and shows 

neither peak shift and nor significant peak broadening (Fig. 2.6). The crystallization 

experiments at 1073 K for the amorphous forsterite pre-heated at 853 K and 0.3 Pa of 

H2
18O vapor for 120 hours found that the run product shows the infrared spectrum of 

crystalline forsterite with shifts of all the peak positions to longer wavelengths (Fig. 2.6). 

Because the amorphous forsterite exposed to H2
18O (0.3 Pa) at 853 K for 120 hours 

should be enriched in 18O as discussed above, the observed shifted peaks represent the 

infrared feature of 18O-rich crystalline forsterite. These observations suggest that 

crystallization occurs faster than oxygen isotopic exchange at 1073 K and that 

crystalline forsterite does not exchange oxygen isotopes with water vapor as efficiently 

as amorphous forsterite does. The experiments with crystalline forsterite at 1123 K and 

0.3 Pa of H2
18O vapor has also shown that crystallization of amorphous forsterite occurs 

fast and the oxygen isotopic exchange between with crystalline forsterite and water 

vapor is not as fast as that for amorphous forsterite. This is because crystalline forsterite 

is nominally anhydrous mineral and does not contain water molecules inside its 

structure as much as amorphous forsterite does. The slower oxygen isotopic exchange 

rate with crystalline forsterite is also supported by oxygen self-diffusion rate in 

crystalline forsterite (Jaoul et al., 1980). 



 31 

Crystallization of amorphous forsterite occurred for the samples heated at 

953 K and 0.3 Pa of H2
18O vapor, and all the peaks of crystalline forsterite shifted to 

longer wavelengths with time and became broader than those of isotopically-normal 

crystalline forsterite with crystallization (Fig. 2.5). This can be interpreted as that 

crystallization of amorphous forsterite proceeds after incomplete oxygen isotopic 

exchange of amorphous forsterite at this temperature. Crystalline forsterite can keep the 

oxygen isotopic composition at the timing of their crystallization because of the 

sluggish isotopic exchange reaction as observed at higher temperatures of 1073 and 

1123 K. Thus forsterite crystallizing in the early stage can be 16O-rich, while that 

crystallizing in the late stage can be enriched in 18O because the isotopic exchange 

between the amorphous forsterite and H2
18O proceeds with time. In this case, the 

infrared spectrum of run products should be a mixture of those of crystalline forsterite 

with a wide range of oxygen isotopic compositions, resulting in the spectrum with 

broader peaks shifted to longer wavelengths.  

It has been known that the change of grain shape and size through sintering 

during annealing also affects the peak positions and peak widths (e.g. Koike et al. 2010). 

However, Koike et al. (2010) found that, unlike to other peaks of crystalline forsterite, 

the peak at 11.9 µm is insensitive to the change of grain shape. In the present 

experiments, we observed that the 11.9-µm peak also shifted to a longer wavelength 

(Fig. 2.5). In fact, no grain shape change of the annealed sample heated at 953 K and 

0.3 Pa of H2
18O vapor for 24 hours was observed by SEM. Therefore, we conclude that 

the peak shifts and peak broadening at 953 K were not caused by the changes of grain 

shape and size, but by simultaneous crystallization and oxygen isotopic exchange of 

amorphous forsterite. 

The activation energies of these competing reactions are ~162 kJ mol-1 for 

the diffusive exchange rate constant (Fig. 2.9) and ~357 kJ mol-1 for crystallization at 

PH2O of 0.3 Pa (Yamamoto and Tachibana, 2018), respectively. Hence, crystallization 

proceeds at a larger rate at higher temperatures such as 1073 K, while the isotopic 
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exchange of amorphous forsterite occurs faster at lower temperatures such as <883 K. 

The transition temperature for the two competing processes would be close to 953 K.  
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Fig. 2.8. Time evolution of the degree of oxygen isotopic exchange (α) of (a) amorphous 

forsterite heated at 0.3 Pa of H2
18O vapor and 803, 853, and 883 K and of (b) amorphous 

enstatite heated at 0.3 Pa of H2
18O vapor and 923, 953, 978, and 1003 K. Closed symbols are 

the data measured by SIMS, and open symbols are those estimated from Δκ/κ0 (%) of 

samples. The solid curves represent the best-fitted curves of the three-dimensional spherical 

diffusion equation (Eq. (2.4)). The dotted, dotted-dashed, and long dashed curves in (a) 

represent the best-fitted curves of water supply-controlled reaction (Eq. (2.3)) at 803, 853, 

and 883 K, respectively, and the dotted, dotted-dashed, short dashed, and long dashed curves 

in (b) represent the best-fitted curves of water supply-controlled reaction (Eq. (2.3)) at 923, 

953, 978, and 1003 K, respectively. Errors bars are the 1σ standard deviations of the means. 
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2.4.2 Isotopic exchange reaction kinetics at 0.01 Pa of water vapor 

Temporal changes of oxygen isotopic compositions of the samples with 

forsterite composition heated at 0.01 Pa of H2
18O vapor at 803, 853, and 883 K are 

summarized in Fig. 2.7. Oxygen isotopic exchange proceeded at smaller reaction rates 

at 0.01 Pa of H2
18O vapor and 883 and 853 K than those at 0.3 Pa of H2

18O vapor (Figs. 

2.7b and 2.7c). Moreover, the data suggest that the reaction proceeded at almost the 

same rate at 883 and 853 K at 0.01 Pa of water vapor (Fig. 2.7a). These cannot be 

explained by the diffusive isotopic exchange reaction that controls the overall reaction 

rate at 0.3 Pa of water vapor, and should be controlled by a different process.  

Another plausible rate-limiting process would be a supply of water 

Fig. 2.9. Temperature dependence of the diffusive isotopic exchange rate constant (D) for 

amorphous forsterite (filled symbols) and enstatite (open symbols) at PH2O of 0.3 Pa. 

Arrhenius linear regressions for amorphous forsterite and enstatite are shown as dotted and 

dashed lines, respectively. Error bars represent the 1σ standard deviations of the means. 
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molecules as discussed above, and the Jw in Eq. (2.1) does not largely depend on 

temperature, and could explain a very weak temperature dependence of the reaction rate 

at 883 and 853 K. Moreover, the Jw at 0.01 Pa should be 30 times smaller than that at 

0.3 Pa. The supply of water molecules could thus become a rate-limiting process under 

the lower PH2O conditions. When the exchange fraction is small, the temporal change of 

α in Eq. (2.2) can be expressed approximately as;  

    ,
   (2.5)

 

Equation (2.5) shows that α changes linearly with time when the supply of water 

molecules is the rate-limiting process. 

The degrees of isotopic exchange (α) of amorphous forsterite heated at 883 

and 853 K with 0.01 Pa of H2
18O vapor (Fig. 2.10; Table 2.1) show a linear relation 

with time. Because the sample that was heated for 0 minutes at 883 K showed a small 

degree of isotopic exchange (α  ~ 0.03) due to the isotopic exchange upon heating to 883 

K, we focus on the slope of the data in Fig. 2.10. The linear regression gives β of (7.4 ± 

1.2) × 10–6 for the average grain radius of 40 nm.  

At 803 K, isotopic exchange proceeded at the identical rate both at 0.01 and 

0.3 Pa of H2
18O vapor, and the rate at 0.01 Pa of H2

18O vapor was slower than those 

controlled by the supply of water molecules at 883 and 853 K (Fig. 2.7d). This suggests 

that the supply of water molecules is not the rate-limiting step at 803 K and 0.01 Pa of 

water vapor. The identical reaction rate at 0.01 and 0.3 Pa of H2
18O vapor can be 

explained by the diffusion-controlled isotopic exchange that is expected to have little or 

no dependence on PH2O. 

I thus conclude that the oxygen isotopic exchange rate between amorphous 

forsterite and water vapor is controlled by the supply of water molecules at lower PH2O 

and higher temperatures, while it is controlled by the diffusive isotopic exchange 

reaction within the amorphous structure at higher PH2O and lower temperatures. In the 

present experimental conditions, the transition of the rate limiting step occurs at ~850 K 

and PH2O of 0.01 Pa.  

dα
dt

= βJwS
γ V Ω( )nA
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2.5 Application to oxygen isotopic exchange of amorphous silicates in the 
protoplanetary disks 

I evaluated the timescale of oxygen isotopic exchange of amorphous 

forsterite and enstatite grains and those of other related reactions in protoplanetary disks. 

Grain diameters of 0.1 and 1 µm were chosen for calculation because matrix silicate 

grains in chondrites are typically up to ~1 µm in size (Pontoppidan and Brearley 2010 

and references therein). 

 

Amorphous forsterite 

The blue solid curves in Fig. 2.11 show the timescales of diffusive isotopic 

Fig 2.10. Time evolution of the degree of oxygen isotopic exchange (α) of amorphous 

forsterite obtained from Δκ/κ0 of samples heated at 883 K (circle) and 853 K (square) and 

0.01 Pa of H2
18O vapor. Solid line represents the best-fitted line by Eq. (2.5). Error bars are 

the 1σ standard deviations of the means.  
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exchange given as r2/D that corresponds to the time required for α ∼ 1. The timescales of 

diffusive oxygen isotopic exchange of amorphous forsterite dust are shorter than the 

typical lifetime of gas in protoplanetary disks (1−10 Myr; Pascucci and Tachibana 2010 

and references therein) at temperatures above 500–600 K for 0.1-µm- and 1-µm-sized 

grains.  

The supply of water molecules from the disk gas can govern the reaction at 

higher temperatures and lower PH2O. The timescales of oxygen isotopic exchange 

controlled by the supply of water molecules for α = 0.99 calculated using Eq. (2.3) with 

β of 7.4 × 10–6 are also shown in Fig. 2.11 for 0.1-µm- and 1-µm-sized amorphous 

forsterite dust at different PH2O (10–1 and 10–4 Pa) (dotted curves). PH2O of 10–1 and 10–4 

Pa are chosen as possible upper and lower limits in the protosolar disk assuming the 

total pressures ranging from 102 and 10–1 Pa with H2/H2O ~ 103 (Wood and Morfill, 

1988; Lodders, 2003). The timescale has a linear dependence on PH2O (Eqs. (2.1) and 

(2.2)), and it takes three orders of magnitude longer time for isotopic exchange at 10–4 

Pa than that at 10–1 Pa. Within the possible range of PH2O in protoplanetary disks, the 

oxygen isotopic exchange timescale of amorphous forsterite would be controlled by the 

supply of water molecules at > ~750 K for PH2O of 10–4 Pa and at > ~1000 K for PH2O of 

10–1 Pa, if the grains remain amorphous, because the gas flux does not have a large 

temperature dependence (Eq. (2.1)). I note that β may depend on temperature and might 

be larger at higher temperatures. If this were the case, the reaction timescale would 

become shorter at higher temperatures.  

Crystallization of amorphous forsterite due to thermal annealing is also 

considered. The timescale of crystallization of 0.08-µm-sized amorphous forsterite 

grains (Yamamoto and Tachibana, 2018) at PH2O of 10–1 and 10–4 Pa are also shown in 

Fig. 2.11 (short dashed and dot-dashed curves, respectively). The grain size would not 

affect significantly the crystallization timescale according to the kinetics reported in 

Yamamoto and Tachibana (2018), where crystallization occurs from pre-existing nuclei 

in the grains. Because the activation energy for crystallization of amorphous forsterite 
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(254−414 kJ mol–1 for PH2O of 10–4−500 Pa) is larger than that for the diffusive isotopic 

exchange reaction, amorphous forsterite can crystallize prior to the oxygen isotopic 

exchange if the grains are rapidly heated at temperatures above 800−900 K as observed 

in this study.  

The oxygen isotopic exchange between crystalline forsterite and water 

vapor would be controlled by the supply of water molecules or self-diffusion of oxygen 

within the crystalline structure. The timescales of oxygen self-diffusion in 0.1-µm- and 

1-µm-sized crystalline forsterite grains (Jaoul et al. 1980) are also shown in Fig. 2.11 

(long dashed curves). The β for the water supply-controlled isotopic exchange for 

crystalline forsterite is not known, but may not be significantly smaller than that for 

amorphous forsterite. If the same β can be used, the timescales of isotopic exchange for 

crystalline forsterite controlled by the supply of water molecules are the same as those 

for amorphous forsterite (dotted curves in Fig. 2.11), and the oxygen isotopic exchange 

should occur by oxygen self-diffusion within crystalline forsterite. The diffusive 

isotopic exchange between crystalline forsterite and water vapor is significantly slower 

than that for amorphous forsterite. The timescale for isotopic exchange of crystalline 

forsterite would be ~4−5 orders of magnitude longer than that for amorphous forsterite 

(Fig. 2.11), and the effective isotopic exchange would not occur with short-duration 

heating at ~1000 K. In this case, the original isotopic signature of amorphous forsterite 

dust would be kept in crystalline forsterite dust transformed from the amorphous 

forsterite. I note that the effect of crystallographic orientation on the diffusivity of 

oxygen in crystalline forsterite would not be more noticeable than temperature as in the 

case of oxygen self-diffusion in crystalline olivine (Ryerson et al., 1989), and 

crystallographic orientation does not affect the diffusive isotopic exchange timescale for 

crystalline forsterite significantly.   
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Fig. 2.11. Timescales of oxygen isotopic exchange between amorphous forsterite dust and 

water vapor in protoplanetary disks controlled by the diffusive isotopic exchange reaction 

(blue solid curves) and by the supply of water molecules at PH2O of 10–1 and 10–4 Pa (blue 

dotted curves). Timescales of oxygen self-diffusion in crystalline forsterite (black long 

dashed curves; Jaoul et al., 1980) and of crystallization of amorphous forsterite at PH2O of 10–

1 and 10–4 Pa (green short dashed and dot-dashed curves, respectively; Yamamoto & 

Tachibana, 2018) are shown for comparison. The estimated lifetime of protoplanetary disk 

gas (1–10 Myr) is also shown for comparison. (a) 0.1 µm. (b) 1 µm. 
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Amorphous enstatite 

The blue solid curves in Fig. 2.12 show the timescale of diffusive isotopic 

exchange of amorphous enstatite for α ∼ 1. Because the activation energies for the 

reaction of amorphous enstatite and forsterite are identical to one another (Fig. 2.9), the 

isotope exchange timescale for amorphous enstatite is ~30 times longer than that for 

amorphous forsterite in a wide range of temperature when the diffusive isotope 

exchange reaction is a rate-limiting step for amorphous enstatite and forsterite (Figs. 

2.11 and 2.12). The timescales of diffusive oxygen isotope exchange of amorphous 

enstatite are shorter than the lifetime of disk gas (1–10 Myr; Pascucci and Tachibana 

2010 and references therein) at temperatures above ~550–650 K for 0.1 µm- and 1 

µm-sized grains (Fig. 6). This temperature range is close to those for amorphous 

forsterite (~500–600 K).  

Water supply from vapor would be responsible for the isotopic exchange 

reaction at higher temperatures and lower PH2O as in the case of amorphous forsterite. 

The value of β for amorphous enstatite in Eq. (2.3) was not derived from the present 

experiments, but it could be similar to that for amorphous forsterite (β ~ 7.4 × 10–6). 

The blue dashed curves in Fig. 2.12 show the calculated timescales of the water 

supply-controlled oxygen isotope exchange reaction with amorphous enstatite for α = 

0.99 at PH2O = 10–1 and 10–4 Pa with β ~ 7.4 × 10–6. It can be seen that the water supply 

from vapor would control isotope exchange reaction of amorphous enstatite at >1200 

and 850 K at PH2O = 10–1 and 10–4 Pa, respectively (Fig. 2.12), if the grains remain 

amorphous.  

Crystallization timescale of amorphous enstatite for crystalline fraction of 

0.99 was also evaluated from experimental data reported by Murata et al. (2009), and is 

shown as dotted-dashed curves in Fig. 2.12. The crystallization timescale at >~1000 K 

is shorter than the oxygen isotope exchange timescale controlled either by water 

diffusion or water supply (Fig. 2.12). Amorphous enstatite grains thus crystallize 

without effective oxygen isotope exchange if they were heated rapidly at >~1000 K, and 
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further oxygen isotope exchange of crystalline enstatite with water vapor would occur 

between crystalline enstatite and water vapor.  

The timescales of oxygen self-diffusion in 0.1 and 1 µm-sized crystalline 

diopside (CaMgSi2O6) grains are obtained using a reported diffusion coefficient 

(Ryerson and McKeegan, 1994) as an analogue of crystalline enstatite (long-dashed 

curves in Fig. 2.12) because no Arrhenius data for oxygen self-diffusion in crystalline 

enstatite has been reported. The timescale for oxygen self-diffusion in crystalline 

enstatite is smaller than or comparable to a disk gas lifetime at temperatures higher than 

~1000 K (Fig. 2.12). Thus, oxygen isotope exchange reaction would occur with 

enstatite grains that are rapidly crystallized at >1000 K within the disk lifetime.   
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Fig. 2.12. Timescales of oxygen isotopic exchange between amorphous enstatite dust and 

water vapor in protoplanetary disks controlled by the diffusive isotopic exchange reaction 

(blue solid curves) and by the supply of water molecules at PH2O of 10–1 and 10–4 Pa (blue 

dotted curves). Timescales of oxygen self-diffusion in crystalline diopside as an analogue of 

crystalline enstatite (black long dashed curves; Ryerson and McKeegan, 1994) and of 

crystallization of amorphous enstatite (green dot-dashed curves; Murata et al., 2009) are 

shown for comparison. The estimated lifetime of protoplanetary disk gas (1–10 Myr) is also 

shown for comparison. (a) 0.1 µm. (b) 1 µm. 
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In summary, amorphous forsterite and enstatite dust with a grain diameter 

up to ~1 µm would exchange oxygen isotopes with surrounding disk water vapor at 

temperatures higher than ~500–650 K within the lifetime of disk gas. Therefore, the 

original isotopic signatures of amorphous silicate grains would be erased when they 

were kept at >500–650 K in the protosolar disk. Most extraterrestrial samples available 

for measurements in laboratories (e.g. chondrules, chondrite matrix, interplanetary dust 

particles, and cometary silicate dust) is 16O-poor isotopic compositions compared with 

calcium-aluminum-rich inclusions and amoeboid olivine aggregates (Kunihiro et al., 

2005; McKeegan et al., 2006; Nakamura et al., 2008; Aléon et al., 2009; Krot et al., 

2009 and references therein). Because silicate dust is primitive building blocks of those 

samples, most of primitive silicate dust would be thermally annealed at temperatures 

above ~500–650 K and experience oxygen isotopic exchange reaction in a 16O-poor 

environment if primitive silicate dust was initially 16O-rich.  

Oxygen isotopic exchange reaction between amorphous silicate grains with 

forsterite and enstatite compositions and disk water vapor would also play an important 

role in diminishing the anomalous oxygen isotopic signature of presolar silicate grains. 

Silicate dust with olivine and pyroxene-like compositions were identified as abundant 

presolar silicates (Nguyen and Zinner, 2004; Nagashima et al., 2004; Floss and 

Stadermann, 2009; Vollmer et al., 2013), and those presolar silicate grains are typically 

up to 1 µm in size (Messenger et al. 2003; Nagashima et al., 2004; Hoppe, 2008; Floss 

and Stadermann, 2009; Floss and Stadermann, 2012; Leitner et al. 2012; Zinner, 2014; 

Hoppe et al. 2015). Moreover, crystalline silicate grains formed in circumstellar regions 

and subsequently incorporated into interstellar medium would be rendered amorphous 

by intense ion irradiation mostly coming from supernova shock waves (Demyk et al. 

2001; Jones and Nuth, 2011), resulting in the lack of crystalline silicates in the 

interstellar medium (Kemper et al., 2004). Because those amorphous silicates were 

finally brought into the protosolar disk as the original Solar System ingredients, it is 

expected that original presolar silicates entering into the protosolar disk were 
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dominantly in the amorphous form. Therefore, the temperatures of 500–650 K estimated 

in this study would be regarded as critical survival temperatures of presolar silicate 

grains in the protosolar disk before incorporation into planetesimals. The evidence of 

disk thermal destruction of oxygen isotopic signature of presolar silicate grains would 

be given by the low abundances of presolar silicate grains even in least altered 

carbonaceous chondrites, micrometeorites and anhydrous interplanetary dust particles 

ranges from ~100 to ~500 ppm (Floss & Haenecour 2016). Floss and Stadermann 

(2012) also showed that heterogeneous distribution of presolar silicates (and oxides) in 

a matrix of ungrouped carbonaceous chondrite Adelaide would be responsible for disk 

thermal processes.  
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2.6 Conclusions  
Kinetics of oxygen isotopic exchange reaction between submicron-sized 

amorphous silicate grains with forsterite and enstatite compositions and water vapor 

under protoplanetary disk-like low PH2O conditions was experimentally investigated. 

The amorphous samples were heated at 803−1123 K for 0−408 hours at 0.3 or 0.01 Pa 

of H2
18O (or H2

16O) vapor.  

At PH2O of 0.3 Pa, diffusive oxygen isotopic exchange reaction between 

amorphous silicate and water vapor proceeded at 803–883 K with a diffusive isotopic 

exchange rate of D (m2 s–1) = (1.5 ± 1.0) × 10–19 exp[–161.5 ± 14.1 (kJ mol-1) R–1 (1/T–

1/1200)] for amorphous forsterite and at 923–1003 K with D (m2 sec–1) = (5.0 ± 0.2) × 

10–21 exp[–161.3 ± 1.5 (kJ mol–1) R–1 (1/T–1/1200)] for amorphous enstatite. Both 

crystallization and oxygen isotopic exchange of amorphous forsterite proceeded in 

parallel at 953 K and PH2O of 0.3 Pa. Crystallization of amorphous forsterite dominated 

over oxygen isotopic exchange at 1073 K and PH2O of 0.3 Pa, and no oxygen isotopic 

exchange was observed. This is because the crystallization rate is faster than the 

isotopic exchange rate at higher temperatures and because the isotopic exchange 

between crystalline forsterite and water vapor is more sluggish than that for amorphous 

forsterite.  

At PH2O of 0.01 Pa, the isotopic exchange between amorphous forsterite 

and water vapor at 853 and 883 K proceeded at the almost identical rate, which can be 

explained by the reaction controlled by the supply of water molecules. On the other 

hand, the reaction with amorphous forsterite at 803 K and PH2O of 0.01 Pa was 

controlled by the diffusive exchange reaction as at PH2O of 0.3 Pa because the diffusive 

exchange reaction becomes slower than the supply of water molecules at lower 

temperatures due to its larger temperature dependence.  

Under T-PH2O conditions in protoplanetary disks, the diffusive oxygen 

isotopic exchange reaction could be responsible for the oxygen isotopic evolution of 

amorphous silicate dust at lower temperatures, while the supply of water molecules 
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from the vapor phase could control the oxygen isotopic exchange reaction at higher 

temperatures. However, when amorphous silicate crystallized rapidly at such high 

temperatures, the oxygen isotopic exchange would be controlled by oxygen 

self-diffusion in crystalline silicates, and the required timescale for oxygen isotopic 

exchange would become longer significantly than that for amorphous silicate.  

The diffusive isotopic exchange rates for amorphous forsterite and enstatite 

indicate that oxygen isotopic exchange reaction between amorphous silicate dust and 

water vapor could proceed within a lifetime of protoplanetary disk gas (1−10 Myr) at 

temperatures above 500−650 K, and that the original isotopic signatures of primordial 

Solar System silicate and presolar silicate grains would be erased if the dust was kept at 

temperatures above 500−650 K in the early Solar System.
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Chapter 3 
 

3. Oxygen isotopic exchange kinetics between 

calcium-aluminum-rich inclusion melt and water 

vapor  

 

3.1 Introduction 

Calcium-aluminum-rich refractory inclusions (CAIs) are submillimeter- to 

centimeter-sized high temperature mineral assemblages, and are known as the oldest 

objects in the Solar System (Grossman 1972; Amelin et al., 2002; MacPherson, 2003; 

Connelly et al., 2012). Therefore, they record information on the high temperature 

thermal history at the earliest epoch of the Solar System. Type B CAIs are the most 

extensively studied sub-type of coarse-grained CAIs, and are composed of mainly 

spinel, melilite, fassaite, and anorthite (Grossman, 1980). They are not considered to be 

simple refractory condensates from the hot nebular gas, but are believed to experience 

multiple melting stages after the condensation of their precursors (e.g. MacPherson, 

2003 and references therein; Yurimoto et al., 1998; Yoshitake et al., 2005; Kawasaki et 

al., 2018). Based on the thermodynamical calculation of equilibrium condensation from 

the hot nebular gas of the Solar System and the crystallization experiments of type B 

CAI analogues (Grossman 2000; Stolper & Paque, 1986; Paque et al., 2000), the 

formation scenario of type B CAIs is predicted as follows; the CAI precursor condensed 

from the hot solar nebular gas, and then experienced reheating events with a maximum 

temperature of ~1400–1550°C with subsequent cooling that causes the crystallization of 

melilite, followed by fassaite and anorthite. 

Oxygen isotope measurements of CAIs have been extensively carried out 
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since the first discovery of oxygen isotopic anomalies in Allende CAIs (Clayton et al., 

1973), and oxygen isotopic compositions of coarse-grained CAIs exhibit heterogeneous 

oxygen isotopic distributions along the line with a slope of almost unity on the 

three-oxygen isotopic diagram. This oxygen isotopic variation cannot be explained by 

the mass-dependent isotopic fractionation, but could be due to mixing between 

isotopically distinct reservoirs (chapter 1). In typical type B CAIs, spinel and fassaite 

are 16O-rich while anorthite and melilite are 16O-poor (e.g. Clayton et al., 1977; 

Yurimoto et al. 1998; Yoshitake et al., 2005; Aléon, 2016; Kawasaki et al., 2018). The 

mechanism to produce the mineralogically controlled mass-independent oxygen 

isotopic variation among CAI constituent minerals is still controversial, but several 

mechanisms have been proposed (Clayton et al., 1977; Clayton, 1993; Yurimoto et al., 

1998; Wasson et al., 2001; Ito et al., 2004; Yoshitake et al., 2005; Aléon, 2016; 

Kawasaki et al., 2018; Aléon, 2018). A possible explanation of the oxygen isotopic 

variations in CAIs is the partial melting and associated gas-melt oxygen isotopic 

exchange during reheating events (Clayton, 1993; Yurimoto et al., 1998; Ito et al., 2004; 

Yoshitake et al., 2005; Aléon, 2016; Kawasaki et al., 2018). The abrupt change in 

oxygen isotopic compositions within a single crystal of melilite found in Allende 

meteorites and progressive change of oxygen isotopic compositions of fassaite during 

its crystallization are also indicative of the oxygen isotopic exchange of partially melted 

CAIs with surrounding disk gas with different oxygen isotopic compositions (Yurimoto 

et al., 1998; Ito et al., 2004; Aléon, 2016; Kawasaki et al., 2018). Kawasaki et al. (2018) 

discussed timescales of oxygen isotopic exchange between a partially molten CAI 

droplet and disk gas during the fassaite crystallization with a plausible range of oxygen 

isotopic exchange efficiency (α) and reported diffusion coefficients of oxygen (D) in 

CAI-like melt (Oishi et al., 1974), but because of the lack of appropriate kinetic data for 

oxygen isotope exchange between CAI melt and disk gas, more detailed discussion on 

the oxygen isotopic evolution of CAI melt has not been conducted yet.  

In the case of chondrules that also experienced melting process(es) in disk 
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gas, experimental simulations of oxygen isotopic exchange between chondrule melts 

and water vapor have been carried out (Yu et al., 1995; Di Rocco & Pack, 2015). 

However, all their experiments were conducted at higher PH2O compared with that in the 

protosolar disk, and simple extrapolation of experimental data to lower pressures may 

not be realistic or may require many assumptions. Therefore, oxygen isotopic exchange 

experiments between CAI/chondrule melts and disk gas should be carried out at 

protosolar disk-like low pressures of oxygen-bearing gas.  

Water vapor is one of the most abundant reactive oxygen-bearing gas 

species in the protosolar disk. In this study, in order to reveal oxygen isotopic exchange 

kinetics and mechanism between CAI melt and disk gas, I conducted oxygen isotopic 

exchange experiments between CAI analogues with a type B CAI-like chemical 

composition and water vapor at protoplanetary disk-like low PH2O, and report oxygen 

isotopic exchange kinetics to investigate the thermal history of CAIs in the earliest Solar 

System.  

 

3.2 Experiments  

Preparation of starting material 

The composition of CAI droplet used in this study was close to the average 

Type B CAI composition (called as CAIB hereafter) (Wark, 1979). It is also close to the 

composition of CAIB of Stolper (1982) and Stolper and Paque (1986). The starting 

material was prepared by careful weighting of reagent powder of SiO2, TiO2, Al2O3, 

MgO and CaCO3 with the weight fractions of 31.16, 1.12, 28.35, 10.12, and 29.24 wt%, 

respectively, and this mixture was ground in an agate mortar under ethanol for 1 hour. 

After drying the mixture in air at the room temperature, it was put in a platinum crucible 

and heated at 1000°C for 10 hours in order to decompose CaCO3 into CaO. The heated 

powder put in a platinum crucible was again heated at 1525°C in a vertical 1 atm 

Keramax electric resistance furnace (Nikkato Corporation TS-4B06) for 24 hours and 

was subsequently quenched in air. The sample temperature of the Keramax furnace was 
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checked by the melting points of gold (1064°C) and palladium (1555°C). The resulting 

material was composed of mainly glass with a small amount of spinel. Glass and spinel 

mixtures were ground in an alumina mortar for 30 minutes, and ground products (~0.03 

g) were then shaped into cylindrical pellets (3 mm in outer diameter and 3 mm in 

thickness with a 1 mm-diameter inner hole). A 2.5 mm-diameter platinum wire loop 

with 5 mm-length platinum hook was prepared and weighted before the all the 

experiments. A sample pellet was then loaded above the platinum wire loop through the 

hook in order that samples sag into the wire loop by melting and stay there during 

experiments. The loaded samples were heated at 1500°C for 18 hours and was 

subsequently quenched in air. The spherical CAIB samples (starting material) were a 

glass and spinel mixture, and the glass composition of the CAIB samples is shown in 

Table 3.1. I also conducted isothermal experiments in air by using the sample pellet 

suspended above a platinum wire loop at 1350–1430°C for ~12 hours for determination 

of the liquidus temperature of melilite in the CAIB samples and for comparison with the 

samples heated under a controlled PH2O as described in detail below. The liquidus 

temperature of melilite was determined to be ~1380°C, which is consistent with 

previous experiments with CAIB melt (~1400°C in Stolper, 1982; ~1410°C in 

Mendybaev et al., 2006). 

 

Oxygen isotopic exchange experiments 

Isothermal oxygen isotopic exchange experiments between CAIB melt and 
18O-enriched water vapor were conducted at 1390°C under the protosolar disk-like low 

PH2O of 5 × 10–2 Pa for 3–24 hours using a spot-focus infrared gold image vacuum 

furnace (Advance-Riko MR 39H) equipped with a gas flow system for water vapor (Fig. 

3.1). The furnace consists of a transparent silica glass tube (2.6 cm in inner diameter 

and 14.2 mm in length), double gold-coated ellipsoidal mirrors with two halogen lamps, 

a Pirani/cold-cathod vacuum gauge (Pfeiffer PKR251), a quadrupole mass spectrometer 

(QMS; HORIBASTEC QL-SG01-065-1A), a pumping system (a turbo-molecular pump 
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and a scroll pump; HiCube 80 Eco, Pfeiffer Vacuum), a butterfly valve, a mass flow 

controller (Kofloc Model 3660), and a gas inlet for H2
18O vapor that is connected to a 

hydrogen gas cylinder. The CAIB glass made in air at 1500°C was weighted together 

with the platinum wire loop before an experiment, was suspended with the platinum 

hook on iridium wire above an iridium sample cell, which was located at the top of a 

type K thermocouple. The sample cell has a cylindrical shape with four 1 mm-diameter 

holes on the wall in order to let gas flow into the sample cell. Infrared light radiated 

from halogen lamps was focused on the sample cell by the double gold-coated 

ellipsoidal mirrors to heat the CAIB sample and surrounding flow gas simultaneously. 

The furnace temperature was monitored and controlled by the type K thermocouple. 

Because the location of the thermocouple is not exactly the same as the sample inside 

the sample cell, the temperature difference was corrected at PH2O = 5 × 10–2 Pa using the 

liquidus temperature of melilite of the sample. The experiments at PH2O = 5 × 10–2 Pa 

Fig. 3.1. Schematic illustration of the configuration of the spot focused infrared gold image 

vacuum equipped with a gas flow system for water vapor 
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were conducted at a temperature 10 K higher than the melilite liquidus temperature and 

the CAIB samples are expected to be composed of melt and spinel during the 

experiments. The pressure in the furnace was monitored by the Pirani/cold-cathod 

vacuum gauge. The gas species during the experiments was monitored by the 

quadrupole mass spectrometer.  

Liquid reagent of H2
18O (97-atom% 18O; Sigma-Aldrich) put in a silica 

glass container was sealed into a stainless container, and the stainless container was 

then connected to the hydrogen cylinder attached at the end of the gas flow line with the 

stainless tube. The inside of the stainless container was purged by hydrogen gas 

(>99.99% H2) with the pressure of ~1.5–2 bars to eliminate the contribution of H2
16O 

permeating from the ambient gas, and liquid H2
18O in the stainless container was then 

frozen at –10°C in a freezer. The water ice was used as a water vapor source 

(Yamamoto and Tachibana, 2018; Yamamoto et al., 2018). After setting a CAIB sample 

in the iridium sample cell, the valve attached between the stainless container and the 

hydrogen cylinder was closed, and the mass flow controller was set to be fully opened. 

After the whole system was evacuated by the pumping system and PH2O stabilized at the 

room temperature, the CAIB sample was pre-heated for 1 hour at temperatures of ~200–

300°C and 700–800°C, which were much below solidus temperature of CAIB 

composition (~1230°C; Stolper, 1982), respectively, to reduce the contribution of 

adsorbed H2
16O vapor, and oxygen isotopic exchange between the CAIB melt and 

H2
18O vapor would not occur during the pre-heating treatment. The temperature of the 

CAIB sample was then rapidly increased to the maximum temperatures (1390°C) for 4 

minutes in order to prevent the oxygen isotope exchange of CAI sample with H2
18O 

vapor during the heat-up period. The pressure inside the furnace was adjusted at 5 × 10–

2 Pa by the butterfly valve after the sample temperature reached the maximum 

temperature, and the abundant gas species during the experiments were H2
18O and 

H2
16O vapor based on the QMS analysis, meaning that the total pressure inside the 

furnace is almost equal to PH2O. The CAI sample was heated for desired duration (3–24 
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hours), and was then rapidly cooled down below the CAIB solidus temperature in a 

minute. After the experiments, the flow rate of the mass flow controller was set to be 

zero and the inside of the H2
18O stainless container was purged by hydrogen gas until 

the next experiment to eliminate the contamination of H2
16O from the ambient gas. 

Experimental conditions and results are summarized in Table 3.1.  
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24 
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33.53 
1.31 

100.70 
11.68 

10.58 
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Analysis 

Run products and the starting material, mounted into epoxy resin, were 

polished to expose the center of spherical CAIB samples to the surface with diamond 

plates, and then they were carefully polished by aluminum polishing papers (down to 

0.5 micron). The cross sections were analyzed using a filed emission scanning electron 

microscope (FE-SEM; JEOL JSM-7000F) with an energy-dispersive X-ray 

spectrometer (EDS). The chemical compositions of glass in the starting material and run 

products were determined as an average composition of 14–25 spot analyses with 0.8 

nA electron beam at an acceleration voltage of 15 kV for a quantitative elemental 

analysis.  

The oxygen isotopic compositions were measured with a secondary ion 

mass spectrometry (SIMS; Cameca ims-1280HR) with a focused 133Cs+ beam (20 keV, 

0.5 nA) rastered over a 20 × 20 µm2 area for 30–60 seconds for presputtering. The raster 

size of the primary beam was then reduced to 10 × 10 µm2 and data was collected for 

10–200 seconds. Negative secondary ions (16O– and 18O–) were measured 

simultaneously in the multi-collection mode using two Faraday cups with 1010 Ω 

resisters. The magnetic field was controlled by a NMR probe. The mass resolution of 

M/ΔM was set at ~2000. A normal incident electron flood gun was used for the 

electrostatic charge compensation of the analyzed area during the measurements. The 

background of the Faraday cup detectors was measured during presputtering of each 

analysis. Russian spinel (δ18O = 8.5 ‰ relative to SMOW; Yurimoto et al., 1994) was 

used as a standard to correct instrumental mass fractionation. Reproducibility of 

measured 18O/(16O + 18O) of Russian spinel is typically ~0.2 % (1-sigma standard 

deviation of the mean). An oxygen isotopic composition profile from a surface to an 

opposite surface passing through the center of the spherical sample was obtained with a 

step of ~20–50 µm.  

After the SIMS analysis, the samples were observed with SEM to measure 

the distances of the analytical craters from the sample surface. 
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3.3 Results and discussion 

The starting materials for oxygen isotopic exchange experiments are  

~2.5–2.6 mm diameter spherical droplets, and consist of chemically homogeneous glass 

and spinel with a typical grain size <~20 µm in diameter (Fig. 3.2). Spinel was 

heterogeneously distributed along the platinum wire loop and at the top/bottom portion 

of the starting materials. The CAIB samples heated with H2
18O vapor were 2.5–2.6 

mm-diameter spherical droplets, and were composed of glass and spinel with <~50 µm 

in diameter. Other crystalline phases such as melilite that is the second phase 

crystallizing from the CAIB melt (Stolper, 1982; Stolper & Paque, 1986) were not 

observed. Spinel crystals tend to exist at the bottom of the CAIB samples near the 

platinum wire loop. It was also observed that the amount and the size of spinel crystals 

in the CAIB samples heated with H2
18O vapor increased from the starting materials. 

This is because the heating/quenched temperature in air for preparing the staring 

Fig. 3.2. Backscattered electron (BSE) images of the starting material heated at 1500°C for 

18 hours in air (left) and of the samples heated at 1390°C for 5 hours at PH2O = 5 × 10–2 Pa 

(right). The regions with brighter and darker contrasts are glass and spinel, respectively. 

 

1 mm
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material (1500°C) is higher than that of oxygen isotopic exchange experiments 

(1390°C), resulting in crystallization of spinel at the experimental temperature (Stolper 

& Paque, 1986). However, the amount of spinel remained constant after 3 hour-heating 

due to rapid crystallization of spinel, and the change of melt composition due to spinel 

crystallization would be completed with a shorter timescale than the isotope exchange.  

The chemical compositions of glass and the amount of coexisting spinel in 

the CAIB samples heated at 5 × 10–2 Pa of H2
18O vapor and in air at 1390°C are shown 

in Table 3.1. The amount of spinel was calculated by the mass balance of proportion of 

MgO and Al2O3 between the bulk composition of the starting material and glass 

compositions in heated samples assuming that no evaporation occurred from the melt. 

The glass compositions of samples heated with H2
18O vapor were consistent with that 

heated in air at the same heating temperature of 1390 °C. The amount of spinel in 

samples heated with H2
18O vapor (~11–12 wt%) was also consistent with that in 

samples heated in air. Because little or no evaporation of CAIB melt occurs in air 

(Mendybaev et al., 2006), these evidences suggest that significant evaporation of 

moderately volatile elements (e. g. magnesium and silicon; Mendybaev et al., 2006) 

from the CAIB melt did not occur at 5 × 10–2 Pa of H2
18O vapor, and the melt 

compositions did not change through oxygen isotopic exchange experiments.  

Figure 3.3 shows the spatial distributions of oxygen isotopic composition, 

normalized to that of water vapor, (f18O / f 18Ow) in glasses heated for different durations, 

where f18O is 18O/(16O + 18O) of the sample and f 18Ow is that of water vapor. The value 

of f 18Ow was estimated to be ~0.91 by QMS analysis of gas in the furnace during a 

blank experiment at the same temperature and PH2O. If a sample equilibrates isotopically 

with the ambient water vapor, f18O / f 18Ow should be equal to 1. The 18O fraction 

increases toward the surface of the sphere. In addition, the fraction of 18O at the surface 

of the sphere is not the same as that of water vapor even for samples heated for 24 hours, 

but gradually increases with time. The spatial distribution of oxygen isotope 

composition and its temporal change suggest that the surface oxygen isotopic exchange 
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with surrounding water vapor and the oxygen self-diffusion in the CAI melt 

simultaneously proceeded.  

The surface isotopic exchange flux is related to the difference between 

oxygen isotopic compositions at the surface and in the gas and the flux of oxygen across 

the surface –D(�f18O/∂r)s, the relation is given by (Crank, 1975); 

  
−D ∂ f 18O ∂r( )

s
= k f 18Os − f 18Ow( ) ,

   (3.1) 

where k is the rate constant for the surface isotopic exchange, r is the distance from the 

center of the sphere, and f18Os is the f18O at the surface. The solution of Eq. (3.1) is 

expressed as follows (Crank, 1975);  

  

f 18O− f 18Ow

f 18Oi − f 18Ow

= 2La
r

−1( )n exp −Dβn
2t a2( )

βn + L L−1( ){ }
sinβn r a

sinβn ,
  (3.2) 

Fig. 3.3. Typical profiles of normalized oxygen isotopic compositions of glass in samples 

heated at PH2O = 5 × 10–2 Pa for 3, 5, 8, 12, and 24 hours as a function of distance from the 

surface of the sphere. Dotted curves are best-fitted results by Eq. (3.2).  
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The βn
’s are the positive roots of  

  βn cotβn + L−1= 0 ,   (3.3) 

and L is a dimensionless parameter expressed as  

 L = ka D ,   (3.4) 

where f 18Oi is the initial value of f18O (i.e. 0.002), a is the diameter of the sphere, and t 

is time. The obtained oxygen isotopic profiles are well fitted with Eq. (3.2) (Fig. 3.3), 

and the values of D and k were independently evaluated (Fig. 3.4).  

The obtained D as a function of heating duration is shown in Fig. 3.4a. 

Data is slightly scattered, but appears to be constant ((1.87 ± 0.53) × 10–7 cm2 sec–1 on 

average) irrespective of heating duration. The obtained D in CAIB melt is consistent 

with that estimated in basaltic melt at 1390°C (~1.7–1.8 × 10–7 cm2 sec–1) (Canil and 

Muehlenbachs, 1990; Lesher et al., 1996). This is likely because the diffusivity of 

oxygen would be related to the degree of melt polymerization (NBO/T) (Liang et al., 

1996) and the CAIB melt has a similar NBO/T value of ~1.1 as that of basaltic melt 

(NBO/T~1). In contrast, the D at 1390°C in the melt with the 40CaO-20Al2O3-40SiO2 

composition reported by Oishi et al. (1974) is approximately one order of magnitude 

larger than that estimated in this study (1.3 × 10–6 cm2 sec–1) although the melt 

composition and the NBO/T value (~1) in their study are close to those in this study. 

However, a more recent study by Liang et al. (1996) reported D that is one order of 

magnitude smaller than that of Oishi et al. (1974) at 1500°C for the same melt 

composition as Oishi et al. (1974). Therefore, I should refrain from comparing D in this 

study with that in Oishi et al. (1974).  

Figure 3.4b shows the obtained k as a function of heating duration. The k is 

independent of heating duration, and is found to be (4.23 ± 0.3) × 10–7 cm sec–1 on 

average. The k is described as follows using a non-dimensional parameter α that 

expresses the oxygen isotopic exchange efficiency of colliding water molecules at the 

surface of melt;  
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  k =α Jw CO    (3.5) 

where Jw is the flux of water molecules as given by Eq. (2.1) (chapter 2), and CO is the 

oxygen number density in the melt. CO was calculated to be ~4.88 × 1022 (cm–3) as an 

average considering the average proportion of spinel in samples as ~11.3wt% (Table 

3.1). The α is estimated to be ~0.27, meaning that 27% of colliding water molecules to 

the melt surface exchange oxygen isotopes at the melt surface.  

 

3.4 Application to the thermal history of CAIs 

Melilite is the first phase crystallizing from spinel-bearing CAI melt with 

type B CAI composition (Stolper, 1982). Melillite in type B CAIs shows typically 

Fig. 3.4. (a) Oxygen diffusion coefficient D and (b) surface isotopic exchange rate k as a 

function of heating duration. Dotted lines are the average values of D and k. 
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16O-poor oxygen isotopic compositions with a limited isotopic variation (McKeegan et 

al., 1996; Aléon, 2016; Kawasaki et al., 2018). Kawasaki et al. (2018) showed oxygen 

isotopic variation of melilite in a 1 cm-sized type B CAI is 1.3 ‰ in δ18O of 3.1 ‰ 

(2-sigma standard deviation) in respective of their åkermanite contents and the location 

of melilite. If the precursors of CAIs had 16O-rich isotopic compositions close to that of 

spinel (δ18O = –45.3‰ in Kawasaki et al., 2018), those observations indicate that 

melilite crystallized from the melt that was isotopically equilibrated with surrounding 

disk gas with 16O-poor isotopic compositions above the melilite liquidus temperature. 

Therefore I calculated time required to reach the isotopic exchange fraction of 97% as a 

function of PH2O (10–9 ≤ PH2O (bar) ≤ 5 × 10–4) at 1390°C for 1 mm- and 1 cm-sized 

partially molten CAI droplets because type B CAIs are sub-millimeter- to 

centimeter-sized objects (MacPherson, 2003; MacPherson et al., 2005; Simon et al., 

2018). The timescale was evaluated by the modified form of Eq. (3.2) to express oxygen 

isotopic exchange fraction for bulk (Crank, 1975);  

  
xdif . = 1−

6L2 exp −βn
2Dt a( )

βn
2 βn

2 + L L−1( ){ }n=1

∞

∑
,
   (3.6) 

where xdif. is the bulk exchange fraction. The value of L in Eq. (3.6) at a certain PH2O 

was calculated by Eqs. (3.4) and (3.5). I also evaluated the timescale at 1540°C by 

estimating the oxygen diffusion coefficient at 1540°C with an assumption that the 

activation energy for oxygen self-diffusion in CAIB melt is equal to that in basaltic melt 

reported by Lesher et al. (1996) (170 kJ mol–1) who reported the oxygen diffusion 

coefficient at 1390°C similar to that in this study. The temperature of 1540°C is 10 K 

lower than the experimentally-determined spinel liquidus of CAIB melt (Stolper, 1982), 

and the CAIB should be composed of melt and relict spinel at the temperature range of 

1390–1540°C.  

I also calculated the timescale of oxygen isotopic exchange reaction 

controlled only by the supply of water molecules. The supply-controlled oxygen 

isotopic exchange rate is expressed by 
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dxsupply

dt
=
α JwS 1− xsupply( )

VCO .
    (3.7) 

where xsupply is the bulk isotopic exchange fraction when the oxygen isotopic exchange 

reaction is controlled by the supply of water molecules, S is the melt surface, and V is 

the melt volume. The integral expression of Eq. (3.7) is given by 

  
xsupply = 1− exp −

α JwSt
VCO

⎛

⎝⎜
⎞

⎠⎟ .
    (3.8) 

Figures 5a and 5b show the timescales for exchange fraction of 99.5% in 1 mm- and 1 

cm-sized CAI melt droplets calculated by Eqs. (3.6) and (3.8) as expressed by tdif. and 

tsupply, respectively. The timescale required for oxygen isotopic equilibrium between 

H2O and CO (Alexander, 2004; J. R., Lyons, personal communication) and the 

timescale of oxygen self-diffusion in spinel with grain diameter of 10 µm at 1390 and 

1540°C (Ryerson and McKeegan, 1994) are also shown comparison. The ratios of tdif. 

and tsupply are shown in Fig. 3c and 3d for 1 mm- and 1 cm-sized CAI melt droplets, 

respectively. The ratios of tdif. and tsupply correspond to ~1 at PH2O ≤ ~10–6 bar for 1 

mm-sized droplet and at PH2O ≤ ~10–7 bar for 1 cm-sized droplet, suggesting that the 

oxygen isotopic exchange reaction is controlled by the supply of water molecules from 

gas at low PH2O. In contrast, at higher PH2O, tdif. is deviated from the lines of tsupply and 

shows almost constant values at PH2O > ~10–4 bar for 1 mm-sized droplet and PH2O > 

~10–5 bar for 1 mm-sized droplet. This suggests that oxygen isotopic exchange is 

controlled by diffusion inside the melt at higher PH2O. The transition from the 

supply-controlled reaction to the diffusion-controlled reaction occurs at higher PH2O at 

1540°C than that at 1390°C. This is because the supply-controlled reaction has weak 

temperature dependence as discussed in chapter 2 while the diffusivity increases with 

increasing temperature following the Arrhenius relation. The ratios of Ti3+ and Ti4+ in 

fassaite and hibonite in CAIs indicate that those minerals crystallized under reducing 

conditions, close to H2O/H2 ratio estimated from the Solar System abundance of 
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elements (H2/H2O~103; Lodders, 2003), if they were in equilibrium with disk gas 

(Beckett, 1986; Beckett et al., 1988). Therefore, PH2O of 10–6 and 10–9 bar would be the 

upper and lower limits of water vapor pressure during the formation of CAIs assuming 

that total pressure ranging from 10–3 and 10–6 bar (Wood and Morfill, 1988). If this was 

the case, the timescales required for CAI melts to equilibrate isotopically with disk gas 

would be mainly determined by the water supply-controlled reaction (Fig. 3.5), and the 

timescale does not differ significantly at temperatures from 1390°C to 1540°C. The 

time required for CAI melt to isotopically equilibrate with ambient water vapor is 

longer than ~30 hours for 1 mm-sized CAI and ~300 hours for 1 cm-sized CAI at PH2O 

of 10–6–10–9 bar. Therefore, type B CAIs (<1 cm) with homogeneous 16O-poor 

compositions of melilite would be heated above the melilite liquidus for at least a dozen 

days in a 16O-poor environment of the early Solar System. It is noted that CAIs would 

experience repeated heating processes (e.g. Yurimoto et al., 1998; Yoshitake et al., 

2005; Kawasaki et al., 2018), and these estimated heating time would be regarded as the 

total heating duration. It is also noted that spinel grains in CAIs have uniformly 16O-rich 

oxygen isotopic compositions, and relict spinel thus did not exchange oxygen isotopes 

with surrounding CAI melt during reheating processes (Kawasaki et al. 2018). Small 

spinel grains available for oxygen isotopic measurements by SIMS are typically 10 µm 

in size (2-3 µm-sized beam was used for measurements in Kawasaki et al. 2018). The 

timescales of oxygen self-diffusion in spinel with grain diameter of 10 µm at 1540 and 

1390°C are ~1 and 10 years, respectively, and CAI melt should not have been kept at 

temperatures of 1540°C for ~1 year and 1390°C for ~10 years.  

I note that the H2O-CO equilibration timescales at 1390 and 1540°C are 

always shorter than the oxygen isotopic exchange timescales of CAI melt, suggesting 

that CAI melt would exchange oxygen isotopes with water vapor that already 

isotopically equilibrated with CO gas. If this was the case, homogeneous oxygen 

isotopic compositions of melilite in type B CAIs would reflect the bulk oxygen isotopic 

composition of disk gas before and during the melilite crystallization from CAI melt. 
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respectively, and solid orange and red curves are tdif.  estim
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3.5 Conclusions 

Fundamental kinetic parameters for oxygen isotopic exchange of CAI melt 

with disk gas were obtained by conducting oxygen isotopic exchange experiments at 

1390°C between silicate melt with a type B CAI-like composition and water vapor with 

a pressure of 5 × 10–2 Pa to discuss the thermal history of CAIs in the earliest epoch of 

Solar System evolution. The heated samples were composed of glass and spinel. The 
18O fraction in the melt increased toward the surface of the sphere, and that at the 

surface increased with time, suggesting that the surface oxygen isotopic exchange and 

the volume diffusion simultaneously proceeded. Obtained oxygen isotopic profiles were 

explained by a three-dimensional spherical diffusion equation with a time-dependent 

surface concentration, yielding the oxygen diffusion coefficient of 1.87 × 10–7 cm2 sec–1 

and the surface oxygen isotopic exchange efficiency of ~0.27 for colliding water 

molecules. At temperatures above the melilite liquidus and plausible partial pressures of 

water vapor in the protosolar disk, oxygen isotopic exchange reaction between CAI melt 

(<1 cm) and water vapor would be mainly controlled by the supply of water vapor, and 

time required for the melt to isotopically equilibrate with disk water vapor is at least 

~300 hours for 1 cm-sized CAI melt. Homogeneous 16O-poor oxygen isotopic 

compositions of melilite in most natural type B CAIs suggests that type B CAIs would 

be heated for at least a dozen days in total in a 16O-poor environment during the 

(multiple) reheating processes in the early Solar System.  
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4. Summary and future works 
The mass-independent oxygen isotopic fractionation of primitive 

extraterrestrial materials is an evidence of mixing between 16O-rich and 16O-poor 

reservoirs in the early Solar System. Oxygen isotopic exchange kinetics between 

amorphous silicate/calcium-aluminum-rich inclusions (CAIs) and disk water vapor were 

experimentally investigated under protosolar-disk like low water vapor pressure (PH2O) 

conditions in this thesis.  

Oxygen isotopic exchange between amorphous silicates and water 

vapor and its implications to oxygen isotopic evolution in the early Solar System: 

The oxygen isotopic exchange reaction rate is controlled either by the diffusive isotopic 

exchange in the amorphous structure or by the supply of water molecules from gas 

phase. The diffusive oxygen isotopic exchange rates are given by D (m2 s–1)= (1.5 ± 

1.0) × 10–19 exp[–161.5 ± 14.1 (kJ mol–1) R–1 (1/T–1/1200)] for amorphous forsterite 

and D (m2 sec–1) = (5.0 ± 0.2) × 10–21 exp[–161.3 ± 1.5 (kJ mol–1) R–1 (1/T–1/1200)] for 

amorphous enstatite. The supply-controlled isotopic exchange rate was also evaluated 

for amorphous forsterite. The kinetics indicates that original isotopic signatures of 

amorphous silicate dust with grain diameters up to 1 µm would be erased through 

oxygen isotopic exchange with disk water vapor within the lifetime of disk gas if the 

dust was kept at temperatures above ~500–650 K. The oxygen isotopic exchange 

reaction between amorphous silicate and water vapor would also determine the 

survivability of presolar oxygen isotopic signatures of silicate grains prior to the 

incorporation into planetesimals.  

Oxygen isotopic exchange kinetics between calcium-aluminum-rich 

inclusion (CAI) melt and water vapor: The samples with a type B CAI-like 

composition heated at 1390°C and PH2O = 5 × 10–2 Pa for 3–24 hours were composed of 

melt and spinel. The 18O-fraction in the melt increased toward the surface of the sphere, 

and that at the surface increased with time, suggesting that the surface isotopic 

exchange and the oxygen diffusion in the melt simultaneously proceeded. Obtained 
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oxygen isotopic profiles were fitted with a three-dimensional spherical diffusion 

equation with a time-dependent surface concentration, yielding the oxygen diffusion 

coefficient of ~1.87 × 10–7 cm2 sec–1 and the surface oxygen exchange efficiency of 

~0.27 for colliding water molecules. According to the oxygen isotopic exchange 

kinetics in the protosolar disk, homogeneous 16O-poor isotopic compositions of melilite 

in most natural type B CAIs indicate that type B CAIs would be heated for at least a 

dozen days in total during the reheating processes above the liquidus temperature of 

melilite in a 16O-poor environment.  

The findings described here are the first fundamental and quantitative 

kinetic data for oxygen isotopic exchange between primitive materials (amorphous 

silicate dust and CAIs) and disk water vapor demonstrated under disk-like low water 

vapor pressure conditions to constrain physical and chemical conditions of the 

protosolar disk. I found through this research that the experimental investigation of 

oxygen isotopic exchange kinetics between those primitive materials and CO gas (less 

reactive than H2O though) will deepen our understanding of oxygen isotopic evolution 

of the Solar System more because 16O-rich CO gas is another end component that would 

have been responsible for oxygen isotopic evolution of primitive extraterrestrial 

materials. This kinetics will be examined through the near future experiments with 

similar experimental techniques.   
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