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Abstract 21 

Anoxic seawater may have played an important role in the preservation of volcanogenic 22 

massive sulfide (VMS) deposits in the Hokuroku district, northeast Japan, which is the 23 

type locality for Kuroko-type VMS deposits. In this study, we investigated the Fe isotopic 24 

compositions of sulfide ores and overlying ferruginous sedimentary rocks in these 25 

deposits. These data, coupled with petrographic and geochemical data, enable us to 26 

investigate the key formation processes and conditions during the formation of large 27 

Kuroko-type VMS deposits. Large Fe isotope variations of ca. 4‰ (δ56Fe) associated with 28 

negative or positive Ce anomalies characterize the ferruginous sedimentary rocks formed 29 

in the Kuroko VMS deposits and post-Kuroko hydrothermal activity. This suggests that 30 

iron (hydr)oxides were precipitated by the partial oxidation of dissolved Fe2+ derived 31 

from hydrothermal fluids in anoxic or suboxic pools in the Hokuroku Basin. Positive Eu 32 

anomalies in the ferruginous cherts closely associated with the Kuroko VMS deposits 33 

indicate formation from high-temperature hydrothermal fluids. Zinc-rich black ores in 34 

both the Matsumine and Fukazawa deposits have lower δ56Fe values, due to rapid 35 

precipitation of pyrite triggered by the mixing of hydrothermal fluids with seawater. 36 

Positive shifts in δ56Fe values in the ferruginous cherts from the Ezuri and Fukazawa 37 

deposits may be explained by simultaneous precipitation of ferruginous sedimentary 38 

rocks with black ores, which modified the δ56Fe values of the hydrothermal fluids to 39 

positive values. However, Cu-rich yellow ores show no significant Fe isotope 40 

fractionation as compared with the dissolved Fe in the hydrothermal fluids, and were 41 

likely formed by slow growth of pyrite that replaced the black ores. The difference in the 42 

abundance of sulfide ores between the Matsumine and Fukazawa deposits may reflect the 43 

duration of hydrothermal circulation. 44 
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Highlights 49 

• Fe isotopes were variable in ferruginous rocks during and after Kuroko formation 50 

• Anoxic pools in Hokuroku Basin may have facilitated preservation of sulfide ores 51 

• Prominent Eu anomalies in ferruginous rocks indicate association with VMS deposits 52 

• Fe isotopes in Zn-rich black ores are negatively shifted due to a kinetic effect 53 

• Duration of hydrothermal circulation is a primary control on ore grade and tonnage 54 

 55 

1. Introduction 56 

Volcanogenic massive sulfide (VMS) or volcanic-hosted massive sulfide 57 

(VHMS) deposits are important sources of base metals (e.g., Cu, Zn, and Pb) and precious 58 

metals (e.g., Ag and Au) worldwide. In general, VMS deposits have been considered to 59 

be stratabound hydrothermal deposits (i.e., associated with submarine volcanism and 60 

hydrothermal activity that was contemporaneous with deposition of the host volcanic 61 

and/or sedimentary rocks) and thus primarily formed on or near the seafloor by mixing 62 

of venting hydrothermal fluids with seawater (e.g., Franklin et al., 1981; Franklin et al., 63 

2005; Shanks and Thurston, 2012). VMS deposits are subdivided, based on tectonic 64 

setting and/or host-rock composition, into bimodal–mafic, bimodal–silicic, siliciclastic–65 

silicic, and pelitic–mafic types (e.g., Franklin et al., 2005; Shanks and Thurston, 2012). 66 

Numerous previous studies have been conducted on VMS deposits, which focused on 67 

their geodynamic setting, geology, volcanology, geochemistry (e.g., H, O, S, Sr, and Pb 68 



 4 

isotopes), geochronology, ore mineralogy and paragenesis, hydrothermal fluids, and host 69 

rock alteration, in order to construct models for ore formation and facilitate exploration 70 

(Franklin et al., 1981; Ohmoto and Skinner, 1983; Ohmoto, 1996; Large et al., 2001; 71 

Franklin et al., 2005; Shanks and Thurston, 2012; Tornos et al., 2015 and referenes 72 

therein). 73 

One focus of the study is the redox condition of ancient seawater during the 74 

formation of VMS deposits. Given that most VMS deposits are thought to form on the 75 

seafloor, long-term exposure to oxygenated seawater during ore body formation or before 76 

burial by overlying sediments would oxidize and dissolve the sulfide ore bodies. 77 

Therefore, some previous studies have proposed that anoxic or suboxic water conditions, 78 

which occurred either globally during the Precambrian or oceanic anoxic events (e.g., 79 

Slack et al., 2007; Slack et al., 2009; Nozaki et al., 2013), or locally (e.g., Goodfellow et 80 

al., 2003; Komuro et al., 2004; Menor-Salván et al., 2010), had an important role in the 81 

preservation of sulfide ores in VMS deposits. Various geochemical proxies have been 82 

used to infer the redox state of marine environments, such as S isotopes and redox-83 

sensitive elements in the overlying clastic sedimentary rocks (e.g., mudstones; 84 

Goodfellow et al., 2003). However, the geochemical signatures of the overlying chemical 85 

sedimentary rocks (i.e., exhalates; Slack, 2012) may provide more robust information on 86 

the geochemical conditions of hydrothermal fluids and seawater. These sediments are the 87 

products of fluid mixing and contain iron (hydr)oxides, including goethite and hematite, 88 

which sequester trace elements, such as rare earth elements (REEs; Miller et al., 2001; 89 

Grenne and Slack, 2005; Slack et al., 2007; Slack et al., 2009). 90 

The Hokuroku district, located in the northeastern Honshu arc in Japan, is a 91 

region where a cluster of VMS deposits have been found and were mined until the 1990s. 92 
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These deposits were formed in the late stages of back-arc rifting of the northeastern 93 

Honshu arc system in the middle Miocene. This is the type locality for Kuroko-type VMS 94 

deposits (Cox and Singer, 1986). This type is equivalent to the bimodal–silicic type 95 

deposit (e.g., Franklin et al., 2005). A typical Kuroko VMS deposit exhibits distinct ore 96 

zoning from top to bottom: barite, black, yellow, pyrite, and siliceous ores. The 97 

economically important ores are the black ore (sphalerite–galena–chalcopyrite–pyrite–98 

barite) that is enriched in Zn and Pb and yellow ore (pyrite–chalcopyrite) that is enriched 99 

in Cu (Sato, 1974). The outermost zone is typically overlain by thin ferruginous cherts, 100 

which are called “tetsusekiei” (translated literally from Japanese this means iron quartz) 101 

that are interpreted as being exhalates (Kalogeropoulos and Scott, 1983). Only a few 102 

Kuroko VMS deposits (e.g., Matsumine and Doyashiki) in the Hokuroku district contain 103 

all the ore zones (Franklin et al., 1981). The other deposits (e.g., Ainai, Fukazawa, and 104 

Ezuri) do not contain large pyrite or yellow ore zones. This distinct ore zonation has been 105 

explained by a replacement growth model (Eldridge et al., 1983; Ohmoto, 1996), in which 106 

Cu-bearing high-temperature (>300°C) hydrothermal fluid replaces the interior of pre-107 

existing black ore during the growth of ore bodies. This model has been generally 108 

accepted, although Urabe and Marumo (1991) suggested that yellow ore formation 109 

preceded black ore formation based on Pb isotope systematics of the ores. 110 

The Hokuroku district contains a depression structure (i.e., the Hokuroku Basin) 111 

that formed from submarine calderas (Ohmoto and Takahashi, 1983). Caldera formation 112 

may have had a key role in the generation of large fracture systems for hydrothermal 113 

circulation and, possibly, local anoxic pools for the preservation of sulfide ore bodies. 114 

Komuro et al. (2004) suggested that anoxic pools only occurred locally in the vicinity of 115 

Kuroko VMS deposits in the ore horizon in the Hokuroku Basin, based on S isotopes and 116 
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trace fossils in overlying mudstones. However, there is no other evidence for the former 117 

presence of anoxic water in the Hokuroku district. Ferruginous and/or ferromanganese 118 

sedimentary rocks have been recognized in the younger sedimentary rocks, which formed 119 

due to post-Kuroko hydrothermal activity (Tsukamoto et al., 2020). Consequently, a 120 

comparison of the geochemical characteristics of such rocks associated with the Kuroko 121 

VMS deposits might provide insights into the sedimentary environments in the Hokuroku 122 

Basin. Moreover, such a comparison might reveal the key factors involved in the 123 

formation and preservation of VMS deposits. 124 

Stable Fe isotopes have been recently widely used to understand geochemical 125 

conditions and processes involving Fe during both biological and non-biological 126 

processes under various conditions (Dauphas et al., 2017 and references therein). In 127 

geological samples, chemical sediments show the largest Fe isotope variations (Beard and 128 

Johnson, 2004), due to the effects of redox reactions (dissolved Fe2+ to Fe3+ hydroxides) 129 

in an open system (i.e., the ocean), such as Precambrian banded iron formations (BIFs). 130 

Iron isotope variations in BIFs have been interpreted to reflect partial oxidation in a 131 

redox-stratified ocean (e.g., Planavsky et al., 2009), bacterial iron reduction (e.g., 132 

Heimann et al., 2010), or sequestration of isotopically light Fe by sulfide precipitation 133 

(e.g., Rouxel et al., 2005). Ferruginous cherts associated with VMS deposits may have 134 

formed by similar geochemical processes (Slack et al., 2007), meaning that Fe isotope 135 

data for the cherts might provide insights into the conditions of the mineralizing 136 

hydrothermal fluids and seawater. Furthermore, Fe isotopic compositions of sulfide ores 137 

might also reveal the formation processes of the VMS ore bodies and overlying 138 

ferruginous cherts. Recent Fe isotope studies have been conducted on numerous sulfide 139 

ore deposits, including orthomagmatic Ni deposits (e.g., Hofmann et al., 2014), magmatic 140 
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to hydrothermal Fe deposits (e.g., Günther et al., 2017), porphyry Cu and Sn–W deposits 141 

(e.g., Wawryk and Foden, 2015; Li et al., 2018a; He et al., 2020), skarn deposits (e.g., 142 

Zhu et al., 2016), and hydrothermal Pb–Zn and Au deposits (Wang et al., 2017; Zhu et al., 143 

2018). However, few Fe isotope studies have been conducted on VMS, sedimentary 144 

exhalative (SEDEX), or Mississippi Valley-type (MVT) deposits (Gagnevin et al., 2012), 145 

all of which were formed by submarine hydrothermal activity. In contrast, sulfide deposits 146 

on the modern seafloor have been investigated (e.g., Rouxel et al., 2004; Rouxel et al., 147 

2008; Li et al., 2018b). 148 

The objectives of this study were to understand the redox state of seawater in the 149 

Hokuroku Basin, and investigate whether it had an important role in the preservation of 150 

sulfide ore bodies, based on Fe isotope compositions of the overlying ferruginous cherts 151 

and younger sedimentary rocks, along with petrographic and geochemical data. Specific 152 

trends in Fe isotopes and other geochemical data (e.g., REE patterns) associated with 153 

VMS deposits can be used as a guide for ore deposit exploration. We also determined the 154 

Fe isotope compositions of various sulfide ores (black and yellow ores) in the Kuroko 155 

VMS deposits to investigate the relationships between the sulfide ore bodies and 156 

ferruginous cherts. A comparison between Kuroko VMS deposits with different styles of 157 

mineralization (e.g., tonnage and dominant ore zone) may also provide insights into the 158 

key factors responsible for the formation of large Kuroko VMS deposits. 159 

 160 

2. Geological background 161 

The detailed geology of the Hokuroku district was described by Tanimura et al. 162 

(1983) and, more recently, by Yamada and Yoshida (2004; 2011). The basement consists 163 

of a Jurassic accretionary complex and Paleogene granitic rocks, which are 164 
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unconformably overlain by andesitic lava flows and tuffs (Fig.1; after Yamada et al., 165 

2012). Extensive bimodal volcanism associated with back-arc tectonism is evident as 166 

alternating basaltic lava flows (B2 and B3) and felsic (dacite–rhyolite) tuffs (T1–T4), and 167 

felsic intrusions (R1–R4). Mudstones (M1–M3) were deposited between the volcanic 168 

units and alternate with the felsic tuffs. In particular, the M2 mudstone is distributed 169 

throughout the Hokuroku Basin. 170 

Kuroko VMS deposits were formed in a specific horizon in the Hokuroku district, 171 

and are mostly hosted in the T3 tuff and overlain by the M2 mudstone. The deposits were 172 

generally associated with extensive hydrothermal activity related to R3 rhyolite domes 173 

(Fig. 1). The M2a mudstone is intercalated with felsic (R2) and basaltic lava flows (B2), 174 

which overlie some of the VMS deposits, such as the Fukazawa deposit (Yamada and 175 

Yoshida, 2011). Although VMS mineralization (e.g., Matsumine, Doyashiki, and Kosaka) 176 

occurs mostly in the western and eastern parts of the Hokuroku Basin, a few deposits (e.g., 177 

the Fukazawa and Ezuri deposits) also occur in the central part of the basin. 178 

The younger sedimentary rocks comprise alternating beds of pumice tuff (T2) 179 

and mudstone (M1b), as well as fine-grained tuff (T1) and siltstone (M1a; Fig. 1), which 180 

were intruded by felsic magmas (R1). Although no VMS deposits have been discovered 181 

in the younger sedimentary rocks, hydrothermal activity (i.e., post-Kuroko hydrothermal 182 

activity) is evident as Mn mineralization (Tsukamoto et al., 2020), as well as 183 

ferruginization and silicification of the sedimentary rocks. 184 

 185 

3. Samples and methodology 186 

3.1. Samples 187 

Ferruginous sedimentary rocks were obtained from three different stratigraphic 188 
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units in the Hokuroku district. They are classified into three groups based on the 189 

stratigraphy and their association with sulfide mineralization. 190 

Group A samples are ferruginous cherts associated with the Kuroko VMS 191 

deposits. Group A samples were mostly obtained from closed underground mines of the 192 

Doyashiki (DY), Kosaka (KS), Matsumine (MT), Ezuri (EZ), and Fukazawa (FZ) 193 

deposits, which were provided by the DOWA Metal & Mining (DOWA) and Tohoku 194 

University. However, samples from the Kannondo deposit were obtained from an outcrop 195 

as this deposit has not been mined and is accessible on the surface. The samples from the 196 

Kannondo and Doyashiki deposits (Kitazono and Ueno, 2003) were combined (DY1 to 197 

DY10; Supplementary Table 1), as these deposits are located close to each other. 198 

Group B samples are ferruginous and/or ferromanganese sedimentary rocks 199 

formed during post-Kuroko hydrothermal activity in the T2 or M2 unit, which are from 200 

Nittobe (NT), Nagatoro (NR), and Koyukisawa (KY). Although some samples contain 201 

significant amounts of detrital and tuffaceous components (e.g., NR3 and KY5), the other 202 

samples are cherty and appear to be typical ferruginous cherts closely associated with 203 

VMS deposits (e.g., NT3 and KY10). All the samples were obtained from outcrops, 204 

except for KY8, which was obtained from a drill core. 205 

Group C samples are ferruginous sedimentary rocks in the younger M1 mudstone, 206 

from Shinekari (SN) and Daimyojin (DM). Both samples are reddish silicified siltstones 207 

that were collected from outcrops. 208 

Sulfide ore samples from the contrasting Matsumine and Fukazawa deposits were 209 

examined, both of which were also obtained from DOWA and Tohoku University. All the 210 

sulfide ore samples were originally taken from underground mines operated by DOWA. 211 

The Matsumine deposit was estimated to have ca. 24 million tons (Mt) of ore reserves 212 
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(reserves + possible reserves) in 1971, including ca. 10 Mt of yellow ore (2.4 wt.% Cu) 213 

and 2.3 Mt of black ore (9.4 and 3.8 wt.% of Zn and Pb, respectively). The Fukazawa 214 

deposit was estimated to have 2.4 Mt of ore reserves in 1984, including 0.3 Mt of yellow 215 

ore (1.5 wt.% Cu) and 1.0 Mt of black ore (22.4 and 5.5 wt.% of Zn and Pb, respectively). 216 

Therefore, the Matsumine deposit can be described as a yellow ore-rich (i.e., Cu-rich), 217 

large-sized deposit, whereas the Fukazawa deposit is a black ore-rich, medium-sized 218 

deposit (Ohmoto, 1996; Mosier et al., 2009). Representative black ores (sphalerite- and 219 

galena-rich) and yellow ores (chalcopyrite-rich) were obtained from each deposit. Pyrite-220 

rich ores from the Matsumine deposit were also analyzed. 221 

 222 

3.2. Analytical methods 223 

Polished thin-sections and thick-sections were examined with an Olympus BX60 224 

optical microscope. Mineral identification was verified with a scanning electron 225 

microscope (SUPERSCAN SSX-550, Shimadzu). Whole-rock major element 226 

compositions of the ferruginous sedimentary rocks were determined by X-ray 227 

fluorescence (XRF; MagiX PRO; PANalytical) spectrometry with a Rh tube. The 228 

powdered samples were heated for 20 h at 1050°C to remove volatile components and 229 

calculate loss-on-ignition (LOI) values. A mixture of 0.4 g of dried sample and 4 g of 230 

Li2B4O7 was then placed in a Pt crucible, heated at 1000°C for 8 min in a TK-4100 bead 231 

sampler, and then cooled, resulting in a fused glass disc that was used for whole-rock 232 

XRF analysis. 233 

Trace element concentrations of the ferruginous sedimentary rocks and major 234 

and trace element concentrations of the sulfide ores were determined by inductively 235 

coupled plasma atomic emission spectroscopy (ICP-AES; ICPE-9000; Shimadzu) and 236 
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ICP mass spectrometry (ICP-MS; iCap Qc; Thermo Scientific) on acid-digested samples 237 

using the method of Yokoyama et al. (1999). Rhodium was used as an internal standard 238 

for the ICP-MS analysis. Although we attempted to achieve total digestion of the solid 239 

samples, some samples had residues, which were likely insoluble barite. Given that Ba 240 

oxides (135Ba16O+) are known to interfere with Eu (151Eu+) during ICP-MS analysis, we 241 

did not attempt further processing to achieve complete dissolution. Oxide formation was 242 

monitored with the CeO/Ce ratio and maintained below 0.5% to minimize oxide 243 

interferences. Samples containing 1000–5000 ppm Ba were corrected for the isobaric 244 

interference on 151Eu. For samples with >5000 ppm Ba, Eu concentrations are considered 245 

unreliable, and therefore their REE patterns are not reported. Manganese concentrations 246 

are only reported for the ferruginous sedimentary samples that were below the detection 247 

limits of the XRF analysis, as XRF data are more reliable at higher Mn concentrations. 248 

Ce and Eu anomalies (Ce/Ce* and Eu/Eu*) in REE patterns normalized to Post-Archean 249 

Australian Shale (PAAS; McLennan, 1989) were calculated based on these equations: 250 

Ce/Ce* = Ce(SN)/(0.5La(SN) + 0.5Pr(SN))    (1) and 251 

Eu/Eu* = Eu(SN)/(0.66Sm(SN) + 0.33Tb(SN))    (2), 252 

where La(SN), Ce(SN), Pr(SN), Sm(SN), Eu(SN), and Tb(SN) are PAAS-normalized values for 253 

each element (Planavsky et al., 2010). 254 

Iron isotopic compositions were measured with a multi-collector (MC)-ICP-MS 255 

(Neptune Plus, Thermo Scientific) at the Research Institute for Humanity and Nature 256 

(RIHN), Kyoto, Japan. Iron was purified from acid-digested samples by chromatographic 257 

separation using columns compacted with anion exchange resin (AG1-X8 200–400 mesh; 258 

Bio-Rad) followed the method of Ito et al. (2017), which in turn was modified after 259 

Borrok et al. (2007). Dissolved samples were loaded onto the columns with 1 mL of 8 M 260 
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HCl, and the matrix was eluted with 5 mL of 8 M HCl and 5 mL of 3 M HCl. Iron was 261 

collected in 4 mL of 0.4 M HCl. The purification process was performed twice for the 262 

ferruginous sedimentary rock samples and three times for the sulfide ore samples. Finally, 263 

the samples were re-dissolved and diluted in 1% HNO3 to obtain 10 mL of 0.5 ppm Fe 264 

solutions. 265 

Iron isotope ratios were obtained in medium-resolution mode (M/ΔM = 8000–266 

9000) to avoid the major isobaric interferences of 40Ar14N+, 40Ar16O+, and 40Ar16OH+ on 267 

54Fe, 56Fe, and 57Fe, respectively (Weyer and Schwieters, 2003). Interferences of 54Cr+ on 268 

54Fe+ and 58Ni+ on 58Fe+ were corrected using 54Cr/52Cr = 0.0282 and 58Ni/60Ni = 2.616 269 

(Beard and Johnson, 1999). The isotope ratios are reported using the delta notation as the 270 

per mil (‰) deviation of the 56Fe/54Fe ratio of the samples relative to that of IRMM-014b 271 

(Institute for Reference Materials and Measurements) using the following equation: 272 

δ56FeIRMM-014b = [(56Fe/54Fe)sample/(56Fe/54Fe)IRMM-014b − 1] × 103 (3) 273 

The reproducibility of the samples was better than ±0.10‰ (2σ). External reproducibility 274 

of our laboratory reference material (Merck Fe solution) was ±0.11‰ (2σ, n = 36). 275 

 276 

4. Results 277 

4.1. Petrography and mineralogical compositions 278 

The ferruginous sedimentary rocks are typically composed of microcrystalline 279 

hematite and quartz, although acicular iron oxide crystals, which are possibly 280 

pseudomorphs of goethite, were also found in some samples (Fig. 2a). These ferruginous 281 

cherts are typical of Group A samples, which are associated with Kuroko VMS deposits 282 

(e.g., DY2, EZ1, EZ4, and FZ2), but also characterize some Group B and C samples (e.g., 283 

NT2 and SN1). The ferruginous cherts also contain minor amounts of pyrite (±other 284 
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sulfide minerals, such as sphalerite and chalcopyrite). Some Group A samples (e.g., DY1, 285 

KS3, and MT1; Fig. 2b) contain significant amounts of barite in addition to the sulfide 286 

minerals. Other Group A samples (KS2, DY7, and MT2; Fig. 2c) contain unaltered and 287 

altered detrital minerals (e.g., plagioclase, sericite, quartz, and ilmenite) and tuff 288 

fragments (e.g., zeolite and chlorite). Barite is more prominent in samples that are more 289 

closely associated with the sulfide ore bodies. Detrital minerals were common in Group 290 

B and C samples, and also those Group A samples distal from the ore bodies. However, 291 

hematite occurs interstitial to microcrystalline quartz in these samples. Group B samples 292 

from Koyukisawa (KY) are tuffaceous, but also contain microcrystalline hematite as well 293 

as Mn-bearing calcite (e.g., KY8). Some samples also contain significant amounts of Mn-294 

bearing minerals (e.g., DY10, EZ5, and MT3; Fig. 2d). The blackish areas of these 295 

samples are mostly dominated by Mn oxides, and Mn is also hosted by carbonate and 296 

silicate minerals. Manganese-bearing carbonate minerals may have colloform structures, 297 

with alternating layers of hematite (or goethite) and microcrystalline quartz (Fig. 2d). 298 

Black ores are composed predominantly of sphalerite, pyrite, and galena, which 299 

are finely intergrown though larger sphalerite grains that contain minute pyrite crystals 300 

(Fig. 2e). Pyrite is either euhedral or anhedral, and occasionally has a colloform texture. 301 

Some sphalerite and galena also have a dendritic texture. Barite forms large euhedral 302 

crystals and occupies the interstices of sulfide minerals. Copper-bearing minerals are 303 

dominated by chalcopyrite, whereas some samples also contain tetrahedrite. No 304 

significant difference in the petrography of the black ores was observed between the 305 

Fukazawa and Matsumine deposits, except for one sample from Matsumine (MT57) 306 

containing abundant bornite and chalcocite. Yellow ores are predominantly composed of 307 

large euhedral crystals of pyrite and interstitial chalcopyrite (Fig. 2f). Although yellow 308 
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ores are rare in the Fukazawa deposit, the mineralogical compositions and textures are 309 

similar in the Fukazawa and Matsumine deposits. The petrography of the pyrite ores is 310 

similar to that of the yellow ores, but contain significantly less chalcopyrite and are 311 

mostly dominated by large euhedral pyrite crystals. 312 

 313 

4.2. Major and trace elements 314 

The ferruginous sedimentary rocks have variable Fe2O3 contents from <1 wt.% to 315 

56 wt.% (Supplementary Table 1). The Group A samples have a wider range of Fe2O3 316 

contents than the other groups (Fig. 3a). Group C samples tend to have lower Fe2O3 317 

contents. Al2O3 contents are also variable, ranging from below XRF detection limits 318 

(<0.05 wt.%) to 17 wt.%, similar to values for normal clastic sedimentary rocks (e.g., 319 

18.9 wt% for PAAS; Condie, 1993). Group A samples have a lower median value for 320 

Al2O3 contents than Group B and C samples (Fig. 3b). MnO is the most variable 321 

component, with a concentration range of five orders of magnitude (Fig. 3c). Although a 322 

few Mn-rich samples in Group A contain up to 50 wt.% MnO, Group B samples tend to 323 

have higher MnO contents than Group A samples on average. 324 

Some Group A samples are rich in transition metals, such as Cu and Zn, with 325 

values exceeding 1 wt.% (10,000 ppm; e.g., DY1, KS3, and MT1; Supplementary Table 326 

2-1). Barium concentrations are also high (>1 wt.%) in some samples, although some 327 

barite-rich samples do not have high Ba concentrations (e.g., KS4 and MT1), indicating 328 

incomplete dissolution of barite during sample digestion. Total REE (SREE) 329 

concentrations vary from 0.5 to ca. 200 ppm (Supplementary Tables 2-1 and 2-2), as 330 

compared with the SREE concentration of PAAS of 185 ppm (McLennan, 1989). REE 331 

patterns of the ferruginous sedimentary rocks normalized to PAAS show that many Group 332 
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A samples have distinct positive Eu anomalies, particularly for those with lower SREE 333 

concentrations (Fig. 4a). Many Group A samples also have either positive or negative Ce 334 

anomalies. In contrast, the REE patterns of Group B and C samples have slightly positive 335 

or no Eu anomalies, and many of these samples have prominent negative or positive Ce 336 

anomalies (Fig. 4b). 337 

The chemical compositions of the sulfide ores are distinctive, reflecting the ore 338 

type. Black ores are generally enriched in Zn (18–39 wt.%), and contain variable amounts 339 

of Pb (0.9–12 wt.%) and Cu (0.4–30 wt.%; Supplementary Table 3). The Fe contents of 340 

the black ores are also variable (0.2–18 wt.%). The yellow and pyrite ores have much 341 

higher Fe contents (ca. 45 wt.%) as compared with the black ores. 342 

 343 

4.3. Fe isotopes 344 

δ56Fe values of the ferruginous sedimentary rock samples exhibit a wide 345 

variation of ca. 4‰ (–1.75‰ to +2.00‰; Supplementary Table 4; Fig. 5a). The δ56Fe 346 

values of many samples are significantly fractionated from that of dissolved Fe in typical 347 

high-temperature, seafloor hydrothermal fluids (-0.7 to -0.1‰; Sharma et al., 2001; 348 

Severmann et al., 2004; Rouxel et al., 2008) and Fe in igneous and clastic sedimentary 349 

rocks (-0.1 to +0.4‰; Dauphas et al., 2017). Group A ferruginous sedimentary rock 350 

samples from the Doyashiki (DY), Kosaka (KS), and Matsumine (MT) deposits tend to 351 

have lower δ56Fe values (–1.57‰ to +0.20‰), as compared with those from the Ezuri 352 

and Fukazawa deposits (–0.49‰ to +2.00‰). Many Group B samples, which formed 353 

during post-Kuroko hydrothermal activity, also have fractionated Fe isotopes, with both 354 

positive and negative values (–1.75‰ to +0.69‰). The Group C samples of the younger 355 

sedimentary rocks have a small range of δ56Fe values (–0.52‰ to +0.11‰). 356 
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Analyses of sulfide ores in the Matsumine and Fukazawa deposits showed that 357 

the Zn-rich black ores have low δ56Fe values (as low as –1.78‰), whereas the Cu-rich 358 

yellow ores have values of ca. –0.5‰, similar to those of dissolved Fe in seafloor 359 

hydrothermal fluids (Fig. 5b). No significant difference in sulfide δ56Fe values was 360 

observed between the Matsumine and Fukazawa deposits. 361 

 362 

5. Discussion 363 

5.1. Sedimentary environments during and after the formation of the Kuroko VMS 364 

deposits 365 

Many of the ferruginous sedimentary rock samples examined in this study contain 366 

chemical (i.e., authigenic) precipitates, such as microcrystalline quartz and hematite, as 367 

well as Mn-bearing minerals (Fig. 2). However, some samples also contain clastic 368 

components. This is consistent with a previous study that investigated the mineralogy and 369 

geochemistry of ferruginous sedimentary rocks associated with a Kuroko VMS deposit 370 

(i.e., Fukazawa) in the Hokuroku region (Kalogeropoulos and Scott, 1983). Petrographic 371 

observations show that Mn is hosted not only by Mn oxides, but also by carbonate and 372 

silicate phases. However, the carbonate and silicate phases were likely formed by 373 

reduction of Mn oxides during sediment burial. Although Mn and other associated trace 374 

elements could have been lost during these mineral transformations, the following 375 

discussion indicates that the samples preserve geochemical signatures inherited from 376 

fluids or generated during precipitation. 377 

Iron and Mn oxides can be used to identify the sedimentary environment of their 378 

formation, as these phases sequester trace elements from seawater and/or hydrothermal 379 

fluids via adsorption or co-precipitation (German et al., 1990; Bau, 1999; Ohta et al., 380 
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1999). For example, the REE patterns of the ferruginous sedimentary rock samples have 381 

non-flat patterns when normalized to PAAS (Fig. 4). This indicates that significant 382 

amounts of REEs were chemically added to the sediments during their deposition. A trend 383 

of heavy REEs enrichment relative to light REEs, and Ce and Eu anomalies, are typical 384 

of some Precambrian BIFs (Planavsky et al., 2010), suggesting that adsorption onto Mn 385 

oxides contributed as the additional input of REEs into both the BIFs and ferruginous 386 

sedimentary rocks in this study (Ohta and Kawabe, 2001). However, samples that have a 387 

high SREE concentration are more affected by clastic components, as indicated by a 388 

positive trend between SREE and Ti concentrations (Fig. S1a). Therefore, the 389 

geochemical signatures reflecting seawater or hydrothermal fluids are most prominent in 390 

the samples with lower SREE concentrations (Fig. 3).  391 

Marked positive Eu anomalies were observed in the ferruginous sedimentary 392 

rocks, particularly those of Group A (Figs 4a and 6a), which are indicative of a high-393 

temperature (>250°C) hydrothermal fluid. Such fluids have a distinct positive Eu 394 

anomaly due to breakdown of Eu-rich plagioclase during fluid–rock interactions (German 395 

et al., 1990; Mills and Elderfield, 1995). No clear correlation was observed between 396 

Ba/Eu concentration ratios and Eu anomalies (Fig. S1b), indicating that the Eu anomalies 397 

are not an analytical artifact. The positive Eu anomalies in Group A samples are also 398 

consistent with their direct or close association with the Kuroko VMS deposits. Although 399 

Ohmoto (1996) suggested that most ferruginous cherts associated with VMS deposits 400 

were formed from a low-temperature fluid (<150°C), our study suggests that these cherts 401 

may have formed from a high-temperature (>250°C) hydrothermal fluid at the same time 402 

as sulfide ore formation. Group B samples also show positive Eu anomalies, indicating 403 

that they also likely formed from a hydrothermal fluid. However, the Eu anomalies in 404 
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Group B samples are much smaller than those in Group A samples, suggesting formation 405 

from either a lower temperature fluid or that with a smaller input of hydrothermal fluid 406 

as compared with Group A samples. This further implies that higher temperature fluids 407 

or greater hydrothermal activity was required for the formation of the Kuroko VMS 408 

deposits. Positive Eu anomalies in exhalates have also been reported for other VMS 409 

deposits (e.g., Miller et al., 2001; Grenne and Slack, 2005; Slack et al., 2007; Slack et al., 410 

2009). Grenne and Slack (2005) estimated that even 0.03%–0.1% of a contribution from 411 

hydrothermal fluid is enough to develop a positive Eu anomaly in exhalates, if the 412 

hydrothermal fluid has a distinctive positive Eu anomaly, such as those at the TAG site 413 

on the Mid-Atlantic Ridge (Mills and Elderfield, 1995). 414 

Positive and negative Ce anomalies characterize many Group A and B samples 415 

(Fig. 4). The negative Ce anomalies indicate that the REEs were also sequestered from 416 

oxygenated seawater in addition to hydrothermal fluids, because REE patterns of 417 

oxygenated seawater have a distinct negative Ce anomaly due to preferential removal of 418 

Ce into marine sediments (Byrne and Sholkovitz, 1996). Negative Ce anomalies are also 419 

observed for samples with high SREE and Ti concentrations (Fig. S2a), which might 420 

indicate that the anomalies resulted from later alteration or oxidation during weathering 421 

(e.g., Hayashi et al., 2004), particularly in the case of samples collected from outcrops 422 

(i.e., Groups B and C). However, Group A samples should not have been affected by 423 

weathering, because they were obtained from underground mines. In addition, positive 424 

Ce anomalies tend to be found in Mn-rich samples in both Group A and B samples (Fig. 425 

6b). Because Mn oxides promote oxidation of Ce3+ to insoluble Ce4+, ferromanganese 426 

nodules in modern oceans bear positive Ce anomalies (Ohta et al., 1999; Ohta and 427 

Kawabe, 2001) regardless that REEs are adsorbed from oxygenated seawater with a 428 
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distinct negative Ce anomaly. Therefore, positive Ce anomalies in Mn-rich samples in the 429 

Hokuroku basin suggest that Mn oxides were primarily precipitated from oxygenated 430 

seawater. Although the mineralogy of the Mn-rich samples was modified during 431 

diagenesis, as indicated by petrographic observations, the Ce anomalies were likely 432 

inherited from seawater or generated during chemical precipitation of the sediments (Kato 433 

et al., 2006). An apparent Ce anomaly might result from a positive La anomaly; however, 434 

on a Ce anomaly vs. Pr anomaly diagram (Bau and Dulski, 1996) almost all the samples 435 

have true (i.e., not apparent) positive or negative Ce anomalies (Fig. S2b). 436 

Large Fe isotope variations (–1.75‰ to +2.00‰) were observed in the ferruginous 437 

sedimentary rocks from Groups A and B (Fig. 5). This range is as large as the Fe isotope 438 

variations of oxide phases (i.e., hematite and magnetite) in BIFs throughout Earth’s 439 

history (~-2.5 to ~+2‰; Dauphas et al., 2017), indicating that Fe was enriched in the 440 

studied samples by chemical precipitation during sedimentation. Furthermore, the large 441 

Fe isotope variations are indicative of Rayleigh-type fractionation associated with partial 442 

oxidation of dissolved Fe2+ derived from hydrothermal fluids. The partial oxidation 443 

occurred by mixing of hydrothermal fluids with oxygenated seawater, which is supported 444 

by the observation that many samples with fractionated δ56Fe values also have negative 445 

Ce anomalies (Fig. 7a). If the partial oxidation occurred in a completely oxygenated open 446 

ocean, then δ56Fe values would shift to negative values with increasing Mn/Fe ratios, 447 

because of the difference in the oxidation rate of Mn2+ and Fe2+ that has been observed in 448 

ferromanganese sediments in recent marine hydrothermal systems (e.g., Chu et al., 2006; 449 

Rouxel et al., 2018). However, the samples in the present study do not show a correlation 450 

between δ56Fe values and Mn/Fe ratios (Fig. 7b), indicating that the geochemical behavior 451 

of Mn and Fe was decoupled. 452 
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Our whole-rock Fe isotope data for the ferruginous sedimentary rocks could have 453 

been affected by Fe derived from clastic materials or sulfide minerals present in the 454 

samples, and not solely reflect chemically precipitated Fe oxides. However, because the 455 

Fe from the clastic materials should have δ56Fe ~ 0‰, similar to igneous or clastic 456 

sedimentary rocks (Dauphas et al., 2017), this would only reduce the δ56Fe variations. 457 

Although no clear trend between the abundance of sulfide minerals and δ56Fe values was 458 

observed, sulfide minerals (e.g., pyrite) may have δ56Fe values that are lower than 459 

hematite (Rouxel et al., 2004; Rouxel et al., 2008), which could affect the whole-rock Fe 460 

isotope data. Bennett et al. (2009) reported that the difference between Fe-sulfide and Fe-461 

oxyhydroxide (Δ56FeFe-sulfide–Fe-oxyhydroxide) in the same hydrothermal plume was -0.70‰. 462 

Therefore, we evaluated the effects of pyrite on the whole-rock Fe isotope data in some 463 

relatively pyrite-rich samples by analyzing the Fe isotope compositions of pyrite and 464 

hematite that were handpicked from crushed samples. The results show that the whole-465 

rock Fe isotope compositions of most samples are close to that of hematite, whereas δ56Fe 466 

values of pyrite were either lower or higher than that of hematite (Fig. S3). In addition, 467 

because pyrite contents were low in most samples, the whole-rock Fe isotope 468 

compositions can be assumed to approximate that of hematite. Bacterial iron reduction 469 

during burial of the sediments could have also significantly altered the Fe isotope 470 

signature (e.g., Yamaguchi et al., 2005). However, organic matter contents were likely 471 

very low in these samples, and no evidence of reduction of iron oxides (e.g., formation 472 

of magnetite or siderite) was observed. Although some of the ferruginous sedimentary 473 

rocks may have been subjected to weathering in the outcrops, this is unlikely to have 474 

significantly altered the whole-rock Fe isotope compositions because Fe3+ has limited 475 

mobility in oxidized environments. Therefore, the δ56Fe values of the ferruginous 476 
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sedimentary rocks studied here most likely reflect the primary signature when Fe 477 

(hydr)oxides were chemically precipitated due to mixing of hydrothermal fluids and 478 

seawater. 479 

δ56Fe variations observed in the ferruginous sedimentary rocks can be modeled 480 

using two-step Rayleigh-type fractionation (e.g., Moeller et al., 2014), in which Fe 481 

isotope fractionation during oxidative precipitation of dissolved Fe2+ is explained by the 482 

following processes (e.g., Beard and Johnson, 2004; Dauphas and Rouxel, 2006): 483 

Fe2+
(aq) ⇋ Fe3+

(aq) → Fe3+(s)     (4), 484 

where an equilibrium isotope effect occurs in the first step between aqueous ferrous iron 485 

(Fe2+
(aq)) and ferric iron (Fe3+

(aq)) and a kinetic isotope effect occurs in the second step 486 

during precipitation of ferric iron (Fe3+
(s)) from Fe3+

(aq). The overall isotope effects are 487 

determined by rate constants (k1 and k2) and fractionation factors (α1 and α2) governed by 488 

temperature in both steps. We assumed that the ferruginous cherts were precipitated at ca. 489 

100°C, based on the oxygen isotope study of Tsutsumi and Ohmoto (1983), and used 490 

+2.0‰ for α1 (Fujii et al., 2014) and –0.8‰ for α2 (Skulan et al., 2002). Because no data 491 

are available for either k1 or k2 at the relevant temperature, we used the values at 25°C (k1 492 

= 0.0827; k2/k1 = 10) from Beard and Johnson (2004). Although k1 and k2 should be higher 493 

at 100°C than these values, isotopic ratios of each species are not significantly affected 494 

by the increase in k1 and k2 in the model because k1 = 0.0827 and k2/k1 = 10 are already 495 

high enough to quickly reach the steady state concentrations.  496 

The results of our model calculations in both open and closed systems using the 497 

above parameters show that the model, particularly in an open system, can explain the Fe 498 

isotope variations observed in most Group A and B samples with negative shifts in δ56Fe 499 

when the initial δ56Fe value for Fe2+
(aq) was assumed to be –0.5‰ (e.g., Rouxel et al., 500 
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2008; Fig. 8a). Furthermore, the model can explain the positive shifts in δ56Fe values as 501 

observed in the Ezuri and Fukazawa deposits (Fig. 5a), if the initial δ56Fe value of Fe2+
(aq) 502 

was as high as +0.5‰ (Fig. 8b). Therefore, we suggest that the initial δ56Fe value of 503 

Fe2+
(aq) was +0.5‰, possibly due to the precipitation of pyrite in black ores during the 504 

formation of the ferruginous cherts in the Ezuri and Fukazawa deposit (see section 5.2).  505 

Note that the temperature at which Fe3+
(s) precipitated (i.e., 100°C) may not be 506 

accurately estimated. Tsutsumi and Ohmoto (1983) assumed the isotopic equilibrium 507 

between hematite and quartz to estimate the formation temperature of the ferruginous 508 

cherts. However, they can be in a disequilibrium assemblage or reset by recrystallization 509 

during diagenesis. Then, the temperature at which Fe3+
(s) precipitated may have been 510 

lower than 100°C. Whereas temperature dependency of Fe isotope effect during oxidative 511 

precipitation of Fe2+
(aq) is not well understood, the overall isotope effect can be relatively 512 

constant at variable temperatures due to offsetting changes in α1 and α2 values. In the case 513 

that α1 is more sensitive than α2 to the temperature change as implied by Skulan et al. 514 

(2002) and Beard et al. (2010), the overall isotope effect would have been larger at a lower 515 

temperature, which makes the model more feasible to explain the observed variation in 516 

δ56Fe values with a smaller fraction of Fe3+
(s). 517 

The positive Eu and negative Ce anomalies, and large Fe isotope fractionations 518 

that are decoupled from Mn, can be best explained if the seawater was locally redox-519 

stratified at the bottom of the Hokuroku Basin. Partial oxidation of dissolved Fe2+ in a 520 

hydrothermal fluid likely occurred at the redox interface, at which precipitated iron 521 

(hydr)oxides may have sequestered REEs from both hydrothermal fluids and oxygenated 522 

seawater (Fig. 9). There is a possibility that the bottom water was suboxic (<5 μmol/l of 523 

dissolved O2 concentration), not completely anoxic. For example, Slack et al. (2007) 524 
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propose that late Paleoproterozoic ferruginous cherts and iron formation in Arizona, USA 525 

were formed under suboxic conditions, primarily based on REE patterns showing weak 526 

positive and negative Ce anomalies. Partial oxidation of Fe2+
(aq) derived from 527 

hydrothermal fluids under suboxic conditions may have also caused a large Fe isotope 528 

fractionation with decoupling Fe and Mn behaviors.  529 

The extent of Fe isotope fractionation was likely determined by the balance 530 

between the hydrothermal influx and outflux to the sink. If the hydrothermal Fe influx or 531 

reserves in a pool were large enough to maintain a relatively constant dissolved Fe 532 

concentration and isotopic composition, then heavy δ56Fe values (e.g., ca. +0.5‰) with 533 

minimal variation would be expected for the precipitated iron (hydr)oxides due to the 534 

isotope effects during oxidative precipitation of dissolved Fe2+ (e.g., ~+1‰; Bullen et al., 535 

2001; Beard et al., 2010). However, Rayleigh-type fractionation was recognized in the 536 

present study, suggesting that the Fe influx from hydrothermal fluids was rather limited. 537 

We also suggest that the anoxic or suboxic pools were not large enough to maintain a 538 

constant Fe isotopic composition, possibly due to these representing local depressions in 539 

the Hokuroku Basin. Decoupling of Mn and Fe suggests that Mn oxides were mostly 540 

dissolved in the anoxic or suboxic pools, although they may have also formed at the redox 541 

interface (Fig. 9). Mn oxides preserved in the Mn-rich samples were probably formed at 542 

the edges of the depressions that were in oxidized environments. Most Mn-rich (i.e., high 543 

Mn/Fe ratio) samples have positive Ce anomalies due to selective oxidation of Ce3+ to 544 

Ce4+ in oxidized conditions (Ohta and Kawabe, 2001). 545 

The localized anoxic or suboxic pools may have had an important role in the 546 

preservation of the sulfide ores that were exposed to the seafloor, as otherwise these 547 

would have been oxidized and dissolved (or transformed into iron hydroxides). However, 548 
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our Fe isotope data indicate that the anoxic or suboxic pools were also present during 549 

post-Kuroko hydrothermal activity when Group B samples were deposited, because their 550 

Fe isotope variations are as large as those in Group A (Fig. 5). Therefore, redox 551 

stratification at the bottom of the Hokuroku Basin persisted for a significant period of 552 

time (ca. 3 Myr), even though the Kuroko VMS deposits were only formed in one 553 

particular stratigraphic interval. This was probably due to differences in the intensity of 554 

hydrothermal activity, as highlighted by the marked Eu anomalies of Group A samples. 555 

Fe isotope data in Group C suggests that the Hokuroku basin became completely oxic 556 

because Fe oxides in the samples inherited the isotope compositions of Fe2+
(aq) in 557 

hydrothermal fluids (i.e., ~-0.5‰) by quantitative oxidation. Although it is possible that 558 

the narrow range in the δ56Fe values is caused by sampling bias due to the limited sample 559 

number in Group C (n = 5), the geochemical trends are consistent with the geological 560 

history, in which the Hokuroku basin became shallower associated with uplifting the 561 

region starting ~12 Ma (Yamada and Yoshida, 2011). 562 

 563 

5.2. Sulfide ore formation processes inferred from Fe isotopes 564 

δ56Fe values of most Group A samples, which are associated with the Kuroko 565 

VMS deposits, are shifted to negative values, whereas those from the Fukazawa and Ezuri 566 

deposits are shifted to positive values (Fig. 5a). These differences may provide insights 567 

into the formation of the ore bodies or physicochemical conditions of the mineralizing 568 

fluids. These differences are also evident from the observation that the Fukazawa and 569 

Ezuri deposits are located in the central area of the Hokuroku Basin, and that the 570 

Fukazawa deposit contains only a small amount of yellow ore. Iron isotope data for 571 

sulfide ores from the Fukazawa and Matsumine deposits are similar, and the black ores 572 
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have lower 56Fe values than the yellow and pyrite ores (Fig. 5b). The negative δ56Fe 573 

values of the black ores likely reflect rapid precipitation of pyrite. Syverson et al. (2013) 574 

experimentally demonstrated that a kinetic isotope effect (ca. –0.5‰) on Fe isotopes (i.e., 575 

δ56Fe) occurs during the initial precipitation of pyrite at 300–350°C. This kinetic isotope 576 

effect could be even larger at the lower temperatures at which the black ores were formed 577 

(e.g., 150–300°C; Ohmoto, 1996), when pyrite was rapidly precipitated by mixing with 578 

seawater. The black ores comprise fine-grained pyrite that is intergrown with sphalerite 579 

and galena (Fig. 2e), which also indicates the rapid precipitation of the sulfides. Iron 580 

isotope analysis of sulfide deposits and chimneys in modern hydrothermal systems have 581 

also shown that Zn-rich sulfides tend to be depleted in 56Fe (Rouxel et al., 2008; Li et al., 582 

2018b), which is consistent with the results of this study. 583 

However, petrographic observations of the yellow and pyrite ores (Fig. 2f) 584 

suggest that they likely formed by slow growth of pyrite from a high-temperature 585 

hydrothermal fluid. This is consistent with the replacement growth model for Kuroko-586 

type VMS deposits (Ohmoto, 1996), in which yellow ores formed by replacing black ores 587 

during the growth of the ore bodies. δ56Fe values of the yellow and pyrite ores have a 588 

narrow range (–0.59‰ to –0.26‰; Fig. 5b), almost identical to the range of δ56Fe values 589 

of dissolved Fe in typical seafloor hydrothermal fluids (Sharma et al., 2001; Severmann 590 

et al., 2004; Rouxel et al., 2008). We suggest that pyrite in the yellow and pyrite ores 591 

exchanged Fe isotopes with mineralizing hydrothermal fluids toward their isotopic 592 

equilibrium. Syverson et al. (2013) experimentally estimated that the equilibrium 593 

fractionation factor between pyrite and aqueous Fe in a fluid (Δ56Fepy–Fe(aq)) was +0.99‰ 594 

at 350°C. The smaller isotope fractionation between Fe in the ores and fluids suggests 595 

that the isotopic equilibrium was not attained. Given that Fe in the ores is partly hosted 596 
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by chalcopyrite, which has a smaller fractionation factor with aqueous Fe in a fluid 597 

(Δ56Feccp-Fe(aq) = 0.09‰; Syverson et al., 2017), this may have also contributed to the 598 

lower δ56Fe values of the yellow ores. 599 

As such, the similarity in the Fe isotope signatures of the black and yellow ores 600 

in the Matsumine and Fukazawa deposits suggests that the ore-forming processes were 601 

basically the same. Therefore, the difference in the abundance of yellow ores in the two 602 

deposits likely reflects variable durations of hydrothermal circulation at the two sites. For 603 

the Matsumine deposit, long-term hydrothermal activity may have facilitated the 604 

development of a large yellow ore body (Fig. 10a). Based on numerical simulations, 605 

Schardt and Large (2009) suggested that an average VMS deposit (e.g., Fukazawa) may 606 

take ca. 5 kyr to form, whereas the formation of a large Cu-rich VMS deposit (e.g., 607 

Matsumine) may require a longer time (>35 kyr) and higher maximum temperature 608 

(>300°C). The overlying ferruginous sedimentary rocks may have precipitated from the 609 

hydrothermal fluid responsible for the formation of the yellow ores, or later during the 610 

waning stages of hydrothermal activity when the δ56Fe values of dissolved Fe in the 611 

hydrothermal fluid were ca. –0.5‰. The prominent Eu anomalies in the ferruginous 612 

sedimentary rocks associated with the Kuroko VMS deposits (Fig. 4a) suggest that the 613 

former is more likely, since it indicates high-temperature (e.g., 250°C) hydrothermal 614 

activity. The negative δ56Fe values of the ferruginous sedimentary rocks in the Matsumine 615 

deposit (Fig. 5a) can be explained by the partial oxidation of dissolved Fe at the redox 616 

interface in an anoxic or suboxic pool. The sulfide ore body exposed at the seafloor could 617 

then have been preserved. 618 

In contrast, for the Fukazawa deposit, the hydrothermal fluids that formed the 619 

overlying ferruginous cherts were likely responsible for the formation of black ores. In 620 
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this deposit, the δ56Fe values in the hydrothermal fluids, affected by the kinetic isotope 621 

effect during pyrite formation in black ores, were shifted to a more positive value (ca. 622 

+0.5‰). Therefore, iron oxides precipitated from the hydrothermal fluids were also 623 

shifted to more positive δ56Fe values (Figs 5b and 8b). The Fukazawa deposit is 624 

characterized by abundant black ores relative to yellow ores, suggesting that 625 

hydrothermal circulation was not protracted or intense enough to develop yellow ores 626 

(Fig. 10b). Localized anoxic pools may or may not have been present at the depositional 627 

site of the Fukazawa deposit, because hydrothermal circulation was short (ca. 5 kyr) and 628 

the ores were quickly buried by erupted basaltic lava flows (Fig. 1). 629 

 630 

5.3. Implications of this study 631 

The results of this study suggest that a local anoxic or suboxic water column is 632 

an important factor for preserving sulfide ores in VMS deposits formed on the seafloor in 633 

back-arc settings. However, it is not the only factor, because the local redox stratification 634 

was persistent at the bottom of the Hokuroku Basin until post-Kuroko hydrothermal 635 

activity, as indicated by the large Fe isotope fractionations in the younger sedimentary 636 

rocks (Fig. 5a). The most significant geochemical difference in the ferruginous 637 

sedimentary rocks associated with the Kuroko VMS deposits as compared with those 638 

formed later is the presence of marked positive Eu anomalies (Fig. 4a; Fig. 6a), which are 639 

indicative of a high-temperature hydrothermal fluid. Therefore, in addition to the 640 

presence of localized anoxic or suboxic pools, high-temperature hydrothermal activity is 641 

a prerequisite for VMS ore deposit formation. Therefore, large Fe isotope variations 642 

coupled with positive Eu anomalies in ferruginous sedimentary rocks can be used as an 643 

indicator and exploration tool for underlying VMS ore mineralization. However, it is 644 
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important to note that not all samples associated with the Kuroko VMS deposits exhibit 645 

large Fe isotope fractionations or positive Eu anomalies. This may be due to 646 

contamination by detrital components or the distance from the sulfide ore bodies and 647 

source of the hydrothermal fluids. 648 

Another important finding from this study is the large Fe isotope fractionations 649 

in massive sulfide ores, particularly in the Zn-rich black ores (Fig. 5b). Although some 650 

recent studies have also analyzed the Fe isotope compositions of sulfide ores and minerals 651 

in other types of ore deposits (e.g., He et al., 2020), the documented variations in δ56Fe 652 

values are usually between –1‰ and +1‰, and not as large as that found in this study. 653 

This is because the Kuroko-type VMS deposits, and particularly the black ores, were 654 

formed by dynamic mixing of hydrothermal fluids with seawater. A large Fe isotope 655 

variation was also identified in the Navan Zn–Pb Irish-type deposit (Gagnevin et al., 656 

2012), which can be classified as a hybrid MVT–SEDEX deposit. Therefore, the results 657 

of our study warrant further investigation on the Fe isotope compositions of sulfide 658 

minerals formed in ore deposits by similar submarine hydrothermal processes (e.g., other 659 

types of VMS, SEDEX, and sediment-hosted Cu deposits). 660 

 661 

6. Conclusions 662 

We investigated the petrographic and geochemical characteristics and stable Fe 663 

isotope systematics of ferruginous sedimentary rocks in Kuroko VMS deposits, as well 664 

as younger sedimentary rocks in the Hokuroku Basin, northeast Japan. The Fe isotope 665 

compositions of sulfide ores in two representative Kuroko VMS deposits (Matsumine and 666 

Fukazawa) were also investigated to understand the ore formation processes and genetic 667 

links between the ferruginous sedimentary rocks and sulfide ore bodies. Our main 668 
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findings are summarized below: 669 

• The ferruginous sedimentary rocks have variable Fe2O3, MnO, and SiO2 contents. 670 

Although some samples contain clastic components, these rocks consist 671 

predominantly of precipitates formed by mixing of hydrothermal fluids and seawater. 672 

Therefore, REE patterns and Fe isotope compositions reflect the geochemical state 673 

of the hydrothermal fluid and seawater, as well as the sedimentary environments. 674 

• Ferruginous sedimentary rocks associated with the Kuroko VMS deposits tend to 675 

have prominent positive Eu anomalies, which indicate formation associated with a 676 

high-temperature hydrothermal fluid. Many of the ferruginous sedimentary rocks 677 

deposited during and after Kuroko VMS ore deposit formation have negative or 678 

positive Ce anomalies, which indicate mixing with oxygenated seawater and/or 679 

precipitation of MnO2 during the deposition of these rocks. 680 

• Large Fe isotope variations (δ56Fe = –2‰ to +2‰) and deviations from the expected 681 

δ56Fe values (ca. –0.5‰) of dissolved Fe in typical seafloor hydrothermal fluids 682 

were observed in the ferruginous sedimentary rocks deposited during and after 683 

Kuroko VMS ore deposit formation. This suggests that iron (hydr)oxides were 684 

precipitated by the partial oxidation of dissolved Fe2+ derived from a hydrothermal 685 

fluid in a redox-stratified water column, although anoxic or suboxic pools are likely 686 

to have occurred locally in the Hokuroku Basin. The anoxic or suboxic pools may 687 

have been an important factor for preservation of the sulfide ore bodies on the 688 

seafloor. 689 

• δ56Fe values in ferruginous sedimentary rocks from the Fukazawa and Ezuri deposits 690 

have heavier values of up to +2.00‰. This can be explained by simultaneous 691 

precipitation of sulfide ores and deposition of ferruginous sedimentary rocks, 692 
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whereby the δ56Fe values of the hydrothermal fluids were shifted to positive values 693 

(ca. +0.5‰) by a kinetic isotope effect during rapid precipitation of pyrite. 694 

• Iron isotope analysis of the sulfide ores in the yellow ore-rich Matsumine deposit 695 

and black ore-rich Fukazawa deposit showed that the Zn-rich black ores are 696 

isotopically lighter and the Cu-rich yellow ores are isotopically similar to the 697 

hydrothermal fluids. No significant difference in δ56Fe values was observed between 698 

the two deposits. The black ores likely formed by rapid precipitation of sulfide 699 

minerals due to the mixing of hydrothermal fluids and seawater. The yellow ores 700 

likely formed by slow growth of pyrite from high-temperature hydrothermal fluids 701 

that replaced black ores during the growth of the Kuroko VMS ore deposit. The 702 

difference in the abundance of yellow sulfide ores between the two deposits may 703 

reflect variable durations of hydrothermal circulation. 704 

In summary, Fe isotope systematics of sulfide ores and overlying ferruginous 705 

sedimentary rocks in Kuroko-type VMS deposits can reveal the geochemical nature of 706 

the mineralizing hydrothermal fluids and seawater, as well as the ore formation processes. 707 
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Figure Captions 724 

 725 

Figure 1. Stratigraphy of the Hokuroku district (after Yamada et al., 2012). P = phyllite 726 

and chert basement; G = granitic rock; A5 = andesite lava flow, tuff breccia, and 727 

sandstone; B2 and B3 = pillow basalt, diabase sill, and basaltic tuff; M1–M3 = mudstone; 728 

T1–T4 = tuff (pumiceous tuff and tuff breccia) and volcanic breccia; R1–R4 = rhyolite. 729 

The ore horizon of Kuroko-type VMS mineralization occurs in the T3 tuff just below the 730 

M2a mudstone. Ferruginous sedimentary rock samples were taken from: DY = 731 

Doyashiki; MT = Matsumine; EZ = Ezuri; FZ = Fukazawa; KS = Kosaka; NT = Nittobe; 732 

NR = Nagatoro; KY = Koyukisawa; SN = Shinekari; DM = Daimyojin. 733 

 734 

Figure 2. Photomicrographs of ferruginous sedimentary rock and massive sulfide ore 735 

samples. (a) EZ4: ferruginous chert composed predominantly of microcrystalline quartz 736 

and hematite (XP; ×100); (b) KS3: barite-rich sample from the Kosaka deposit that is 737 

directly associated with massive sulfide ore (XP; ×50); (c) KS2: ferruginous chert 738 

containing some detrital materials from the Kosaka deposit (XP; ×100); (d) MT3: 739 

ferromanganese sample from the Matsumine deposit, consisting of alternating 740 

ferruginous and ferromanganese layers (XP; ×50); (e) FZ53: representative black ore 741 

(Zn–Pb-rich) from the Fukazawa deposit (RL; ×100); (f) MT54: representative yellow 742 

ore (Cu–Fe-rich) from the Matsumine deposit (RL; ×50). Hm = hematite; QZ = quartz; 743 

Br = barite; Py = pyrite; Cp = chalcopyrite; Mn–Ca-carb = Mn–Ca carbonates; Gt = 744 

goethite; Ms = muscovite; Pg = plagioclase; Qt(d) = detrital quartz; Gn = galena; Sp = 745 

sphalerite; Th = tetrahedrite; XP = cross-polarized transmitted light; RL = reflected light. 746 

 747 
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Figure 3. Box plots of (a) Fe2O3, (b) Al2O3, and (c) MnO contents in Group A samples 748 

(associated with VMS deposits), and Group B and C samples (not associated with VMS 749 

deposits). Samples that were below XRF detection limits for Al2O3 (<0.05 wt.%) were 750 

excluded from (b). 751 

 752 

Figure 4. Rare earth element (REE) patterns normalized to Post-Archean Australian 753 

Shale (PAAS; McLennan, 1989) for (a) Group A samples (associated with VMS deposits) 754 

and (b) Group B and C samples (not associated with VMS deposits). 755 

 756 

Figure 5. δ56Fe values of (a) ferruginous sedimentary rock samples plotted according to 757 

their stratigraphy and (b) sulfide ores from the Matsumine and Fukazawa deposits. Gray 758 

shaded areas indicate the δ56Fe range for typical high-temperature, seafloor hydrothermal 759 

fluids (Sharma et al., 2001; Severmann et al., 2004; Rouxel et al., 2008). DY = Doyashiki; 760 

MT = Matsumine; EZ = Ezuri; FZ = Fukazawa; KS = Kosaka; NT = Nittobe; NR = 761 

Nagatoro; KY = Koyukisawa; SN = Shinekari; DM = Daimyojin. 762 

 763 

Figure 6. Plots of the (a) Eu anomaly (Eu/Eu*) vs. Ti concentration and (b) Ce anomaly 764 

(Ce/Ce*) vs. Mn concentration for the ferruginous sedimentary rock samples. 765 

 766 

Figure 7. Plots of the (a) Ce anomaly (Ce/Ce*) and (b) Mn/Fe ratios vs. δ56Fe values for 767 

the ferruginous sedimentary rock samples. Gray shaded areas on the x-axis indicate the 768 

δ56Fe range for typical high-temperature, seafloor hydrothermal fluids (Sharma et al., 769 

2001; Severmann et al., 2004; Rouxel et al., 2008). 770 

 771 
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Figure 8. Rayleigh-type model calculations for δ56Fe values of precipitated ferric 772 

hydroxides from a Fe2+
(aq)-bearing fluid as a function of the fraction of precipitated ferric 773 

iron (Fe3+
(s)), assuming that the initial δ56Fe value of Fe in the fluid is (a) –0.5‰ and (b) 774 

+0.5‰. The measured δ56Fe range for most samples in Groups A and B are plotted in (a), 775 

whereas that for the Ezuri and Fukazawa deposits in Group A is plotted in (b). See the 776 

main text for description of the model and estimates of the parameters, including the 777 

isotope fractionation factors. 778 

 779 

Figure 9. Schematic diagram to illustrate geochemical behaviors of Fe and Mn as well as 780 

rare earth element (REE) signatures in a redox-stratified seawater. +Eu/Eu*, +Ce/Ce*, 781 

and -Ce/Ce* indicate positive Eu, positive Ce, and negative Ce anomalies, respectively. 782 

Ads. is an abbreviation for adsorption.  783 

 784 

Figure 10. Schematic diagram of the formation processes of sulfide ore bodies and 785 

ferruginous sedimentary rocks in the (a) Matsumine and (b) Fukazawa deposits. 786 
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Fig. 1. Stratigraphy of the Hokuroku district (after Yamada et al., 2012). P = phyllite and 
chert basement; G = granitic rock; A5 = andesite lava flow, tuff breccia, and sandstone; B2 
and B3 = pillow basalt, diabase sill, and basaltic tuff; M1–M3 = mudstone; T1–T4 = tuff 
(pumiceous tuff and tuff breccia) and volcanic breccia; R1–R4 = rhyolite. The ore horizon of 
Kuroko-type VMS mineralization occurs in the T3 tuff just below the M2a mudstone. 
Ferruginous sedimentary rock samples were taken from: DY = Doyashiki; MT = Matsumine; 
EZ = Ezuri; FZ = Fukazawa; KS = Kosaka; NT = Nittobe; NR = Nagatoro; KY = 
Koyukisawa; SN = Shinekari; DM = Daimyojin.
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Fig. 2. Photomicrographs of ferruginous sedimentary rock and massive sulfide ore samples. (a) EZ4: ferruginous chert 
composed predominantly of microcrystalline quartz and hematite (XP; ×100); (b) KS3: barite-rich sample from the 
Kosaka deposit that is directly associated with massive sulfide ore (XP; ×50); (c) KS2: ferruginous chert containing 
some detrital materials from the Kosaka deposit (XP; ×100); (d) MT3: ferromanganese sample from the Matsumine 
deposit, consisting of alternating ferruginous and ferromanganese layers (XP; ×50); (e) FZ53: representative black ore 
(Zn–Pb-rich) from the Fukazawa deposit (RL; ×100); (f) MT54: representative yellow ore (Cu–Fe-rich) from the 
Matsumine deposit (RL; ×50). Hm = hematite; QZ = quartz; Br = barite; Py = pyrite; Cp = chalcopyrite; Mn–Ca-carb = 
Mn–Ca carbonates; Gt = goethite; Ms = muscovite; Pg = plagioclase; Qt(d) = detrital quartz; Gn = galena; Sp = 
sphalerite; Th = tetrahedrite; XP = cross-polarized transmitted light; RL = reflected light.
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Fig. 3. Box plots of (a) Fe2O3, (b) Al2O3, and (c) MnO contents in Group A samples (associated with VMS deposits), 
and Group B and C samples (not associated with VMS deposits). Samples that were below XRF detection limits for 
Al2O3 (<0.05 wt.%) were excluded from (b).
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Post-Archean Australian Shale (PAAS; McLennan, 1989) for 
(a) Group A samples (associated with VMS deposits) and (b) 
Group B and C samples (not associated with VMS deposits).
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Fig. 6. Plots of the (a) Eu anomaly (Eu/Eu*) vs. Ti 
concentration and (b) Ce anomaly (Ce/Ce*) vs. Mn 
concentration for the ferruginous sedimentary rock samples.
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Fig. 7. Plots of the (a) Ce anomaly (Ce/Ce*) and (b) 
0Q�)H�UDWLRV�YV��į56Fe values for the ferruginous 
sedimentary rock samples. Gray shaded areas on the x-axis 
LQGLFDWH�WKH�į56Fe range for typical high-temperature, 
seafloor hydrothermal fluids (Rouxel et al., 2008).
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Supplementary Table 1. Major chemical compositions of ferruginous sedimentary rocks.
SiO2 Al2O3 Fe2O3 MnO MgO CaO Na2O K2O LOI TOTAL Comments

(wt%) (wt%) (wt%) (wt%) (wt%) (wt%) (wt%) (wt%) (wt%) (wt%)

Doyashiki/Kannondo
DY1 A 3.85 0.64 4.42 B.D. 0.18 B.D. 0.10 0.13 0.12 9.5 barite-rich
DY2 A 99.07 B.D. 0.54 B.D. B.D. B.D. 0.25 B.D. 0.00 100.1
DY3 A 5.60 1.11 0.22 B.D. 0.15 B.D. 0.19 0.13 0.01 7.4 barite-rich
DY4 A 81.11 8.56 2.80 B.D. 0.42 0.11 0.25 2.22 3.92 99.4
DY5 A 79.95 5.65 10.16 B.D. 0.56 0.12 0.33 2.54 2.82 102.2
DY6 A 80.41 6.90 7.35 B.D. 0.53 0.11 0.27 2.19 3.46 101.3
DY7 A 77.56 10.92 0.70 B.D. B.D. 0.20 0.98 8.11 1.14 99.7
DY8 A 79.63 1.58 12.14 B.D. 0.52 1.15 0.34 B.D. 7.18 102.6
DY9 A 63.15 1.62 10.53 B.D. 0.57 6.06 0.16 B.D. 11.29 93.4
DY10 A 28.57 4.27 3.32 44.39 0.83 13.08 0.50 B.D. 3.33 98.4

Kosaka
KS2 A 83.11 4.06 8.82 B.D. 1.01 0.34 0.26 1.36 0.09 99.2
KS3 A 20.12 1.47 11.42 B.D. 0.21 0.13 B.D. B.D. 10.80 44.3 barite-rich
KS4 A 19.62 B.D. 1.24 B.D. B.D. B.D. 0.54 B.D. 7.11 28.7 barite-rich
KS5 A 80.64 3.95 3.15 B.D. 3.54 0.46 0.88 1.02 5.99 99.7
KS6 A 84.48 8.25 2.97 B.D. 2.78 0.43 0.64 1.09 0.15 100.9

Eruzri
EZ1 A 99.07 B.D. 0.54 B.D. B.D. B.D. 0.25 B.D. 1.25 101.3
EZ2 A 30.59 3.37 55.50 B.D. 0.76 0.53 0.45 B.D. 2.32 93.9
EZ3 A 89.78 6.04 1.69 B.D. 1.36 0.14 0.77 1.22 0.07 101.1
EZ4 A 87.90 0.11 3.62 B.D. 0.10 0.08 0.23 0.02 8.30 100.4
EZ5 A 30.44 B.D. 0.95 50.00 0.73 4.05 1.19 B.D. 12.06 99.6
EZ6 A 58.90 1.06 38.63 B.D. B.D. 0.53 2.57 0.10 0.72 103.0
EZ7 A 96.61 0.73 0.41 B.D. B.D. B.D. 0.47 B.D. 1.17 99.7

Matsumine
MT1 A 15.03 1.01 0.43 B.D. B.D. B.D. 9.90 B.D. 9.05 35.6 barite-rich
MT2 A 82.08 6.80 9.05 B.D. 0.14 B.D. B.D. 1.68 0.23 100.1
MT3 A 59.13 3.13 2.00 24.72 0.74 5.41 0.48 0.52 0.37 96.7
MT4 A 32.25 1.64 0.45 51.54 0.36 3.24 0.30 B.D. 8.81 98.7
MT5 A 69.33 11.69 5.85 0.12 2.49 1.69 2.05 2.17 7.94 103.4

Fukazawa
FZ1 A 70.34 8.86 8.97 B.D. 2.90 0.13 0.13 1.84 6.07 99.3
FZ2 A 83.60 1.10 10.57 B.D. 0.22 0.50 0.18 B.D. 4.62 100.9

Nittobe
NT1 B 68.42 B.D. 29.94 B.D. 0.11 0.06 0.54 B.D. 0.90 100.0
NT2 B 96.22 0.26 4.20 B.D. 0.14 B.D. B.D. B.D. 0.02 101.0
NT3 B 86.06 0.05 13.41 0.23 0.07 0.06 B.D. B.D. 0.02 100.0
NT4 B 80.47 2.56 7.41 B.D. 2.44 0.31 0.36 B.D. 2.84 96.5

Nagatoro
NR1 B 82.96 10.39 0.81 B.D. 0.10 0.70 2.43 3.32 0.06 100.8
NR2 B 77.94 12.64 2.00 B.D. 0.90 1.02 2.93 3.86 0.10 101.4
NR3 B 68.25 16.88 2.80 B.D. 5.84 0.83 0.55 0.31 1.88 97.4

Koyukisawa
KY1 B 77.80 7.93 1.80 B.D. 0.28 0.16 2.82 2.01 1.11 93.9
KY2 B 79.12 6.45 0.95 B.D. 0.39 0.33 0.74 3.58 2.00 93.6
KY3 B 83.56 8.93 2.10 0.22 1.30 0.55 1.76 2.29 3.64 104.4
KY4 B 79.38 8.15 0.99 1.67 0.41 3.74 3.17 1.62 5.71 104.9
KY5 B 80.74 10.40 1.23 0.66 0.43 0.56 4.23 2.12 3.86 104.4
KY6 B 79.15 8.58 4.67 B.D. 3.45 0.59 0.76 2.80 4.84 104.9
KY7 B 84.54 5.68 3.42 B.D. 1.37 0.40 0.47 2.10 3.09 101.2
KY9 B 77.34 B.D. 16.04 B.D. 1.83 0.66 0.54 B.D. 3.49 100.0
KY10 B 74.57 B.D. 11.41 0.28 1.02 0.34 0.87 2.44 8.86 99.8
KY11 B 77.66 7.52 1.63 2.35 0.75 6.38 1.60 2.68 0.16 100.8
KY12 B 74.19 13.93 1.98 1.77 1.14 2.60 2.93 1.67 0.37 100.6
KY8 B 79.50 2.41 4.33 0.17 1.56 0.97 1.16 3.04 6.35 99.5

Shinekari
SN1 C 95.82 B.D. 0.43 B.D. 0.61 B.D. 0.58 1.45 0.64 99.6
SN2 C 90.79 5.64 1.54 B.D. 1.30 B.D. 0.68 0.88 0.10 101.0

Daimiyojin
DM1 C 83.26 1.20 2.53 0.24 2.59 0.34 0.72 1.46 7.52 99.9
DM2 C 92.37 B.D. 2.83 0.13 1.84 0.32 0.74 1.16 0.44 99.8
DM3 C 91.69 4.78 1.21 B.D. 0.36 0.15 0.46 1.81 0.10 100.6

LOI: Loss of ignition; B.D.: Below detection limit (<0.01–0.05 wt%)

Sample ID Group



Supplementary Table 2-1. Trace element compositions of ferruginous sedimentary rocks.
Sc Ti Mn Co Ni Cu Zn Sr Y Zr Ba Pb Th U ΣREE

(ppm) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm)

Doyashiki/Kannondo
DY1 A B.D. 171 40.4 B.D. 1.95 46800 2870 7680 8.50 13.9 531000 2980 0.97 1.29 N.A.
DY2 A B.D. 55.0 2.69 0.83 3.16 87300 1920 27.5 0.95 B.D. 20.4 31.2 B.D. 1.01 N.A.
DY3 A 1.09 83.7 53.1 0.47 12.3 85.0 1310 483 0.97 7.13 1210 276 0.18 4.23 4.17
DY4 A 8.80 1910 41.5 1.53 9.10 16.8 50.7 14.0 7.06 55.6 356 29.9 4.51 1.15 27.0
DY5 A 6.34 1070 119 3.29 18.2 13.4 93.3 14.5 5.12 37.6 417 20.5 2.49 0.70 44.8
DY6 A 7.89 1700 179 6.24 17.1 15.9 73.1 15.5 7.34 53.1 346 33.4 3.92 0.89 43.4
DY7 A 7.12 1490 37.0 0.90 1.41 2.63 156 18.2 17.5 156 519 9.74 5.95 6.24 99.9
DY8 A B.D. 59.4 116 0.99 6.20 B.D. B.D. 42.2 6.22 7.64 20.8 40.9 B.D. 5.16 18.8
DY9 A 0.66 117 175 0.24 9.08 32.7 26.9 67.8 3.93 6.82 10.1 5.65 0.23 2.73 15.1
DY10 A 5.36 907 N.A. 48.1 728 316 204.9 51.8 22.6 36.8 84.8 85.3 2.36 2.19 121

Kosaka
KS2 A 4.68 650 255 0.10 5.65 8.44 33.2 35.6 22.2 51.0 10200 57.4 3.21 3.05 84.4
KS3 A 0.25 8.59 3.05 0.44 0.75 26800 128 148 0.54 2.93 17 156 B.D. 7.58 3.29
KS4 A 0.67 34.7 33.5 0.84 8.33 85300 967 117 1.38 3.09 118 181 0.04 9.88 1.98
KS5 A 1.30 342 114 1.08 12.4 4.49 14.0 9.34 8.97 2.24 21.7 6.02 0.67 0.12 27.4
KS6 A 9.71 1820 730 4.92 62.6 16.4 53.2 54.2 86.0 82.9 117 40.3 5.56 1.18 174

Eruzri
EZ1 A B.D. 19.6 12 0.69 4.97 B.D. 179 2.49 1.35 B.D. 15.9 9.60 B.D. 0.64 1.82
EZ2 A 0.29 23.2 135 0.36 20.7 248 27.0 87.2 0.32 1.11 89.5 479 0.13 6.19 1.81
EZ3 A 8.77 1340 446 1.61 14.3 1.32 194 30.5 9.75 65.9 324 5.67 4.08 1.26 56.8
EZ4 A 0.42 20.2 29.4 0.09 1.06 B.D. B.D. 2.45 1.70 2.74 15.8 50.1 0.07 1.75 3.83
EZ5 A 0.29 6.70 N.A. 0.36 4.62 20.6 32.9 15.5 3.19 1.04 202 16.5 0.10 0.90 17.7
EZ6 A B.D. 15.7 92.2 0.65 1.99 242 B.D. 59.6 2.61 B.D. 2020 467 B.D. 21.8 12.4
EZ7 A 0.16 4.74 522 0.04 0.92 3.90 16.6 1.37 0.72 0.68 7.54 3.96 0.02 0.16 0.48

Matsumine
MT1 A 0.29 132 147 0.43 1.11 564 404000 49.9 0.15 8.73 39.9 7250 0.06 1.15 0.89
MT2 A 3.45 1070 34.1 8.68 33.8 5780 43.8 4.74 3.94 122 176 60.8 5.71 15.4 13.9
MT3 A 4.50 693 N.A. 5.55 54.3 45.0 135 273 32.1 41.2 11200 127 2.39 3.37 155
MT4 A 2.28 128 N.A. 7.03 66.0 142 351 104 15.0 5.86 1350 99.2 0.21 3.92 92.2
MT5 A 4.07 958 370 43.4 4.88 1180 239 7.25 14.5 116 90.0 216 5.13 3.71 53.6

Fukazawa
FZ1 A 8.74 1480 993 2.39 B.D. B.D. B.D. 68.6 35.1 240 120 8.89 5.25 1.69 198
FZ2 A 1.09 82.9 358 1.74 14.8 695 72.2 23.2 6.09 3.35 11.5 61.8 0.15 0.83 17.3

Nittobe
NT1 B 0.19 10.4 15.9 0.23 5.17 15.7 1.21 1.35 1.48 1.52 18.7 1.22 0.02 0.07 2.92
NT2 B 2.74 102 130 1.77 22.5 28.8 448 5.82 5.82 8.33 17.1 4.72 0.11 0.21 6.92
NT3 B 0.71 13.0 2310 8.93 23.1 84.8 930 4.63 2.77 7.65 18.7 4.98 0.08 0.11 14.5
NT4 B 4.46 155 289 4.74 12.7 21.3 30.6 13.2 1.07 3.91 15.1 2.08 0.06 0.19 6.98

Nagatoro
NR1 B 6.09 824 122 B.D. B.D. 7.06 18.8 82.4 16.8 143 721 34.8 7.25 2.13 70.2
NR2 B 6.90 1240 250 0.08 2.82 7.90 57.5 115 23.1 215 1010 13.9 11.2 2.82 114
NR3 B 6.12 1150 86.2 4.87 3.33 3.99 65.6 50.6 26.5 165 122 5.44 5.65 1.11 117

Koyukisawa
KY1 B 5.02 985 157 0.40 1.25 2.38 38.3 20.4 16.1 107 157 3.57 4.38 1.17 48.0
KY2 B 7.94 1290 528 12.2 30.3 26.8 133 43.5 14.8 78.5 215 33.3 3.48 2.64 62.0
KY3 B 8.42 412 1740 4.69 17.5 23.7 93.1 19.4 9.03 7.43 219 39.3 1.71 0.47 65.2
KY4 B 2.32 415 N.A. 2.39 45.7 8.23 35.7 18.5 4.49 5.52 1020 20.2 0.96 0.53 40.8
KY5 B 4.38 847 5440 4.33 18.7 3.58 60.4 66.5 23.6 101 685 3.20 5.19 1.01 70.0
KY6 B 3.58 832 550 7.43 52.4 4.69 108 40.6 9.77 55.5 431 23.5 3.64 0.68 50.9
KY7 B 6.65 1040 601 3.41 37.4 23.7 71.5 45.1 26.1 33.0 526 20.0 3.05 0.68 78.4
KY9 B 14.0 287 736 14.7 34.9 25.9 2860 58.2 10.4 12.3 75.2 13.9 0.10 0.41 28.8
KY10 B 1.61 369 2360 11.4 12.5 15.2 21.3 87.8 8.30 61.5 897 20.4 2.58 0.68 36.1
KY11 B 4.92 960 N.A. 7.57 48.0 30.7 39.3 70.9 21.6 96.7 1260 20.8 5.40 1.63 112
KY12 B 6.52 1750 N.A. 19.1 117 14.4 99.3 650 24.7 281 5640 10.3 12.3 2.62 70.2
KY8 B 1.95 384 232 1.01 18.9 4.18 20.4 12.2 3.48 11.7 161 4.66 0.62 0.38 14.7

Shinekari
SN1 C 4.15 1670 181 2.76 13.2 30.9 51.9 9.99 3.41 64.3 418 67.3 0.84 1.06 18.7
SN2 C 9.74 1140 185 B.D. 9.10 4.77 57.7 30.0 21.9 82.3 1004 8.77 4.80 3.88 87.1

Daimiyojin
DM1 C 1.18 125 N.A. 0.34 1.31 1.96 16.8 7.97 3.19 10.1 70.2 2.91 0.63 0.27 14.2
DM2 C 0.99 150 N.A. 1.14 4.54 5.98 33.6 6.50 2.65 7.67 28.2 5.54 0.47 0.28 11.1
DM3 C 9.15 937 127 1.60 68.8 36.8 57.4 97.2 15.2 86.9 3470 23.7 4.49 4.28 49.1

B.D.: Below detection limit (< 0.01–0.05 ppm); N.A.: Not available

*Concentrations of some elements (e.g., Ba, Sr) may be underestimated because of incomplete digestion of barite-rich samples.

Sample ID Group



Supplementary Table 2-2. Trace element (REEs) compositions of ferruginous sedimentary rocks.
La Ce Pr Nd Sm Eu Gd Tb Dy Ho Er Tm Yb Lu

(ppm) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm)

Doyashiki/Kannondo
DY1 A N.A. N.A. N.A. N.A. N.A. N.A. N.A. N.A. N.A. N.A. N.A. N.A. N.A. N.A.
DY2 A N.A. N.A. N.A. N.A. N.A. N.A. N.A. N.A. N.A. N.A. N.A. N.A. N.A. N.A.
DY3 A 1.10 1.88 0.16 0.46 0.10 0.10 B.D. 0.02 0.11 0.03 0.08 0.02 0.09 0.02
DY4 A 5.21 9.05 1.22 4.43 1.08 0.32 1.14 0.26 1.37 0.35 0.97 0.22 1.11 0.24
DY5 A 9.43 17.10 2.04 8.10 1.91 0.48 1.85 0.29 1.49 0.27 0.76 0.12 0.80 0.13
DY6 A 8.93 16.88 1.90 7.47 1.70 0.42 1.71 0.27 1.60 0.32 0.91 0.15 0.98 0.16
DY7 A 19.04 38.09 4.59 18.84 4.25 1.00 4.24 0.63 3.76 0.73 2.10 0.31 2.05 0.31
DY8 A 2.48 5.74 1.01 4.15 1.08 0.23 1.15 0.20 1.09 0.22 0.64 0.09 0.61 0.10
DY9 A 1.77 4.56 0.89 4.02 0.79 0.17 0.86 0.12 0.76 0.15 0.45 0.06 0.46 0.08
DY10 A 19.95 55.02 4.67 20.53 4.65 1.06 4.74 0.66 3.84 0.77 2.22 0.33 2.12 0.33

Kosaka
KS2 A 18.00 25.78 3.62 15.63 3.61 N.A. 4.10 0.66 4.31 0.91 2.76 0.45 3.04 0.50
KS3 A 0.72 1.09 0.11 0.46 0.14 0.11 0.17 0.03 0.16 0.03 0.10 0.02 0.11 0.04
KS4 A 0.41 0.56 0.07 0.24 0.10 0.09 0.15 0.03 0.13 0.03 0.07 0.01 0.08 0.01
KS5 A 5.97 8.48 1.27 5.10 1.11 0.20 1.24 0.21 1.35 0.31 0.94 0.15 0.95 0.15
KS6 A 34.05 49.84 6.96 29.19 6.73 1.34 9.37 1.64 11.50 2.72 8.89 1.38 9.24 1.52

Eruzri
EZ1 A 0.36 0.53 0.07 0.24 0.09 0.04 0.08 0.01 0.09 0.03 0.11 0.02 0.12 0.02
EZ2 A 0.43 0.66 0.08 0.28 0.06 0.05 0.05 0.01 0.06 0.01 0.04 0.01 0.06 0.01
EZ3 A 10.88 22.32 2.50 10.97 2.20 0.48 1.95 0.33 2.01 0.40 1.14 0.20 1.20 0.20
EZ4 A 0.53 0.96 0.14 0.64 0.19 0.09 0.25 0.04 0.30 0.07 0.24 0.04 0.29 0.06
EZ5 A 2.98 7.50 0.73 2.87 0.64 0.09 0.64 0.11 0.74 0.17 0.53 0.09 0.56 0.09
EZ6 A 3.58 4.39 0.48 1.57 0.37 0.66 0.33 0.04 0.29 0.07 0.26 0.04 0.29 0.05
EZ7 A 0.06 0.15 0.01 0.06 0.02 B.D. 0.04 0.01 0.05 0.01 0.03 B.D. 0.02 B.D.

Matsumine
MT1 A 0.12 0.14 0.03 0.12 0.04 0.02 0.06 0.01 0.08 0.02 0.08 0.02 0.13 0.04
MT2 A 2.53 4.94 0.44 2.70 0.49 0.22 0.70 0.18 0.94 0.16 0.25 0.07 0.23 0.04
MT3 A 21.71 72.42 5.58 23.74 5.93 N.A. 6.14 1.02 6.51 1.38 4.21 0.65 4.43 0.68
MT4 A 12.96 47.60 2.90 11.71 2.95 0.44 3.16 0.51 3.38 0.71 2.29 0.38 2.74 0.43
MT5 A 10.5 20.9 2.27 8.80 1.89 0.28 2.10 0.34 2.27 0.50 1.55 0.24 1.70 0.27

Fukazawa
FZ1 A 28.1 95.1 7.74 30.2 6.78 1.34 6.81 1.12 7.00 1.54 4.91 0.79 5.60 0.93
FZ2 A 2.37 4.99 0.67 3.07 0.90 0.22 1.07 0.18 1.32 0.28 0.88 0.15 1.06 0.16

Nittobe
NT1 B 0.60 0.30 0.13 0.57 0.15 0.05 0.21 0.04 0.28 0.07 0.21 0.04 0.24 0.04
NT2 B 0.97 2.22 0.17 0.63 0.23 0.08 0.38 0.08 0.69 0.18 0.55 0.09 0.56 0.09
NT3 B 3.07 4.53 0.68 2.88 0.62 0.17 0.76 0.11 0.68 0.14 0.38 0.06 0.38 0.06
NT4 B 1.95 3.01 0.22 0.87 0.17 0.06 0.22 0.03 0.19 0.04 0.11 0.02 0.09 0.02

Nagatoro
NR1 B 13.4 29.4 2.70 10.7 2.30 0.61 2.35 0.44 2.75 0.63 1.95 0.35 2.28 0.38
NR2 B 24.2 45.8 4.92 18.4 3.71 0.89 3.72 0.64 4.11 0.88 2.79 0.47 3.29 0.51
NR3 B 25.5 34.7 6.19 25.7 5.51 1.26 5.50 0.77 4.69 0.94 2.67 0.38 2.48 0.37

Koyukisawa
KY1 B 8.48 16.3 2.04 8.46 2.05 0.46 2.39 0.40 2.64 0.57 1.77 0.27 1.91 0.30
KY2 B 10.9 23.0 2.78 11.8 2.69 0.72 2.76 0.41 2.63 0.55 1.64 0.24 1.60 0.25
KY3 B 12.8 26.3 3.18 13.3 2.92 0.45 2.72 0.33 1.57 0.28 0.69 0.09 0.49 0.07
KY4 B 13.0 11.7 2.38 9.02 1.59 0.30 1.25 0.14 0.69 0.12 0.32 0.04 0.26 0.04
KY5 B 15.0 20.0 3.67 15.2 3.07 0.69 3.22 0.47 2.95 0.67 2.14 0.32 2.24 0.36
KY6 B 10.6 19.6 2.25 9.11 1.91 0.41 1.93 0.29 1.74 0.35 1.11 0.18 1.32 0.20
KY7 B 13.5 28.2 3.37 14.5 3.45 0.73 3.78 0.56 3.53 0.77 2.46 0.38 2.76 0.47
KY9 B 8.12 7.51 1.04 3.74 0.80 0.19 1.07 0.21 1.69 0.42 1.46 0.25 1.94 0.33
KY10 B 9.57 10.5 1.70 6.72 1.34 0.30 1.45 0.24 1.46 0.31 1.00 0.15 1.13 0.18
KY11 B 27.17 37.7 5.76 22.8 4.39 0.79 4.02 0.59 3.49 0.73 2.06 0.34 2.17 0.36
KY12 B 7.23 32.4 2.00 9.50 2.52 N.A. 3.32 0.59 4.07 0.89 2.83 0.47 3.17 0.53
KY8 B 3.12 4.85 0.70 2.77 0.62 0.15 0.63 0.10 0.61 0.14 0.41 0.07 0.46 0.07

Shinekari
SN1 C 2.17 6.18 0.82 3.59 0.98 0.16 1.04 0.19 1.20 0.28 0.85 0.14 0.91 0.16
SN2 C 19.0 35.1 3.42 12.89 2.35 0.55 3.02 0.57 3.80 0.80 2.42 0.38 2.48 0.40

Daimiyojin
DM1 C 2.47 5.03 0.68 2.85 0.65 0.19 0.65 0.10 0.62 0.13 0.38 0.06 0.36 0.05
DM2 C 1.91 4.01 0.52 2.21 0.52 0.13 0.51 0.08 0.47 0.10 0.28 0.04 0.27 0.04
DM3 C 8.36 17.8 1.98 8.46 1.69 0.55 1.82 0.36 2.63 0.59 1.88 0.33 2.28 0.38

B.D.: Below detection limit (< 0.01 ppm); N.A.: Not available

Sample ID Group



Supplementary Table 3. Major and Trace element compositions of sulfide ores.
Fe Cu Zn Pb Na Mg Al K Mn As Mo Cd

(wt%) (wt%) (wt%) (wt%) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm) (ppm)

Fukazawa

FZ15 Black ore 2.19 3.12 36.88 1.63 149 2000 5070 1780 693 22.4 16.2 282

FZ22 Black ore 7.04 3.93 35.54 8.35 311 14900 8160 898 316 1.00 17.4 154

FZ27 Black ore 13.08 7.70 25.88 11.90 317 300 2670 2140 222 0.72 6.93 62.7

FZ29 Black ore 3.69 1.20 39.28 0.89 167 6110 8219 791 233 12.8 1.99 182

FZ31 Yellow ore 42.04 5.03 0.38 0.02 194 1340 1270 889 51 0.79 20.3 1.51

FZ53 Black ore 12.97 2.27 35.82 2.17 307 3540 3630 1890 349 1.01 5.15 110

FZ58 Black ore 3.47 1.60 30.78 5.81 149 2510 1300 668 155 75 12.2 165

Matsumine

MT13 Black ore 0.23 1.12 38.07 3.53 160 B.D 145 666 837 68 0.63 261

MT37 Yellow ore 48.21 1.93 0.30 0.04 154 17 313 890 30 2.39 10.3 1.18

MT43 Black ore 0.87 0.44 31.93 4.97 131 59 180 668 501 23.5 3.31 198

MT54 Yellow ore 43.61 3.12 B.D 0.03 154 651 4830 2000 B.D 11.2 33.7 0.11

MT57 Black ore 17.88 30.32 4.31 7.68 258 B.D 287 1340 21 117 8.17 14

MT81 Pyrite ore 44.42 0.10 0.01 0.01 B.D 61510 5340 959 34 3.87 8.32 0.17

MT84 Pyrite ore 45.74 0.02 0.03 B.D 136 351 4570 2180 B.D 16 12.5 0.24

MT115 Black ore 0.19 0.70 18.06 3.54 99.2 B.D 142 662 231 23 0.53 133

MT119 Black ore 1.81 0.74 29.78 3.44 111 B.D 171 667 489 1.12 3.46 156

MT162 Black ore 3.13 2.05 31.63 1.25 220 134 13400 4120 227 7.04 4.64 161

B.D.: Below detection limit (< 0.01 wt% or 1 ppm)

Sample ID Ore type



Supplementary Table 4. Fe isotope compositions of ferruginous sedimentary rocks and sulfide ores.
Sample ID δ56Fe (‰) 2σ (n=3) Sample ID δ56Fe (‰) 2σ (n=3) Sample ID δ56Fe (‰) 2σ (n=3)
Ferrugnious sedimentary rocks Sulfide ores
Doyashiki/Kannondo Nittobe Fukazawa

DY1 -1.24 0.05 NT1 -1.59 0.03 FZ15 -1.60 0.04
DY2 -1.15 0.09 NT2 0.11 0.06 FZ22 -1.44 0.03
DY3 -1.57 0.02 NT3 -1.75 0.04 FZ27 -1.37 0.02
DY4 0.03 0.03 NT4 0.27 0.03 FZ29 -1.78 0.04
DY5 -0.30 0.07 FZ31 -0.52 0.03
DY6 -0.10 0.02 Nagatoro FZ53 -1.11 0.02
DY7 0.03 0.09 NR1 -0.83 0.05 FZ58 -1.06 0.07
DY8 -0.44 0.10 NR2 -0.42 0.02
DY9 -0.11 0.03 NR3 0.39 0.03 Matsumine

DY10 -0.47 0.07 MT13 -1.26 0.02
Koyukisawa MT37 -0.59 0.10

Kosaka KY1 -0.17 0.07 MT43 -1.62 0.02
KS2 -1.29 0.04 KY2 0.18 0.10 MT54 -0.26 0.03
KS3 -0.05 0.06 KY3 0.00 0.02 MT57 -0.71 0.10
KS4 -1.00 0.02 KY4 -0.20 0.04 MT81 -0.47 0.01
KS5 -0.25 0.02 KY5 0.69 0.06 MT84 -0.49 0.02
KS6 -0.44 0.04 KY6 -0.09 0.08 MT115 -1.30 0.04

KY7 -0.31 0.07 MT119 -1.46 0.01
Eruzri KY9 -0.11 0.04 MT162 -1.21 0.04

EZ1 1.40 0.07 KY10 -1.14 0.07
EZ2 -0.49 0.01 KY11 -0.41 0.04
EZ3 -0.47 0.04 KY12 -0.34 0.04
EZ4 0.76 0.10 KY8 0.12 0.10
EZ5 -0.46 0.03
EZ6 -0.44 0.10 Shinekari
EZ7 2.00 0.06 SN1 -0.52 0.08

SN2 0.11 0.06
Matsumine

MT1 -1.56 0.05 Daimiyojin
MT2 -0.56 0.06 DM1 -0.38 0.03
MT3 -0.28 0.04 DM2 -0.33 0.07
MT4 0.20 0.02 DM3 -0.44 0.05
MT5 -0.23 0.05

Fukazawa
FZ1 1.29 0.05
FZ2 -0.09 0.03

*External reproducibility of a laboratory reference material was ±0.11‰ (2σ, n = 36).


