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Abstract

During the last decade, several dense and widespan ocean-bottom observation networks have been deployed

offshore Japan. These networks enable us to observe the generation and propagation processes of tsunamis

directly with a lot of stations. In this study, we developed three new methods to utilize these networks and

applied them to actual records to confirm their effectiveness.

In Chapter 2, we developed an estimation scheme for tsunami heights as well as ocean-bottom displacements

with near-fault data on a real-time basis. The records inside a tsunami generation area are useful for a tsunami

early warning, but they contain non-tsunami components such as sea-bottom acceleration. In comparisons of

the records between collocated ocean-bottom pressure gauges and strong motion seismometers, we found that

ocean-bottom pressure gauges punctually record sea-bottom acceleration in the frequency range of 0.05–0.15

Hz. Based on this result, we proposed a new extraction scheme, which can start with a record just 30 sec after

an earthquake.

In Chapter 3, we applied the back-projection anslysis, which has been used in seismic source studies, to

tsunami records. It does not require any specific a priori information about a source to stabilize the result

because its main procedure is a simple slant stacking of observed records. We found that the tsunami back-

projection analysis can detect not only a source area but also an early stage of tsunami propagation. In addition,

the absolute amplitude of the source can also be estimated. In the case of the 2016 Off-Fukushima earthquake

with S-net data, the obtained spatial resolution was better than the one by conventional waveform inversion,

indicating that the back-projection analysis can be useful for not only understanding a tsunami source mechanism

but also tsunami early warning.

In Chapter 4, we estimated the excitation process of large later tsunamis, which clearly observed in OBP

records around Japan, associated with the 2022 Hunga Tonga-Hunga Ha’apai volcanic eruption. We applied

the Vespa analysis to tsunami records to detect arrival times and incident angles of each signal. It revealed that

the later phases as well as the first arrival tsunami were induced by the atmospheric waves. We also conducted
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numerical experiments with two methods of waveform modeling: the finite difference method and the normal

mode theory. We found that both the atmospheric wave model and bathymetric effect were important to excite

these large later tsunamis. A hybrid calculation approach combining these two methods successfully reproduced

the major feature of the observed records, particularly in amplitude.

The above three methods proposed in this study shall help us not only to investigate tsunami generation and

propagation processes but also to improve the present system of tsunami early warning.
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1 Introduction

1.1 Scope of this study

Tsunami waves, giant ocean gravity waves with long wavelength, are generated by various marine or coastal

geodynamic phenomena. Most of them are caused by seafloor deformations due to shallow submarine earth-

quakes in subduction plate boundaries. Recent development in tsunami observations has revealed tsunamis

originated from singular geophysical events such as landslides, volcanic eruptions, asteroid impacts, and at-

mospheric pressure changes (e.g., Ward, 2001; Paris et al., 2014; Ward and Asphaug, 2000; Monserrat et al.,

2006). A tsunami event rarely happens, but has occasionally induced devastating disasters such as the 2004

Sumatra-Andaman earthquake and the 2011 Tohoku-oki earthquake (Satake, 2015).

To observe tsunamis, tide gauges located at ports and harbors have been used throughout their research history.

The tide gauge records are, however, strongly affected by the complex geometry of coastal areas. Recently,

offshore tsunami monitoring systems have been deployed to be free from the coastal topographic effect. They

should also be extremely useful for mitigating tsunami hazards, enabling us to detect tsunamis earlier than the

coastal tide gauges.

A GPS wave gauge is one of the offshore measurement systems, particularly developed around Japan (Kato

et al., 2000). These gauges employ the Real-Time Kinematic GPS technique and observe the altitude of the

ocean surface directly. The wave gauges are installed about 20 km off the coast and the altitude data are

transmitted to land stations by radio signals. On the other hand, the Deep-ocean Assessment and Reporting of

Tsunamis (DART) also observe the sea level elevation using ocean-bottom pressure (OBP) gauges (Gonzalez

et al., 2005). It is one of the most representative real-time tsunami monitoring systems deployed worldwide.

Each DART station has an OBP gauge and a buoy: the OBP records are transmitted in real-time to the land via

the buoy and satellites. Although the original purpose of DART was the tsunami early warning, its records have

been very useful to study tsunami propagation processes in detail (e.g., Watada et al., 2014).
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2 CHAPTER 1. INTRODUCTION

Another approach to real-time tsunami monitoring is a network of cabled ocean-bottom observation stations.

During the last decade, two cabled ocean-bottom networks have been developed around Japan (e.g., Aoi et al.,

2020): Dense Ocean Network system for Earthquakes and Tsunamis (DONET) and Seafloor Observation

Network for Earthquakes and Tsunamis along the Japan Trench (S-net).

Figure 1.1 shows the station distribution of the two networks. They observe tsunamis by OBP gauges and

the data are transmitted via cable in real time. In addition, each station has a seismometer for multilateral

observations. One of the purposes of these networks is to observe the generation of tsunamis directly above a

fault area, which may provide reliable tsunami early warning much faster than ever. Another advantage of the

networks is that we can apply array-based analyses to tsunami records because of their dense and wide-span

deployment. Both the direct observation of tsunami generation and array-based analysis of tsunami propagation

have been impossible with conventional observations such as tide gauges.

Based on the above advantages of the dense and widespread offshore tsunami observation systems, this study

proposes the following three new methods of tsunami analyses:

1. Real-time based estimation of tsunami heights as well as ocean-bottom displacements using near-fault

OBP data (Chapter 2),

2. Rapid estimation of detailed features of tsunami source and an early stage of propagation (Chapter 3),

3. Detection of the arrival times and incident angles of a distant tsunami event (Chapter 4).

These approaches will enhance not only the reliability of tsunami early warnings but also the investigation of

tsunami characteristics.

In the following sections, we briefly summarize the tsunami generation and propagation theory utilized in

this study and traditional tsunami analysis methods.

1.2 Tsunami generation and propagation theory

1.2.1 Tsunami generation

In general, tsunami waves are generated by sea-bottom deformations associated with a submarine earthquake.

Saito (2013) derived an analytical solution in the time domain for such a case based on the linear potential

theory. He assumed a flat sea bottom, small tsunami heights compared to the sea depth, and incompressible and

irrotational flows without viscosity. The solution represents sea-bottom pressures, velocity distribution in the
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Figure 1.1: Locations of DONET (red) and S-net (blue) stations.



4 CHAPTER 1. INTRODUCTION

sea, and sea surface displacements, from the stage of tsunami generation to early propagation. As described in

the previous section, offshore tsunamis are recorded as sea-bottom pressure changes in this study. We therefore

focus on the analytical solution for the sea-bottom pressure change in this section.

The pressure change at the sea bottom, Pe, can be expressed as (Saito, 2013):

Pe(x, y, t) =
1

(2π)2
∫ ∞

−∞

∫ ∞

−∞
dkxdky exp[i(kx x + kyy)]

×
{
ρgd̃(kx, ky)
[cosh(kh)]2

∫ t

−∞
cos[ω(t − τ)]χ(τ)dτ + ρh tanh(kh)

kh
ũ(kx, ky)

dχ(t)
dt

}
,

(1.1)

where kx and ky are the x- and y-components of the wavenumber vector k, ρ is the water density, g is the

gravitational acceleration, h is the sea depth, χ(t) is the source time function, ũ(kx, ky) is the 2D Foutier

transform of the sea-bottom displacement, u(x, y), in the space-wavenumber domain, and ω is the angular

frequency, which satisfies the tsunami dispersion relation:

ω =
√
gk tanh(kh). (1.2)

Note that, since the rupture speed of a seismic fault is much faster than the tsunami propagation speed, the

vertical component of the velocity at the sea bottom is given as:

vbottomz (x, y, t) = u(x, y)χ(t), (1.3)

so that χ(t) has the dimension of the inverse of time and satisfy the following condition:

∫ ∞

−∞
χ(t)dt = 1. (1.4)

The first term of Equation (1.1) represents the pressure change due to the tsunami height, which propagates

from the source area. In the case of kh << 1, or the wavelength of a tsunami is much longer than the sea depth,

which corresponds to the majority of tsunamis, the first term can be represented as

P f irst
e (x, y, t) ≈ ρgη(x, y), (1.5)

where η(x, y, t) is the tsunami height above a given site. In other words, an OBP change is proportional to the
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tsunami height or the hydrostatic relation, which is conventionally assumed in the OBP data analyses.

On the other hand, the second term of Equation (1.1) indicates the pressure due to the sea-bottom acceleration

change d̃(kx, ky) dχ(t)dt because d(x, y)χ(t) is the sea-bottom velocity (Equation (1.3)). Under kh << 1, the

second term can be represented as

Psecond
e (x, y, t) ≈ ρhabottom

z (x, y, t), (1.6)

where abottom
z (x, y, t) is the vertical acceleration at the sea bottom. Note that the pressure change due to the

second term does not propagate, unlike the first term. In other words, it affects only inside the tsunami generation

area or near-fault area.

In the assumptions of Saito (2013), the analytical solution does not include the pressure change associated

with the ocean acoustic wave (i.e., seismic P wave), based on compressible fluid, and seafloor displacement.

Introducing these two as the third and fourth terms, the records of OBP change inside the tsunami generation

area or at the near-fault site, which can be expressed as follows:

PNF
e = ρgη + ρhabottom

z + ρcoavbottomz − ρgdbottom
z , (1.7)

where coa is the speed of ocean acoustic wave and dbottom
z is the sea-bottom displacement.

The above result indicates that the OBP gauge inside a tsunami generation area records the tsunami height

and other components, which may lead to the incorrect estimation of tsunami height. Although we can observe

a tsunami rapidly using an OBP gauge at near-fault, the extraction of the tsunami component from OBP records

is required.

Note that a station far from the source can observe only tsunami height (i.e., the first term of Equation (1.7)

or ρgη). This is because the second and fourth terms in Equation (1.7) are zero outside a fault area and the third

term will be separated in time due to the faster propagation speed than a tsunami.

In addition to the tsunami generated by sea-bottom displacement, we introduce meteorological tsunamis in

Chapter 4. It is generated by atmospheric pressure disturbances due to meteorological phenomena such as

storms and moving convective systems (e.g., Hibiya and Kajiura, 1982; Monserrat et al., 2006). According to

Saito et al. (2021), the height of the meteorological tsunami with a flat bathymetry in the two-dimension (i.e.,
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infinitely long in the y-direction) is given as follows:

η(x, y, t) = − 1
2π

∫ ∞

−∞
dkxeikx x

p̂1(kx)
ρg

[
e−ikxVt

1 − V2/c2 − e−iωt

2(1 − V/c) −
eiωt

2(1 + V/c)

]
H(t), (1.8)

where p̂1(kx) represents the atmospheric pressure change propagating in the posotive x direction with the speed

of V . The tsunami phase speed is represented as c = ω/k in Equation (1.2), and H(t) is the step function,

respectively. The first and second terms represent the tsunamis propagating in the positive x direction and the

third term in the negative x direction.

When the atmospheric wave propagates with a similar speed to a tsunami (i.e., V ≈ c), the first and second

terms become infinitely large. In other words, meteorological tsunami waves will be excited effectively, which

is often called the Proudman effect (Proudman, 1929). Note that the pressure change observed by an OBP gauge

in this case consists of the sea-surface height change (ρgη) and atmospheric pressure change at the sea surface.

1.2.2 Tsunami propagation

After the generation, the tsunami propagates as a surface gravity wave. Depending on its wavelength and height,

the equations of tsunami propagation can be classified into four types (e.g., Saito, 2019).

(1) Linear long-wave equation: the wavelength is much longer and the height is much smaller than the sea

depth. When the wavelength is long, the 3D equation of motion for water can be considered as the 2D one

because the horizontal velocity does not depend on the depth and the vertical component is almost zero. It is

called the long-wave or shallow-water approximation. For example, the fault length of an M7-class earthquake

is about 40 km, which is much longer than the average depth of the Pacific Ocean, about 4 km. On the other

hand, when the tsunami height is very small compared with the sea depth, the equation of continuity can be

considered to be linear. The height of most offshore tsunamis is on a scale of several meters, which is small

enough compared to the sea depth of kilometers scale, so that the linear long-wave approximation is usually

assumed.

In contrast, (2) the linear dispersive equation is effective in the case of short wavelength and small height.

When the wavelength is short, the particle motion of water decays exponentially with a depth similar to seismic

surface waves. For example, a steep coseismic displacement can be generated when the fault rupture reaches

the sea bottom. In such a case, a rich short-wavelength component tsunami is occurred and shows dispersive

behaviors. The tsunami associated with the 2011 Tohoku-oki earthquake is one of the dispersive tsunami
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examples. This event excited a steep sea-bottom displacement due to a large slip near the trench (e.g., Satake

et al., 2013), and the dispersive tsunami was observed at the offshore DART station (Saito et al., 2014).

The phase and group speeds of the linear tsunami can be derived from the dispersion relation (Equation (1.2)):

c =
ω

k
=

√
gh

√
tanh(kh)

kh
,

U =
dω
dk
=

c
2

[
1 +

2kh
sinh(2kh)

]
,

(1.9)

where c and U are the phase and group speed of the tsunami, respectively. When the wavelength of tsunami

is longer than the sea depth (i.e., the first case or kh << 1), the hyperbolic trigonometric functions can be

approximated as tanh(kh) ≈ kh and sinh(2kh) ≈ 2kh, so that:

c = U =
√
gh. (1.10)

In other words, under the linear long-wave approximation, the tsunami propagation speed depends only on the

sea depth. On the other hand, in the second case or kh >> 1, tanh(kh) and sinh(2kh) become one and infinity,

so the phase and group speeds are given by:

c =
√

g

k
,

U =
1
2

√
g

k
.

(1.11)

These indicate that the propagation speeds depend on the wavenumber or wavelength of the tsunami, that is, the

dispersive wave.

The third and fourth types of tsunami propagation equations are nonlinear ones. The closer the tsunami gets

to the coastline, the larger the amplitude becomes. When the tsunami amplitude is not small enough compared

to the sea depth, the nonlinearity of water motions cannot be ignored. We should therefore solve (3) nonlinear

long-wave equations or (4) nonlinear dispersive equations. The choice of them depends on the wavelength

compared to the depth. The nonlinear long-wave equations are often used in calculating tsunamis, which

propagate in very shallow seas or near the coasts (Saito, 2019). Saito et al. (2014) pointed out that nonlinear

effects also need to be considered for accurate modeling of the later tsunami waves reflected at coasts.

The above four types of tsunami propagation equations are derived under assumptions such as noncompressible

water and the rigid Earth. Watada et al. (2014) rediscovered the importance that the long-wave tsunami also
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shows dispersions, especially at distant stations, originally derived by Ward (1980). They revealed that such

dispersions are due to the seawater compressibility, the elasticity of the Earth, and the geopotential perturbations

originated by tsunamis.

Note that, in this thesis, we consider that tsunami propagations can be described as the first type, that is, the

linear-long wave which does not include any dispersive effects. This is because we will analyze the offshore

OBP data of DONET and S-net associated with the tsunamis that occur or propagate inside the arrays.

1.3 Overview of tsunami analyses

In this section, we summarize conventional tsunami analysis methods, which estimate a tsunami source or a

tsunami height at the coast.

Tsunami source areas were estimated by the arrival times of the tsunami wavefront observed by coastal tide

gauges (e.g., Miyabe, 1934; Hatori, 1969). The wavefronts were back-propagated from each tide gauge based

on its phase speed, i.e.,
√
gh, and the tsunami source was estimated as the envelope of the back-propagated

wavefronts. This method estimates only the overall source area and initial tsunami heights could not be estimated.

To estimate the initial tsunami height distribution, the waveform inversion method was proposed (Aida, 1972;

Satake, 1987). It first computes the synthetic waveforms from each potential subarea of the tsunami generation

area, i.e., Green’s functions. Under the linear wave assumption, the observed waveforms can be expressed as

the superposition of these synthetic ones. Finally, the amplitude of each potential source is estimated by the

least-squares method. This method can therefore be classified as one of the linear inversion techniques. The

tsunami waveform inversion has been widely applied to many tsunami events using tide gauge data and offshore

OBP data.

For example, Satake et al. (2013) estimated the coseismic fault slip distribution of the 2011 Tohoku-oki

earthquake. They used the records of OBP gauges, GPS wave gauges, coastal tide gauges, and coastal wave

gauges. To consider the fault rupture process, they conducted the multiple time window inversion utilizing

Green’s functions with certain rise times. Their inversion result indicated that the rupture started at the deep-

plate interface, and then huge shallow slips occurred that propagated to the north.

Kubota et al. (2018b) proposed the tsunami waveform inversion method which uses time-derivative wave-

forms of OBP records. A near-fault OBP gauge record contains non-tsunami components such as coseismic

displacement (Section 1.2.1) or instrumental rotation. Taking the time derivative can remove the offset or trend
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of OBP records associated with such non-tsunami components. The inversion result successfully reduced the

artifacts originating from non-tsunami components, so that it may be able to increase the number of OBP records

used for the inversion in future analyses.

The tsunami waveform inversion is now used for tsunami early warning in Japan (Tsushima et al., 2012).

Their algorithm, named tFISH, estimates the initial tsunami source distribution and forecasts tsunami arrival

times and amplitudes at coastal sites. They used synthetic OBP waveforms incorporating both tsunamis and

permanent seafloor deformations as Green’s functions to utilize near-fault OBP records. These Green’s functions

are pre-computed in advance, and the inversion is conducted right after an offshore earthquake is detected. The

target area of the inversion is revised in time, which is determined by the wavefront back-propagated from each

station (Tsushima et al., 2009). They applied the tFISH to the records of the 2003 Tokachi-oki earthquake and

the forecasts were obtained 20 min after the earthquake, which was about 10 min earlier than the actual arrivals

of tsunamis in nearly coastal areas.

Recently, approaches other than the tsunami waveform inversion have also been proposed. The time-reversal

imaging is an approach to characterize tsunami sources based on the time-reversed (i.e., t → −t) wave equation

(e.g., An and Meng, 2017; Hossen et al., 2015). The data assimilation technique was also used to reconstruct

tsunami wavefields and forecast coastal tsunami heights independent of source information (e.g., Gusman et al.,

2016; Wang and Satake, 2021). Based on the records of the OBP gauge array, Kohler et al. (2020) applied the

beamforming method to detect scatterers of tsunami waves, and Lin et al. (2015) derived a phase velocity map

by the eikonal tomography.

1.4 Outline of this thesis

In this thesis, we propose new methodologies by taking advantage of the dense and widespread ocean-bottom

tsunami observation system in Japan. We shall focus on the following three types of records:

1. Near-fault records to observe inside the tsunami source area (Chapter 2)

2. Intermediate-distance records to observe around the tsunami source area (Chapter 3)

3. Far-field records to observe trans-oceanic tsunamis (Chapter 4)

Each proposed method is applied to OBP gauge array data of S-net and DONET. We shall discuss new aspects

of tsunami characteristics revealed by these methods as well as applicability to tsunami early warning.
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Chapter 2 will demonstrate the method of real-time extraction of tsunami as well as seafloor displacement

components from coseismic near-fault OBP records. To develop the method, we first compare the OBP records

with acceleration, velocity, and displacement seismograms collocated at the same station. Comparisons are

conducted in both time and frequency domains, and the dominant frequency of each seismogram in OBP records

is identified. This method is applied to real data of the 2016 Off-Mie earthquake and the 2003 Tokachi-oki

earthquake.

The back-projection analysis for tsunami records will be developed in Chapter 3. The back-projection analysis

is one of the popular array-based methods used in seismology. For seismic records, it images the rupture process

of large earthquakes with a simple slant-stack process (e.g., Ishii et al., 2005). Through several synthetic tests, we

investigate the difference between tsunami and seismic cases. After clarifying the features of the tsunami back-

projection analysis, it is applied to the S-net OBP record associated with the 2016 Off-Fukushima earthquake.

Chapter 4 will apply the Vespa analysis to the records of DONET and S-net associated with the 2022 Hunga

Tonga-Hunga Ha’apai volcanic eruption. The first wave of this event is known as the atmospheric-induced wave

(e.g., Kubota et al., 2022) and its later phase has a similar amplitude to the first one. It was the first time that such

a rare tsunami, which was not caused by sea-bottom displacement or landslide associated with the eruption, was

observed clearly over the world. The Vespa analysis can estimate the arrival angle as a function of time. We

estimate the excitation mechanism of the later phase of this event based on the numerical experiments and the

results of the Vespa analysis.

Finally, in Chapter 5, we will provide the general conclusion of this thesis and some indications for future

works.



2 Real-time extraction of tsunami and displacement

components from near-fault records

2.1 Introduction

As described in Chapter 1, inside a fault area, coseismic ocean-bottom pressure (OBP) records are disturbed

by non-tsunami components such as vertical acceleration of the sea floor (i.e., the reaction force from the

water column above it), ocean acoustic wave, or P wave radiated from the fault, and permanent sea-bottom

deformation due to fault movement (e.g., Saito and Tsushima, 2016). That is why the estimation of tsunamis

inside a tsunami generation area is difficult before these motions are terminated, that is, a substantial time delay

is required from the origin time. For example, there were substantial non-tsunami signals of nearly 5 min in the

case of the 2003 Tokachi-oki earthquake (Mw 8.3), as shown later. Rapid separation of tsunami signals from

OBP records therefore becomes a key for the tsunami-forecast methods to be effective. Warning with less time

delay would provide more time for residents along the coast near the epicenter to evacuate.

The main goal of this chapter is to propose a real-time-based method to separate tsunami and sea-bottom

displacement components from coseismic OBP data inside a source area. For this purpose, we need to investigate

the relationships between OBP data and non-tsunami components (i.e., sea-bottom ground motions) at first.

In Section 2.3, we will introduce a correction scheme for ocean-bottom acceleration seismograms to estimate

the coseismic waveforms of acceleration, velocity, and displacement. In Section 2.4, we will compare OBP

records with the above sea-bottom ground motions in both time and frequency domains. Time domain analysis

is essential because we would like to separate them only with a short-length record for a warning system to

work in practice. Based on the results of comparisons, we will propose our new method to extract tsunami

components from coseismic OBP records in Section 2.5. In Section 2.6, we will apply our method to OBP data

associated with the 2016 Off-Mie earthquake and the 2003 Tokachi-oki earthquake.

11
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Figure 2.1: Epicenter (blue star) and DONET1 stations (red square) used in this study. The top right panel
shows the DONET location in Japan by the blue frame.

2.2 Data

We analyzed OBP records and strong-motion acceleration records of DONET1 stations (Figure 2.1). The

OBP gauge installed at each DONET station is an absolute quartz oscillation pressure sensor (Paroscientific

Inc., model: 8B7000-2). Its properites are as follows: the pressure range is from 0 to 68.96 MPa, and the

sampling frequency is 10 Hz (Matsumoto et al., 2013). The properties of each accelerometer (Metrozet, model:

TSA-100s) are as follows: the frequency range is from DC to > 225 Hz, the sensing range is ±4 g, the dynamic

range is 135 dB (integrated from 0.1 Hz to 100Hz), and the sampling frequency is 100 Hz (JAMSTEC, nd;

Templeton, 2017). To suppress the effect of sea-floor current flows, seismometers are buried in the sea-floor

sediment while the OBP gauges are simply sitting on the sea floor.

The records of the Mw6.0 Off-Mie earthquake on 2016 April 1 which occurred inside the DONET1 network

area (Figure 2.1) are analyzed to develop an extraction scheme. A small scale of tsunamis (< 2 cm) was exited

and clearly recorded at DONET1 stations (Wallace et al., 2016; Kubota et al., 2018b).
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As a preliminary data correction, we removed ocean-tide components from original OBP records with a

theoretical tide model (Matsumoto et al., 2000). Next, we removed constant offsets by taking the mean of each

record in 30 minutes before the origin time of the earthquake. This offset reflects the installation depth of each

station. We shall call the resulting records as “the OBP records” in this Chapter.

Wallace et al. (2016) analyzed OBP records of the same earthquake and determined its coseismic permanent

or static displacements. They found the displacement to be 10 cm at station E18, one of the stations close to the

epicenter. From the tsunami heights detected at DONET stations, this value should be too large, so that they

suggested this value to be caused by site rotations due to its strong ground shakings. Nevertheless, we initially

attempted to use all the records of the DONET1 stations including E18, because the objective of this study is

not to obtain coseismic displacements but to extract tsunami components from the OBP records.

2.3 Data correction for strong-motion accelerograms

In order to compare near-fault OBP records with vertical ground acceleration, velocity and displacement

seismograms at common sites, any appropriate correction schemes are required. Since the baseline of each

acceleration seismogram is not generally fixed in the whole record due to coseismic strong motions, simple

integration of an acceleration record for velocity and displacement leads to unreasonable results (e.g., Iwan et al.,

1985; Boore, 2001). In this section, we will search for a correction method appropriate for ocean-bottom strong-

motion accelerometer seismograms. Note that the resulted acceleration, velocity and displacement waveforms

in this section can not be used directly for our final goal, tsunami detection method (Section 2.5), but mainly for

detail comparisons with OBP records to estimate the characteristics of non-tsunami components (Section 2.4).

In practice, our proposed correction scheme for strong-motion accelerometer records would take 10 minutes

or more after the earthquake, not suitable for early tsunami warning although it should be useful to check the

performance of our method after an earthquake and tsunami waves are over.

The baseline shift of acceleration seismograms has been investigated on land-based strong-motion acceleration

data in the long history of earthquake engineering or seismology. For example, Iwan et al. (1985) proposed a

scheme that two baselines be removed during and after strong ground motions in record, as shown in Figure

2.2(a).

They assumed that strong ground shakings induce a baseline offset (am) starting at t1, followed by a residual

offset (a f ) after the shakings are over at t2. These two offsets result in two linear trends for a simply integrated
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Figure 2.2: (a) Correction scheme for acceleration, velocity, and displacement seismograms. Note that the former
two are the waveforms before the correction, while the third is the corrected one. (b) Corrected
velocity seismograms (blue lines), and raw velocity seismograms (orange lines) at stations D15 and
E17. The black lines represent the trend corrections determined by the method of this study. (c)
Corrected displacement seismograms (blue lines) with the residual displacements obtained by OBP
records (orange lines) at the two stations.
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velocity record. Once t1 and t2 are determined, using the linear trends in velocity, we can easily estimate a f and

am by the least squares fit of the velocity record for t ≥ t2:

vc(t ′) = v0 + a f t ′, (2.1)

am =
v0

(t2 − t1)
, (2.2)

where t ′ = t − t2, vc(t ′) is the regression line of velocity after t2, a f and v0 are the slope and the y-intercept

of vc(t ′), respectively. Boore (2001) generalized the method of Iwan et al. (1985) by allowing t1 and t2 to be

free parameters, and showed that various choices of t1 and t2 may lead to quite different values for the resulted

residual displacement. A main uncertainty in this baseline correction is, therefore, related to how to choose

appropriate values of t1 and t2.

Based on the correction schemes proposed by Iwan et al. (1985), and following the further development of

Wu and Wu (2007) and Wang et al. (2011), we developed a new baseline correction method appropriate for

DONET strong-motion accelerometer data on the ocean bottom. Similar to the latter two studies, we keep t1

and t2 as free parameters, and optimize them by a grid search approach in the following ranges:

tPGA ≤ t2 ≤ t f , (2.3)

tp ≤ t1 ≤ t2, (2.4)

where tPGA is the time of the peak ground acceleration (PGA), t f is the time roughly estimated for the termination

of strong ground shakings, and tp is the P-wave arrival time, respectively. These characteristic times were defined

by Wang et al. (2011), so as for the record length te to be used.

The most unique point of the present method is that our goal is to estimate the waveforms of both displacement

and velocity, while all of the previous studies focused on the residual or static displacement. In other words,

since we are able to estimate a relatively reliable value of residual displacement in the use of an OBP record,

we can directly correct the baseline of each accelerogram to match its residual displacement. We introduce ∆d

as the difference in the residual displacements estimated by OBP and acceleration records. The former is the

average from 30 to 50 min after the origin time while the latter follows the correction scheme of Wu and Wu

(2007) or the average of the corrected displacement waveform after t f . To evaluate the displacement waveform

at each iteration in this study, we define a new f ′-value with ∆d analogous to the f -value of Wu and Wu (2007)
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by

f ′ =
|r |

|b| σ |∆d | . (2.5)

Parameters other than ∆d are the same as those of the original f -value: b is the slope of the regression line

fitted to the corrected displacement waveform from t f to the end of the record, r is the correlation coefficient

between the regression line and the corrected displacement waveform, and σ is the variance of the corrected

displacement waveform after t f , respectively (Figure 2.2(a)). If the corrected displacement waveform were

perfectly flat, |r | should be 1, b should be 0, and σ at its minimum value, that is, the f -value would reach its

maximum. In addition, the smaller |∆d | is, the larger f ’-value becomes, expressing the agreement with the

OBP record.

In this study, we applied the new correction scheme of acceleration seismograms with the f ′-value to the

records at DONET1 stations for the 2016 Off-Mie earthquake. Wallace et al. (2016) suggested that the residual

displacement estimated directly from the OBP record at station E18 of this earthquake should not be reliable,

and they concluded that the true residual displacement is -4.5 cm from their fault model. We therefore used this

value for the residual displacement of E18, while the displacements at other stations were estimated from their

OBP records.

In Figures 2.2(b) and 2.2(c), we show two examples of the corrected waveforms at stations D15 and E17. The

static displacement observed by each OBP gauge was 0.2 cm and -1.8 cm for D15 and E17, respectively. The

residual displacements obtained from the corrected displacement waveforms, which is integrated from corrected

acceleration seismograms, are very close to the ones directly measured from their corresponding OBP records.

On the other hand, the correction with the f -value instead of the f ′-value cannot reproduce the residual

displacements from the OBP records if the static displacement is not negligible (Figure 2.3). We therefore

concluded that our correction scheme succeeds in removing the baseline offsets of DONET strong-motion

accelerograms recorded on the sea floor.

2.4 Comparing collocated strong-motion and pressure records

In this section, we shall compare an OBP record, p(t), with the ground acceleration record a(t) recorded at a

common ocean-bottom site, as well as the velocity record v(t), and the displacement record d(t) obtained from

a(t) by the method proposed in Section 2.3. We attempt here to clarify the relationship between coseismic

OBP changes and sea-bottom ground motions, so that we shall set up the basis of the tsunami detection
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Figure 2.3: Comparison of the corrected displacement waveforms at stations D15 and E17 between f ′-value
(blue) and f -value (orange). The residual or static displacements obtained by OBP records for
f ′-value were 0.2 cm and -1.8 cm at D15 and E17, respectively.

scheme proposed in Section 2.5. We used the following relations to convert the resulted seismograms to their

corresponding pressure waveforms (Saito and Tsushima, 2016; Saito, 2017; An et al., 2017):

pa(t) = ρha(t), (2.6)

pv(t) = ρcoav(t), (2.7)

pd(t) = −ρgd(t), (2.8)

where ρ is the density of sea water, h is the sea depth of the station, coa is the ocean acoustic wave speed, and g is

the gravitational acceleration. In this study, we adopted the following values: ρ = 1030 kg/m3, coa = 1500 m/s,

and g = 10 m/s2. Equation (2.7), for example, represents the pressure pv(t) caused by the ocean acoustic wave

radiated from the seafloor moving with the velocity v(t). Since the difference in instrumental responses between

OBP gauges and acceleration seismometers, we shall investigate in what frequency ranges the above pressure

changes are recorded.

2.4.1 Comparisons in the frequency domain

Figure 2.4(a) compares power spectral densities of three OBP records and their seismograms corrected in

Section 2.3. While OBP spectra agree well with those of sea-bottom acceleration at around 0.1 Hz, they agree

with only those of sea-bottom velocity in a higher frequency range, up to 5 Hz. These features are common at
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most of stations far from the fault area or of small amplitudes. This means that an OBP gauge mainly records

sea-bottom ground accelerations at low frequency of around 0.1 Hz but ocean acoustic waves in a wide range

of high frequency.

To quantify the relationship between OBP records and sea-bottom accelerations, we applied the cross-spectral

analysis using the magnitude squared coherence (MSC) (e.g., Nosov et al., 2018). The MSC is a function of

the cross-spectral density, estimated as the Fourier transform of the cross-correlation between two signals. The

present MSC takes values from 0 to 1 indicating how well an OBP record is coincident with its corresponding

acceleration seismogram at each frequency. Figure 2.4(b) shows MSC values at the three stations. As recognized

by Figure 2.4(a), OBP indeed agrees with sea-bottom acceleration at around 0.1 Hz at station B08 but not at the

other stations.

To confirm the above difference among stations whether it is related to the magnitude of ground motions or

not, we measured how the frequency range of agreement (i.e., high MSC value) changes with the peak ground

acceleration (PGA), commonly used in earthquake engineering. Figures 2.4(c) and (d) show the upper and

lower limits of the frequency range where MSC exceeds a given threshold. We defined the threshold to be MSC

≥ 0.8. OBP gauges seem to observe sea-bottom accelerations in the range of 0.05–0.15 Hz, regardless of the

PGA value or the magnitude of shakings.

This result is consistent with Matsumoto et al. (2012) who showed an OBP gauge to record sea bottom

acceleration in the frequency range between fs =
√
g/4πh and f1 = c/4h, while ocean bottom velocity at higher

than fs. On the other hand, this relation cannot be held especially at around 0.1 Hz at E18 and E17, the first and

the second closest stations to the epicenter. At these stations, the frequency band that OBP spectra agree with

sea-bottom velocity is higher than 0.4 Hz. We shall investigate the cause of this discrepancy as well as how to

handle it in Section 2.4.2.

2.4.2 Comparisons in the time domain

The main goal of this study is to evaluate how useful new near-fault OBP records would be in early tsunami

detection or warning, so that careful comparisons between OBP and seismic records in the time domain should

be important with a relatively short record length or only with an early part of each OBP record.

Figure 2.5(a) compares the OBP record at B08 with three kinds of its seismic records in the time domain.

The amplitude of the pressure waveform is generally similar to that of the velocity waveform, which is also

seen at all the stations. We therefore conclude that OBP gauges mainly record ocean acoustic waves during an
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Figure 2.4: (a) Power spectral densities of sea-bottom velocity (black line), sea-bottom acceleration (blue line),
and OBP (orange line) records at B08, E17 and E18. B08 is a station far from the fault area so
that the amplitudes of their records are much smaller than those at the other two close to it. Each
double-headed arrow represents the frequency range of (b). (b) Magnitude squared coherences
(MSC) between OBP and sea-bottom acceleration records at B08, E17 and E18. (c) Diagrams of
PGA versus lower and upper limits of the frequency range in which OBP data agree with those
of sea-bottom accelerations with the threshold of agreement to be MSC ≥ 0.8. Blue and orange
dots represent the lower and upper limits at each station, respectively. (d) Same as (c) except that
stations A01, A02, A03, D16, E17, E18, and E20 are excluded because the seismograms at these
stations may be contaminated by their horizontal components (Section 2.4.2). Blue and orange lines
represent the regression lines of the lower and upper limits with correlation coefficients to be 0.57
and 0.42, respectively.
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earthquake. The OBP waveform completely agrees with the velocity waveform particularly at the first several

seconds, as shown in Figure 2.5(b) on the expanded scale. The time window where the OBP waveform matches

the velocity very well corresponds to the round-trip time of the radiated ocean acoustic waves from the sea floor

to the sea surface because these durations are clearly correlated with the station depths, as shown in Figure

2.5(c). The ocean acoustic waves reflected at the sea surface are dominant in the OBP record after their prefect

match in a few seconds, even after coseismic motions of the sea floor are over. This result with the DONET data

agrees well with the numerical simulations of Saito (2017), demonstrating the validity of our baseline correction

method for ocean-bottom acceleration records.

Figure 2.6 compares OBP waveforms with ocean-bottom acceleration records in the time domain with a

bandpass filter of 0.05–0.15 Hz whose frequency range was selected from the result of Section 2.4.1. The

variance reductions (VR) in Figure 2.6 are often used in the studies with a waveform inversion to evaluate the

goodness of waveform fitting between the estimation and observation (e.g., Kubota et al., 2017):

V Rpre−acc = (1 −
∑N

k=1(d
pre
k

− dacc
k

)2∑N
k=1(d

pre
k

)2
) × 100 (%), (2.9)

where N is the record length, dpre
k

and dacc
k

are the k-th data points of the band-pass filtered OBP and

acceleration waveforms, respectively. While the original acceleration record is quite different from the OBP

record, as shown in Figure 2.5(a), the adopted filter yields their good agreement at almost all the stations in

Figure 2.6. The waveforms of six stations A01, A02, A03, D16, E17, E18 and E20, however, shows some

degrees of discrepancies (V Rpre−acc ≤ 60%). This may be due to the site conditions of these stations. DONET

consists of stations not tightly bolted with the ground beneath them, unlike for stations on land. In addition,

OBP gauges and seismometers were not strictly synchronizing their sea-floor motions during an earthquake.

Kubo et al. (2018) suggested that the site amplification effect at the KMA subarray including stations A01,

A02, A03, and A04 as well as the KME with E17, E18, E19, and E20 is larger than other stations. Kubo et al.

(2019) further suggested that stations A04, B07, B08, D15, D16, E17, E18, E19, and E20 were affected by a

certain level of nonlinear soil response during the 2016 Off-Mie earthquake.

Figure 2.7 shows that the stations at which two waveforms do not agree with each other have relatively

large PGA values not only in vertical but also in horizontal components (PGAhorizontal ≥ 2m/s2). This

result suggests that the disagreements in waveforms at these stations are partly caused by the rotation or tilt of

instruments on soft sediment during or after their strong ground shakings.
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Figure 2.5: (a) Comparisons of the record of OBP (orange) with estimated sea-bottom acceleration (blue, left),
velocity (black, center), and displacement (purple, right). Note that the magnitude of plots in
velocity and displacement are smaller than that of acceleration, by the factor of 10. (b) Enlarged
view of an early part of a comparison of OBP with sea-bottom velocity at station B08. (c) Diagram
of the round-trip travel time of ocean acoustic waves between the sea floor and the sea surface (blue
line) versus the duration of the OBP waveform that matches its velocity waveform at each station
(orange plus sign). The regression line of the data is represented by the yellow line.
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Figure 2.6: Comparisons of OBP (orange line) and sea-bottom vertical acceleration (blue line) records with
a band-pass filter of 0.05–0.15 Hz at all the stations. We define the variance reduction (VR) by
Equation (2.9).
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Figure 2.6: (continued)
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Figure 2.7: Peak ground accelerations (PGA) of vertical (blue plus sign) and horizontal (orange circle sign)
components at each station. Green squares represent stations whose variance reduction in Figure
2.6 is less than 60%. The horizontal is defined by the square root of the sum of squares of two
horizontal components.
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Let us now discuss the effect of the above disagreement on the tsunami detection scheme to be proposed in

this study. In Figures 2.6 and 2.7, the agreement of the waveforms at D14 is rather good, even though the vertical

PGA value is as large as for example, A01, a disagreement station. In contrast, the horizontal PGA at D14 is

smaller than A01. We can find such a feature at other stations, so that the above disagreement is probably caused

by large ground shakings of not vertical but horizontal components. To confirm this cause, we compared the

band-pass filtered waveforms of 0.05–0.15 Hz with the accelerations of horizontal components at the stations of

low VR or disagreement in Figure 2.8. Most of the disagreements in waveforms can be found only during strong

motions in the horizontal components, where vertical acceleration waveforms are also large but not so large in

OBP records. It may be natural that strong horizontal ground motions affect vertical acceleration seismograms

because ocean-bottom seismometers of DONET are not tightly locked with the sea floor. The disagreements

between OBP and vertical seismic records at same stations are concluded due to vertical accelerations induced by

strong horizontal ground motions. In other words, OBP gauges of DONET may punctually record sea-bottom

accelerations at around 0.1 Hz, regardless of the magnitude of ground motions at least associated with the

present earthquake.

Stations A01, A02, A03, D16, E17, E18, and E20 are excluded in Figure 2.4(d) for the above reason (i.e., large

horizontal shakings). Unlike the result with all the stations (Figure 2.4(c)), we can clearly recognize that OBP

gauges indeed record sea-bottom accelerations well in the frequency range of 0.05–0.15 Hz. We can therefore

conclude that the records of DONET OBP gauges seem to agree with sea-bottom accelerations at 0.05–0.15 Hz

even with relatively large shakings and their severe site condition sitting on soft sediment of the sea bottom.

2.5 Extraction scheme

Having confirmed the relationship between coseismic OBP records and ground motion seismograms in Section

2.4, we now propose a new scheme for tsunami early detection with ocean bottom networks such as DONET.

That is, we attempt to extract tsunami and sea-bottom displacement components only from an early part of OBP

data. Note that our new tsunami detection scheme essentially uses only OBP data because the calculation of

displacement waveforms from acceleration seismograms generally takes a long time as explained in Section

2.3. Considering the results of our analyses with DONET data, we can assume that any OBP gauge records

sea-bottom accelerations accurately at least in the frequency range of 0.05–0.15 Hz. We shall therefore need to

remove the accelerations from each OBP record with an appropriate band-pass filtering.
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Figure 2.8: Time-domain comparisons between (a) the band-pass filtered waveforms of 0.05–0.15 Hz and (b)
horizontal accelerations at stations A01, A02, A03 , D16, E17, E18, and E20. The band-pass filtered
waveforms are same as those in Figure 2.6. The horizontal at each station is defined by the square
root of the sum of squares of its two horizontal components.
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Our new early detection scheme of tsunamis is therefore realized by the following steps, as shown in Figure

2.9(a):

1. Extract a series of short records of OBP with the 60-sec time window (20% of the Tukey window) shifted

by the 10-sec interval.

2. Apply a low-pass filter of 0.15 Hz to each of the above 60-sec records (Step 1) to make a record including

tsunami, displacement, and acceleration components (i.e., to remove velocity component). As shown in

Section 2.4, velocity components mainly exist at higher than 0.15 Hz.

3. Apply a band-pass filter of 0.05–0.15 Hz to the original 60-sec records (Step 1) to make a record including

only acceleration components.

4. Subtract the band-pass filtered waveform (Step 3) from the low-pass filtered waveform (Step 2) to

remove the acceleration components. The resulted waveform should mainly consist only of tsunami and

displacement components because we are supposed to remove velocity components in Step 2 and remove

acceleration components in this step.

5. For each of the waveforms of Step 4, we take the average from 6 to 54 sec or discard both ends of the

waveform in time because we have used a 20% Tukey window to make 60-sec records at Step 1. Each

of 60-sec waveforms yields one value (the average), with which we make the final waveform for possible

tsunami and displacement signals with the original record length of Step 1.

In each of Steps 2 and 3, we applied a 2nd-order Butterworth filter to OBP records both forward and backward

in time. The length of the time window in Step 1 (60 s) is determined by the restriction from the low cut-off

frequency of the band-pass filter in Step 3. We applied the band-pass filter of 0.05–0.15 Hz or 6–20 sec in

period, so that the length of our time window becomes three times of 20 sec.

This scheme, particularly in Step 5, is similar to a kind of data smoothings by the moving average of a given

waveform. In the moving average method, the average value for the 60-sec time window at a given time is

taken from 30-sec data on both sides of that time. We can therefore obtain our final waveform, considering it as

tsunami and displacement signals, only after 30 sec of the origin time or the starting time of shakings at each

station.
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Figure 2.9: (a) Schematic diagram of the tsunami early detection scheme proposed by this study. The orange
line in the waveform in the center right represents the average from 6 to 54 sec of one of the 60-sec
waveforms, which should correspond to signals of tsunami and displacement. (b) Comparison of
the result of the method of this study (blue line), the 60-sec moving average (purple line), and the
100-sec low pass filtered waveform (orange line) at station E17. Each dot represents an estimated
value at 10-sec intervals. Note that there is a tsunami signal at 50 to 200 seconds of this record. (c)
Its original OBP record after tide and station depth components are removed.



2.6. APPLICATION TO REAL DATA 29

2.6 Application to real data

2.6.1 The 2016 Off-Mie earthquake

We applied the above proposed scheme to the OBP data at near-fault DONET1 stations of strong coseismic

shakings associated with the 2006 Off-Mie earthquake. Figure 2.9(b) shows the final waveform of station

E17 processed by the present scheme, compared with the waveforms with a 100-sec low-pass filter applied

to the original record of 5400 sec in length as well as with its simple moving average. The low-pass filtered

waveform with a long record is a kind of conventional approaches to retrieve tsunami signals from OBP data

as well as traditional tsunami data such as a tidal gauge at the ocean coast. The output of our new scheme

clearly agrees with the 100-sec low-pass filtered record much better than the simple moving average of the

original OBP record, especially in the first 100 seconds. We can recognize a signal of tsunamis at 50 to 200

seconds of the waveform obtained by the 100-sec low-pass filter together with our method. It is natural that

the result of our method is relatively similar to that of the moving average after 150 seconds where the effect

of strong shakings become negligible (Figure 2.9(c)). In other words, our method successfully removes the

acceleration and velocity components of sea-floor motions that masks the tsunami signal in the original OBP

record, particularly in its early part.

Figure 2.10 shows the results at all the stations, including those with relatively weak shakings even in their

coseismic periods. We can identify clear tsunami signals at 50 sec (station E18), at 150 sec (E17, E19 and E20),

at 200 sec (D15 and D16), at 250 sec (D13 and D14), and at 280 sec (A04 and B07), respectively. At other

stations (i.e., A01, A02, A03, B05, B06, B08, C09, C10, C11 and C12), tsunami signals are rather weak because

these stations are far from the epicenter (Figure 2.1) and tsunamis did not arrive in 300 seconds. Because of

their long epicentral distances, the signals of tsunami and acceleration at these stations are separated in their

time-domain records, so that any traditional low-pass filtering methods may work well with these data.

Note that, however, tsunami warnings which use only the records of these stations must wait much longer

than the present scheme. For example, considering that a standard tsunami inversion technique requires at least

a quarter of the waves in record, the records with our method at 10 near-fault stations (A04, B07, C13, C14,

C15, C16, E17, E18, E19 and E20) seem to be sufficient within 300 seconds after the origin time in this case.

Figure 2.11(a) shows standard errors of the present method versus the simple moving average, relative to the

100-sec low-pass filtered records for all the stations as a function of lapse time. While our signals retrieved from

the OBP records of a short record length agree well with the low-passed waveforms of a long record length,
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Figure 2.10: Same as Figures 2.9(b) and 2.9(c) except for all the stations.
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Figure 2.10: (continued)
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Figure 2.11: (a) Means and standard errors of difference from the 100-sec low-pass filtered records at all the
stations as functions of lapse time. The blue line represents the waveforms obtained by this study,
while the purple line is for 60-sec moving averages. Note that the amplitude of tsunami is about 2
cm or 200 Pa. (b) Same as (a) except that the yellow line represents the results of applying only
a single low-pass filter of 0.05 Hz instead of a band-pass filter of 0.05–0.15 Hz in Step 3–4. The
blue line represents our approach same as (a). (c) Frequency responses of 4th order Butterworth
filters. The blue, orange and yellow lines represent the low-pass filter of 0.15 Hz, the band-pass
filter of 0.05–0.15 Hz, and the low-pass filter of 0.05 Hz, respectively.

the waveforms with the simple moving average show large discrepancies from possible tsunami signals. The

maximum of the standard errors of our method (50 Pa) is about half of that of the simple moving average (110

Pa), and it is also much less than the tsunami amplitude of this event (2 cm or 200 Pa).

The disagreement of the simple moving average is significant particularly at stations close to the fault area

or those with large shakings and tsunami signals (Figure 2.10). That is, our approach should effective for the

purpose of reliable tsunami detection in the use of real-time near-fault OBP data.

2.6.2 The 2003 Tokachi-oki earthquake

In the development of the extraction method of tsunamis from near-fault OBP records and strong-motion data

at common sites, we used the DONET data of the 2016 Off-Mie earthquake. Since it was a small event (Mw

6.0) with very weak tsunamis (< 2 cm), all the adopted parameters of the method may not be applicable to

other events, particularly to earthquakes that excite much larger tsunamis for its practical use of early tsunami

warning. At present, however, OBP networks have just started their operations. Fortunately, there were a few

OBP records available around Japan before the installation of DONET and S-net stations. One of them is the

OBP records near the Mw 8.3 Tokachi-oki earthquake on 2003 September 26. It had been the largest recent

subduction-zone megathrust earthquake around Japan until the 2011 Tohoku-oki earthquake (e.g., Yamanaka

and Kikuchi, 2003; Honda et al., 2004), and substantial tsunamis of the maximum of 4m run-up height were
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observed along the coast of the southeast Hokkaido Island (Tanioka et al., 2004).

OBP gauges (PG1 and PG2) were installed as a cabled ocean-bottom observation system by the Japan Agency

for Marine-Earth Science and Technology (JAMSTEC) (Hirata et al., 2002), and tsunami waves were clearly

recorded. In addition to the OBP stations, seismic stations (OBS1, OBS2, and OBS3) were also installed in this

ocean-bottom area. Since station OBS1 was located close to the station PG1 (5 km apart), we may consider it

to be the same site of the OBP data, as in the case of DONET (Figure 2.12(a)). The vertical PGA of OBS1 was

1.54 m/s2, about 3–4 times larger than the DONET data used in the previous section.

We followed the same procedure with the OBP data of PG1 as the DONET data, that is, removing the ocean-

tide and installation depth components at first, followed by extracting tsunami and displacement components,

as explained in Section 2.5.

Figure 2.12(b) compares power spectral densities (PSD) between the 2016 Off-Mie earthquake (E18 of

DONET1) and the 2003 Tokachi-oki earthquake (PG1). The amplitude of PSD of PG1 is larger than E18 at

almost all the frequency by the factor of 10–100. The PSD peak of PG1 is shifted to lower frequency: about

0.1 Hz for PG1 versus 0.2 Hz for E18. These differences reflect their size, differing by 1,000 times in seismic

moment.

Figure 2.12(c) shows the result of the present scheme to the OBP data of PG1, using the same parameters as

the DONET1 case shown in Figures 2.9(b) and 2.10. Despite of the significant difference of their spectra both

in size and dominant frequency, our result successfully expressed tsunami components (i.e., low-pass filtered of

100 s) extracted from the original OBP data than the simple moving average, even with the parameters estimated

by the small Off-Mie earthquake.

The main period of tsunami signals is longer than 100 sec for either small or large, while the dominant

frequency range of strong ground shakings is covered mostly by the adopted parameters of the filters in the

present method (Section 2.5). As a result, the retrieval scheme proposed in this study may become effective for

the practical tsunami warning even with large events or tsunamis such as the 2003 Tokachi-oki earthquake.

Note that the gentle decrease after 100 sec in Figure 2.12(c) is due to the propagation of tsunamis, but not

ground shakings. The similar character can be observed inside the source region, and the decrease continued up

to 20 min after the origin time in the case of this earthquake (Tsushima et al., 2012). We cannot identify such

waveforms at DONET stations (Figure 2.10) because the source area of the 2016 Off-Mie earthquake is much

smaller than that of the 2003 Tokachi-oki earthquake, resulting a shorter dominant wavelength of tsunamis.

Since we analyzed the single record of PG1, we cannot make any statistical evaluations such as the standard
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Figure 2.12: (a) Locations of the epicenter (blue star), an ocean bottom pressure gauge (red square) and an ocean
bottom seismometer (red triangle) used for the 2003 Tokachi-oki earthquake. (b) Power spectral
densities of E18 for the 2016 Off-Mie earthquake (blue line) and PG1 for the 2003 Tokachi-oki
earthquake (orange line). Note that the frequency range is wider than Figure 2.4(a). (c) Same as
Figures 2.9(b) and (c) except for PG1 for the Tokachi-oki earthquake. The variance reductions
(VR) defined by Equation (2.10) are represented by the same colors. (d) Same as (c) except that
the results are obtained by three types of band-pass filters. Blue, yellow, and green lines represent
the results by the band-pass filters of 0.05–0.15 Hz, 0.04–0.15 Hz, and 0.03–0.15 Hz, respectively.
The waveform of the blue line is the same as (c).
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error analysis conducted in Section 2.6.1 or Figure 2.11(a). We therefore defined another kind of variance

reductions to evaluate the agreement with the 100-sec low-pass filtered waveform analogous to Equation (2.9)

in this case:

V RLPF−EX = (1 −
∑N

k=1(dLPF
k

− dEX
k

)2∑N
k=1(dLPF

k
)2

) × 100 (%), (2.10)

where dLPF
k

and dEX
k

are the k-th data points of the waveforms obtained by the 100-sec low-pass filter and the

adopted extraction method (i.e., our method or the simple moving average), respectively.

The variance reductions of our method and the simple moving average are 87.50% and 41.18%, respectively

(Figure 2.12(c)). In other words, our method can also provide much better results than the simple moving

average even for large M8-class earthquakes.

2.7 Discussion

In this section, we discuss each step of our extraction method and its practical applicability to possible megathrust

earthquakes in detail.

Because original OBP gauges give the absolute pressure values, this study preliminary removed constant

offsets by taking the mean of each OBP records in 30 minutes before an earthquake (Section 2.2). For the

practical operations of our extraction method, this preliminary correction may be easily done because the OBP

gauges of DONET or S-net observe OBP changes in real time. Specifically, as same as an earthquake is detected

at the closest station, the average of each OBP record is calculated and removed at other stations even before

their changes start.

In early steps, we need to apply two filters (i.e., the low-pass filter of 0.15 Hz and the band-pass filter of

0.05–0.15 Hz), followed by the subtraction of the band-pass filtered waveform from the low-passed one. It

appears to be similar to applying low-pass filter of 0.05 Hz directly to the 60-sec OBP records. Figure 2.11(b)

compares the result of our scheme with that of the possible single low-pass filtering process, clearly proving

that our fine-tuned multi-step filtering process yields small errors in result than the single filtering process

particularly in early parts of strong shakings. This difference is due to the passband characteristics of the filters

(Figure 2.11(c)). In other words, a careful filter setting of band pass characteristics is required, so that the

careful comparison of OBP and strong motion data in Section 2.4 is extremely effective.

In Figure 2.10, we can see a large offset (1000 Pa or 10 cm) at station E18. This offset is due to displacement

component of its strong shakings, as pointed out by Wallace et al. (2016). Our method, however, provides good
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agreement with the 100-sec low-pass filtered waveform, that is, the tsunami component is correctly estimated

even at stations of such unstable conditions. Since unreliable displacement components may cause some errors in

tsunami source estimation (e.g., Wallace et al., 2016; Kubota et al., 2018b), estimating the amount of sea-bottom

displacement precisely should be an important ongoing research theme. Although technical improvements such

as arrangement of good installation environment will be achived in the future, the development of efficient and

stable analytical methods will be also essential.

The most important assumption of our method is that OBP gauges observe sea-bottom acceleration in the

frequency range of 0.05–0.15 Hz from the comparison between the records of OBP gauges and accelerometers

in Section 2.4. Though the magnitude of the earthquake in this study was Mw6.0, we can obtain a good result at

least for a single OBP record of the Mw8.3 Tokachi-oki earthquake with the same assumption (Figure 2.12(c)).

On the other hand, because of the small slope of the regression lines in Figure 2.4(d), the frequency range

where accelerations are contaminated in OBP records may increase in proportion to the PGA value or the size

of earthquakes. To confirm this effect, we compared three types of band-pass filters in Step 3 to the OBP data

of the Tokachi-oki earthquake: 0.05–0.15 Hz, 0.04–0.15 Hz, and 0.03–0.15 Hz (Figure 2.12(d)). Since we

apply the low-pass filter of 0.15 Hz in Step 2 and the highest frequencies of these band-pass filters should not

affect the results. Note that the lengths of time windows had to be changed for 60 sec, 75 sec, and 100 sec,

respectively, because each record length needs to be three times of the low cut-off frequency of each band-pass

filter, as explained in Section 2.5. The stating time of our estimation is also changed to be 30 sec, 37.5 sec, and

50 sec after the earthquake, respectively.

Figure 2.12(d) shows the results with variance reductions of the resulted waveforms defined by Equation

(2.10). The wider a band-pass filter is, the larger the variance reduction becomes, as naturally recognized. Each

variance reduction is 87.50%, 94.52%, and 97.67% for the bands of 0.05–0.15 Hz, 0.04–0.15 Hz, and 0.03–0.15

Hz, respectively. There is clear improvement from the first to the second filters. We therefore conclude that the

cut-off frequency of accelerations appropriate to large earthquakes is about 0.04 Hz. This leads to slight delay

for our first estimation time, although less than 10 sec.

Note that, however, the variance reduction of the highest (0.05–0.15 Hz) band-pass filtered waveform is rather

satisfactory. A high frequency filter requires only a short piece of records, and the longer the length of time

window, the slower the estimation of tsunami and displacement components. In other words, there is a trade-off

between the accuracy and the immediacy of estimations. We propose the use of the 0.05–0.15 Hz filter in this

study, appropriate for tsunami early warnings, not only for small earthquakes but also for large ones.
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The duration time of strong shakings becomes large with the increase of the size of earthquakes. Since our

method extract tsunami signals from an early part of OBP records contaminated by other signals such as ground

shakings, it should be more powerful with large events of longer duration in shakings.

2.8 Conclusion

In order to develop a new early tsunami detection method, we analyzed the records of OBP gauges and ocean

bottom accelerometers of DONET1 associated with the Off-Mie earthquake of 2016 April 1 which occurred

inside its network area. We estimated velocity and displacement waveforms from the original acceleration

waveforms with a new parameter f ’ for correcting their baseline offsets, and then compared the OBP record

with these waveforms at each common site in both time and frequency domains. The OBP records agree with the

acceleration waveforms in the frequency range of 0.05–0.15 Hz at almost all the stations. Based on this result,

we proposed a new early tsunami detection scheme to extract most of tsunami and ocean-bottom displacement

components from OBP records, including the coseismic period of large seafloor shakings.

The proposed extraction scheme enables us to estimate the tsunami component as well as the ocean bottom

deformation at every 10 sec only after 30 sec of the origin time. As shown in Figure 2.11(a), the waveforms

estimated by this scheme show very good agreement with conventional 100-sec low-pass filtered records which

require their record length of more than 300 sec. In other words, the proposed scheme can estimate tsunami

and sea-bottom deformation signals from near-fault OBP records with high reliability much faster than any

conventional methods.

Even if the assumptions of the proposed scheme cannot be simply applied to large earthquakes, this method

may be rather robust or will not give fatally erratic tsunami sizes. This is because the last step of our method (Step

5), taking the average in each record segment of the 60 sec time windowed record, works as a stable low-pass

filter, suppressing the majority of sea bottom acceleration components. In fact, the result of application to the

2003 Tokachi-oki earthquake (Section 2.6.2) shows good agreement even with the Mw8.3 earthquake and the

PGA about three times of the Off-Mie earthquake. The same may be true in the case of tsunami earthquakes,

that is, if there are dominant acceleration components below 0.05 Hz, our method will give good results.

Several near-fault tsunami warning systems have been proposed in use of ocean-bottom records of tsunamis

and sea bottom deformations (e.g., Tsushima et al., 2012; Tanioka and Gusman, 2018; Inoue et al., 2019). Their

practice will be soon tested to real-time cabled OBP data such as DONET and S-net. Under such a situation,
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our new scheme will assist them to be more rapid and reliable as a new powerful complimentary approach from

a completely different point of view.

To apply our tsunami detection scheme to truly great megathrust earthquakes such as the Tohoku-oki earth-

quake of 2011 March 11, we will have to test our major assumption in this study, that is, an OBP gauge

records sea-bottom accelerations in the frequency range of 0.05–0.15 Hz, regardless of the magnitude of ground

shakings. While the relationship between the frequency range and PGA is almost constant in Figure 2.4(d),

we found some disagreements in waveforms at some stations, as shown in Figure 2.6. As shown in Figure 2.8,

we concluded that strong horizontal shakings were recorded partly by vertical accelerometers. We will need

examples of large events to investigate the origin of the disagreements found in this study because the number

of stations was only 20 and the magnitude of the event was only Mw6.0 as unavoidable lack of available data in

the present.

Since the operation of DONET started in August 2011 but its coverage area is limited, there was a single

event that occurred inside a network with the substantial amount of tsunamis at the stage of this study. On the

other hand, S-net, a much larger array, has just started its operation, so that there have been no tsunami data

available in research yet. The Mw7.4 Off-Fukushima earthquake of 2016 November 22, for example, occurred

in the S-net area and generated over 50 cm tsunamis (Gusman et al., 2017). The records of such events larger

than the one in this study will help us to check whether our assumption in this study will be still valid or not.

The more we analyze the records of OBP gauges and seismometers for various types and sizes of earthquakes,

the more our tsunami detection scheme will be improved. Such useful data will become abundant soon under

the recent rapid development of ocean bottom networks.



3 Rapid imaging of tsunami excitation area using

ocean-bottom pressure gauge array

3.1 Introduction

Ocean-bottom pressure (OBP) gauge arrays enable us to observe tsunamis propagating across an array directly.

As shown in Chapter 1, various approaches have been proposed for array-based tsunami records: waveform

inversion (e.g., Fukao et al., 2018), data assimilation (e.g., Wang and Satake, 2021), beamforming (Kohler et al.,

2020), eikonal tomography (Lin et al., 2015), or time-reversal inversion (e.g., An and Meng, 2017). In this

chapter, we propose a new approach: back-projection analysis.

In seismology, the back-projection analysis is known to be a relatively new but powerful array-based method

to image the rupture process of large earthquakes (e.g., Ishii et al., 2005; Yagi et al., 2012). This approach

utilizes the seismograms recorded at a dense seismic network or array. There are two major advantages of

this method over conventional and popular waveform inversion approaches (e.g., Kiser and Ishii, 2017): (1) It

requires minimal a priori constraints, that is, we do not need information such as the geometry and location of

a finite fault plane. (2) Its basic operation is only to stack the seismic records shifted by each theoretical travel

time, so that the massive and generally unstable calculation of inverted matrices in inversion methods is not

required. These advantages enable the back-projection method to require small computation cost to obtain a

reliable result. On the other hand, because of its simplicity, the physical justification of the back-projected image

has not been fully established yet. In seismology, it is considered that the back-projection image represents the

seismic energy release on a fault plane (e.g., Ishii et al., 2005). Fukahata et al. (2014) clarified several theoretical

aspects of the back-projection method, pointing out that the key condition for its appropriate performance is the

stack of Green’s functions for all the stations close to the delta function both in time and space domains. Note

that the Green’s functions are not used in the present back-projection analysis although they are related to its

performance.

39
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In this chapter, we apply the back-projection method to tsunami waveforms recorded by an OBP gauge array

of S-net (e.g., Aoi et al., 2020). In the case of tsunamis, under the linear long-wave approximation for short travel

distance, the phase speed c can be represented as c =
√
gh, where g is the gravitational acceleration and h is the

sea depth. The sea depth at every location is known much better than the Earth’s internal structure, so that we

can make more accurate travel time corrections than in the case of seismic waves although the spatial variation

of tsunami velocities is more complex and stronger than the seismic velocities in general. The back-projection

imaging of tsunamis is therefore expected to yield more satisfactory results than that of previous seismic-wave

studies. Note that the tsunami back-projection in this study focuses on the tsunamis generated inside or near an

array, while most of the seismic back-projections have utilized teleseismic P-waves or applied to the earthquake

outside or far from an array.

Another advantage of the tsunami back-projection is that it will be useful for tsunami early warning. The

source mechanism of tsunamis is often estimated as a solution to a given linear inverse problem (e.g., Satake,

1987; Saito et al., 2010; Tsushima et al., 2012). To solve the inverse problem, we need several a priori source

information estimated from seismic data. As mentioned above, the back-projection can estimate an excitation

area without any knowledge of a priori fault geometry and extensive computational cost. A back-projection

result should thefore be suitable to get a prompt and reliable estimation of the tsunami source for tsunami early

warning.

A time-reversal imaging is another imaging approach to characterize earthquake sources based on the time-

reversed (i.e., t → −t) wave equation (e.g., Larmat et al., 2006). Several studies have applied a time-reversal

imaging technique to the tsunami records (e.g., Hossen et al., 2015; An and Meng, 2017). Nevertheless, solving

the wave equation requires more computational cost than the simple stack of the back-projection analysis, so

that the back-projection analysis would be more practical for tsunami early warning.

In this chapter, we will apply the back-projection analysis to the tsunami data recorded by the OBP gauge

array, checking what a tsunami back-projection image really represents, and confirming its applicability for

tsunami early warning. Section 3.2 will explain the OBP data in the present analysis and formulate a back-

projection method suitable for tsunami data. In Section 3.4.1, some important characteristics of the tsunami

back-projection analysis will be investigated with numerical experiments. Next, we will confirm that the tsunami

back-projection of the S-net indeed satisfies the condition derived by Fukahata et al. (2014) in Section 3.4.2,

and then apply it to real data in Section 3.5. We will also evaluate our back-projection image in comparison

with the results of previous studies and numerical experiments. In Section 3.6, we will investigate the potential
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of the back-projection analysis for tsunami early warning. Section 3.7 will interpret the obtained results and

investigate other possible tsunami-generating events.

3.2 Data

In this study, we applied the back-projection analysis to the OBP records of S-net associated with the 2016

Off-Fukushima earthquake (Mw 6.9). The tsunami waves generated by this earthquake is the largest that has

ever occurred around Japan island since the first operation of S-net in 2013.

S-net consists of 150 stations as its final form in the present, however, 25 stations located in an outer-trench

region were not installed when this event occurred. Station S2N13 which was located just above the focal area,

did not record any pressure changes because the pressure observation component of this station appears not to

have worked correctly (Kubota et al., 2021a).

As preliminary data corrections, we first removed both ocean tide and DC components from the original OBP

records, that is, we set the average of each record to be zero. We subtracted the theoretical tide calculated by the

model of Matsumoto et al. (2000), as well as the average of each OBP record in 1 minute before the earthquake

as its DC component. Note that the DC component is originated from the deployment ocean depth of each

station. Then, a band-pass filter of 100–3000 sec was applied to extract tsunami components. The second-order

Butterworth filter was applied to both forward and backward in time.

Note that one of the advantages of the back-projection analysis in seismology is to image the temporal and

spatial rupture process on a given fault plane, but the tsunami back-projection analysis is not at least in the

present case of a small event. This is because the period of tsunamis analyzed is longer than a general rupture

duration. That is, the excitation of tsunami is imaged at a single time step, even for an M8-sized earthquake

(i.e., the source duration less than 100 sec).

According to the Japan Meteorological Agency (JMA), the 2016 Off-Fukushima earthquake occurred on

November 21 at 20:59 UTC. Its epicenter and centroid depth were at 37.36N◦, 141.60E◦, and 12 km, respectively.

This was a very shallow normal fault earthquake in the upper plate of the Japan trench subduction zone and

generated small but clear tsunamis observed at several coastal tide gauges and many off-shore S-net OBP gauge

stations for the first time.

Previous studies have estimated the tsunami source mechanism of this earthquake by the waveform inversion

approach based on the methodology of Satake (1987), that is, solving a linear inverse problem with Green’s
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functions of the linearized tsunami propagation. Gusman et al. (2017) and Adriano et al. (2018) mainly used

tide gauge records, while Kubota et al. (2021a) mainly used S-net OBP records. All these studies indicated that

the main part of its coseismic displacement was subsidence with an amplitude of about 1.3–2.4 m. This feature

is consistent with the focal mechanism of this normal fault earthquake estimated by seismic data (Nakata et al.,

2019).

3.3 Tsunami back-projection analysis

A back-projection image of records in original seismic studies is expressed as follows (e.g., Ishii et al., 2007):

sl(t) =
N∑
k=1
wkdk(t + ttravelkl ), (3.1)

where sl represents the stacked waveform at the lth potential source grid, dk is the seismic or tsunami waveform

observed at the kth station (k = 1, ..., N), wk is the weighting factor for the kth station, and ttravel
kl

is the

theoretical travel time between the lth source grid and the kth station, respectively. Candidates of source grids

in this study covered the area in longitude between 141E◦ and 142.5E◦ and in latitude between 36N◦ and 38.5N◦

with the grid spacing of 0.01◦ in both longitude and latitude (Figure 3.1(A)). In this study, wk was defined to

normalize each waveform by the maximum of its absolute value because this earthquake occurred inside the

S-net coverage area and the amplitude difference between near- and far-field stations was about 35 times.

Each theoretical travel time ttravel
kl

was calculated by the Fast Marching Method (FMM; e.g., Sethian, 1999).

The FMM is an algorithm to solve the eikonal equation in space numerically, and a stable travel time connecting

any source-station pair can be obtained even if the phase speed contrast in a medium is strong. The phase speed

map for the FMM was defined as
√
gh, i.e., the travel time under the linear long-wave approximation. Since we

filtered the data in a period of longer than 100 sec, this non-dispersive assumption should affect the resulting

images little. As the bathymetry data, we used the ETOPO1 (Amante and Eakins, 2009), and travel times were

calculated for the oceanic area in depth deeper than 100 m to avoid complex propagation effects near coasts.

Since the back-projection analysis stacks waveforms based on theoretical travel times, the size of travel time

errors might affect the final result. The travel time and its error between two grid points can be expressed as

∆t = ∆x/
√
gh and ∆t − ∆terr = ∆x(1/

√
h − 1/

√
herr + h)/√g, where herr is the bathymetry error and ∆terr

is its corresponding error in travel time. At least, the bathymetry data of this region adopted in this study have

sufficient horizontal resolution, considering the 500 m mesh data around Japan (Amante and Eakins, 2009). In



3.3. TSUNAMI BACK-PROJECTION ANALYSIS 43

Figure 3.1: (A) Locations of S-net stations and the target area of the back-projection analysis (the black rectangle).
The colors of stations represent the resulting clusters for mutually coherent records. Gray triangles
are the stations that do not belong to any clusters, and the stations not available in this study
(i.e., S2N13 and the outer-trench stations) are plotted as open triangles. The green star represents
the epicenter of the 2016 Off-Fukushima earthquake. (B) Tsunami records of all the stations for
each cluster. Red, purple, cyan, and green lines represent the average waveforms, and each color
corresponds to the cluster in (A). The lapse time of zero is set from each theoretical travel time.
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addition, even if the bathymetry error were twice as the actual bathymetry in the worst case, the travel time

error should not exceed 10 seconds. Compared with the analyzed period range (> 100 sec), the theoretical travel

times used in this study should be sufficiently reliable.

In the final step, the tsunami back-projection image was given by:

BPl(t) =
1

max
l

{BPl(t)}

∫ t+α

t−α
{sl(τ)}2dτ, (3.2)

where BPl(t) represents the back-projection image at the lth grid and α is the time window for integrating the

stacked waveform sl(t) of Equation 3.1. We normalized the image by the maximum of all the grids at each

time step, BPl(t). In this study, α was defined as 150 seconds, and t = 0 was the earthquake origin time

estimated using the seismic records by JMA. Note that the earthquake origin time can be estimated before the

back-projection analysis because the seismic wave speed is much faster than the tsunami one. In other words,

even in the case of tsunami early warning, the information of the origin time can be assumed to be available.

The essence of the back-projection method is to stack coherent waveforms among stations, so that a kind of

cluster analysis was conducted in order to group stations with waveforms resembling each other (Ishii et al., 2007).

We conducted a hierarchical cluster analysis Romesburg (2004) with the correlation coefficients estimated by

the Unweighted Pair-Group Method using arithmetic Averages (UPGMA) to the normalized waveforms wkdk of

Equation (3.1). The correlation coefficient was calculated for each pair of waveforms in the time window of 750

seconds before and after each theoretical travel time. The theoretical travel time was calculated assuming that

the source location was the same as the Global CMT (GCMT) solution (37.31N◦, 141.46E◦). The cluster tree

obtained by this analysis was truncated with a correlation coefficient of 0.6, that is, the correlation coefficients

of records belonging to each group to be larger than 0.6. Figure 3.1 shows the result of the present cluster

analysis. In the following back-projection analysis, we only used the data of the stations belonging to the largest

cluster, that is, 70 stations in red of Figure 3.1.

Figure 3.2 shows a schematic view of each step in the proposed method. Although an original OBP gauge

record may contain non-tsunami components such as seismic waves especially in a coseismic time window,

particularly at stations close to the source (Chapter 2), such effects on the back-projection analysis should be

minor because of the applied band-pass filter of 100–3000 sec and the above cluster analysis to select only

coherent signals among stations.

In general, a back-projection analysis estimates only the tsunami image of relative amplitude at each time
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Figure 3.2: Schematic view of the proposed method. The reference time t = 0 in Raw data, Step 1, and Step
2 is 20:55 UTC. The waveforms in Step 3 are those of the red cluster in Figure 3.1(A). The green
triangles, blue lines, and red splash in Step 4 represent the stations, ray paths, and potential source
location, respectively.
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step because of the normalization process for both each waveform and the back-projection image (Equations

3.1 and 3.2). Hossen et al. (2015) estimated the initial tsunami height from their time-reversal image, STRI .

They introduced a scaling factor C for the least-squares minimization of the difference in the maximum value

between synthetic (i.e., obtained by the forward propagation of STRI ) and observed waveforms at each station.

They found that the initial tsunami heights could be estimated as C × STRI . In this study, we estimated absolute

tsunami heights from the back-proejction image using the same scheme as Hossen et al. (2015). We used the

area of BP(0) > 0.6 as the synthetic tsunami source. This threshold of 0.6 was selected by a trial-and-error

approach to an effective tsunami source area for the reference of the previous studies. Note that all the estimated

amplitudes were positive values in our case because both the scaling factor C and the back-projection image

BP(t) were positive.

To evaluate the goodness of the obtained back-projection image, we used the variance reduction (VR) (e.g.,

Kubota et al., 2018b) defined as:

V R =

(
1 −

∑
k

∫
[dobs

k
(t) − dsyn

k
(t)]2dt∑

k

∫
[dobs

k
(t)]2dt

)
× 100 (%), (3.3)

where dobs
k

(t) and dsyn
k

(t) are the observed and synthetic tsunami waveforms at the kth station, respectively.

The synthetic waveforms were calculated by the JAGURS code (Baba et al., 2016). The time window for the

VR calculation was 400 seconds before and after each theoretical travel time. As the source of the synthetic

tsunami waves, the back-projection image with an amplitude greater than 0.6 was multiplied by −C, that is,

−C × BP(0), a negative value representing ocean-bottom subsidence for this earthquake (e.g., Gusman et al.,

2017).

3.4 Synthetic test

3.4.1 Feature evaluation of tsunami back-projection

In this section, we shall investigate the performance of the present tsunami back-projection analysis with several

numerical experiments. In the experiments, we set up a constant bathymetry of 2000 m with a grid size of 0.1◦

or 10 km. Three types of wave sources were prepared: a plane wave, a single Gaussian source, and a dipole

source.

Figures 3.3(A) and 3.3(B) show the back-projection images for the plane wave case. In this case, a single
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Figure 3.3: Numerical experiments for the back-projection image of a plane wave source at 0 and 2000 sec.
(A) A single station (the green triangle) is located at (0,0) and the blue dashed line represents
the assigned plane wave. Note that the amplitudes of the images are normalized at not each time
step but t = 0 in this case. (B) Same as (A) except for 161 stations located parallel to the plane
wavefront. There is a mirror plane-wave image in the shaded area due to the symmetrical setting of
this experiment. (C) Synthetic waveform for the plane wave case. Lapse time of 0 means the initial
time of the calculation. (D) Schematic figures comparing back-projection analyses with seismic
waves and tsunamis. The green triangles, blue lines, and red splashes represent the stations, ray
paths, and imaged sources moving in time, respectively.

sinusoidal wave (Figure 3.3(C)) propagates from left to right. Note that we normalized the back-projection

image BPl(t) by not max
l

{BPl(t)} but max
l

{BPl(0)} only in Figures 3.3(A) and 3.3(B), unlike the explanation

in Section 3.3 for real data, to show what the time-lapse back-projection image reflects clearly.

A single station case of Figure 3.3(A) corresponds to a simple back-projection from the station backward

in time, so the images are indeed circular. This result explains what factor reduces the amplitude of the back-

projected images in time or distance in the following cases of many stations. The closer to the station, the

larger the curvature of the back-projection image. In Figure 3.3(B) 161 stations are aligned at x = 0 with 0.1◦

intervals. Even without any causes of attenuation such as the geometrical spreading or bathymetry change, the

amplitude of the back-projection images appears to decrease with time. In other words, the imaged temporal

change in amplitude does not reflect the absolute tsunami height. The decrease in amplitudes is caused by the
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finite coverage of stations from the result of Figure 3.3(A). On the other hand, the image at each time step was

located correctly, and its spatial distribution of amplitudes is nearly constant or the image of a plane wave can

be retrieved well. That is, we may conclude that the present tsunami back-projection analysis could image the

basic feature of tsunami propagation though the amplitude can not be compared to that at the other time steps.

Note that there are images in the opposite direction from the stations in Figures 3.3(A) and 3.3(B) because

the stations are aligned straightly and the bathymetry is constant (i.e., the same travel time at x < 0 and x > 0).

The S-net stations are distributed rather randomly and the bathymetry in and around the target area generally

has strong contrast, so such a false mirror image should not exist in the present actual case.

Figures 3.4(A2)–(A5) show the back-projection images for a single point source of Gaussian spatial distribu-

tion. We used a two-dimensional Gaussian function of the average and the standard deviation of both x and y

to be 0 and 50 km with the maximum amplitude of 10 m, i.e.,10 × exp[−(x2 + y2)/(2 × 502)]. The number of

stations is the same in all the cases, 90, to investigate the effect of station coverage in three cases: 360◦, 180◦

and 90◦. In other words, the stations are two and four times denser in Figures 3.4(A4) and 3.4(A5) than 3.4(A2)

and 3.4(A3), respectively.

Figures 3.4(A2), 3.4(A4), and 3.4(A5) show the back-projection images at t=0 with different coverages of

stations. Figure 3.4(A3) is the same as Figure 3.4(A2) except the image using a small tsunami source of 1/10

amplitude (i.e., 1 m). Each back-projection image is normalized by each maximum value. From these figures,

we may conclude that the source can be successfully estimated if the coverage of stations is more than half

or 180◦ around the source. When stations cover only by 90◦ (Figure 3.4(A5)), an isolated image may not be

obtained at the correct location and there are several ghost images. Since the utilized S-net stations covered the

eastern half of the epicenter in this study (Figure 3.1), like Figure 3.4(A4), we confirmed that the back-projection

images to be shown and discussed in this study were sufficiently reliable and stable, particularly at their location.

Next, we investigated the relationship of the amplitude obtained by the present back-projection analysis with

the absolute size of tsunami heights. Figures 3.4(A2) and 3.4(A3) for large and small tsunami sources not only

show the same visual image but also have the same absolute value even before normalizing their images. This is

because we normalized each waveform before stacking (Figure 3.2), that is, wkdk in Equation 3.1 were set to be

common regardless of the given source intensity. The difference in the intensity of tsunami sources, therefore,

should not affect the obtained image in the normalized procedure of the present back-projection analysis. Since

we know a precise velocity model for tsunami propagations, this conclusion should hold even for real data.

We then searched for a supplementary procedure to estimate the absolute amplitude of the tsunami source
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Figure 3.4: Same as Figure 3.3 except for a single Gaussian and a dipole source with several radius coverages
of stations. (A1) The distributions of the source and stations for (A2) to (A5). The green triangles
represent the stations. Note that the source smaller than the others by 1/10 was used for (A3).
(A2)–(A5) The back-projection image at t = 0. Note that the amplitude is normalized at each figure.
(B1) A dipole source for (B2)–(B5). (B2)–(B5) Same as (A2)–(A5) except that the (B1) tsunami
source. Note that (B3) was estimated after the correction of polarity. (C1) Same as (A1) except that
the depth contrast at x = -1, which is represented by the dashed line. The depths are 1000 m and
5000 m in the area of x < -1 and x > -1, respectively. (C2)–(C4) Same as (A2)–(A5) but with the
model of (C1).
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with the present tsunami back-projection analysis using the scaling factor estimation of Hossen et al. (2015)

referred to in Section 3.3. From the back-projection image of Figures 3.4(A2) and 3.4(A4), the estimated

amplitudes or the scaling factors C of Hossen et al. (2015) were 7.30 m and 7.47 m, respectively. This means

that the amplitude of the obtained image does not largely depend on the angle of station coverage. Meanwhile,

we must take care of the difference between the absolute amplitude estimated by the back-projection image and

the assinged Gaussian source of 10 m. That is, the present analysis appears to obtain the initial tsunami source

height at the source region, or the scaling factor C, underestimated by about 70%, although this number appears

to be stable by the condition of observations. This underestimation may be caused by the band-pass filter applied

before stacking (Section 3.3) because the ratio of maximum amplitudes between raw and filtered data was 0.63

on average in this numerical experiment. Since the frequency range of the band-pass filter was determined to

extract a tsunami component effectively in this study, our amplitude estimation should reflect the displacement

corresponding to tsunami generation. In summary, compared with synthetic and recorded tsunami waveforms

at several selected stations, we may estimate even the absolute values of tsunami heights at the source without

significant errors.

We also examined the case of a dipole tsunami source, that is, there are areas of both positive and negative

at the source. Figure 3.4(B1) shows the assigned dipole source, and the obtained images are given in Figures

3.4(B2), 3.4(B4), and 3.4(B5). Figure 3.4(B3) shows the result with a polarity correction, that is, the sign

reversed only for the synthetic records at stations y > 0 or in the upper half of the figure to follow the part of

negative displacements at the source. Such a polarity correction is often used in the seismic back-projection

analysis to improve the correlation of each waveform (e.g., Ishii et al., 2005). In the present case, while two

separated sub-areas were imaged correctly without the correction as two positive sources located properly

(Figure 3.4(B2)), a single point source was imaged with the correction (Figure 3.4(B3)). This implies that the

polarity correction is not required for the tsunami back-projection analysis. This is probably because the polarity

correction would lose the information on the source (i.e., uplift or subsidence). In other words, the cancellation

of positive and negative signals recorded at each station through the stacking process should be important to

image adjacent uplift and subsidence sources. The polarity correction in the tsunami case appears to enhance

the resolution of the image in space in an excessive manner, resulting in an image as compact as possible (i.e.,

monopole), because of not canceling out but overlapping positive (uplift) and negative (subsidence) signals.

Nevertheless, we must be careful that the station coverage seems to affect the back-projection image more than

the former case of a single polarity (Fiugres 3.4(A4), 3.4(B4) and 3.4(B5)). If stations cover only parallel to the
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dipole vector at the source, the image appears to be degraded due to the false stacking of positive and negative

polarity in records (Figure 3.4(B4)). Still, a point source can be imaged even if stations are located perpendicular

to the dipole vector (Figure 3.4(B5)), probably because the station distribution makes each record to be the same

polarity. Although the complexity of tsunami source distributions does not make a serious problem in this study

because the displacement of the 2016 Off-Fukushima earthquake was almost only subsidence (e.g., Gusman

et al., 2017), we may need to take care of this factor when applying the back-projection analysis to earthquakes

with tsunami source areas of both subsidence and uplift.

In the end, we investigated the effects of the waves reflected by an abrupt depth change. We used the same

source as the one in Figure 3.4(A1) but inserted the depth contrast at x = -1, as shown by the dashed line in

Figure 3.4(C1). While the sea depth of the synthetic tests was constant in the rest of Figure 3.4 (i.e., 2000m) we

assigned shallow (1000 m, in x < -1) and deep (5000 m, in x > -1) areas in this test. In other words, the reflected

waves are generated at x = -1.

The resultant back-projection images are shown in Figures 3.4(C2), 3.4(C3), and 3.4(C4) with three different

station distributions. The distributions in 3.4(C2) and 3.4(C3) are the same as in Figures 3.4(A2) and 3.4(A4),

respectively. The reflected waves affect the resultant image, especially in the area of x < -1 or shallow bathymetry,

in both cases. This is because the travel time used in the present back-projection analysis considers only the

direct waves. At each station, the reflected waves are observed after the direct ones, and these waves are back-

projected to fictitious sources as the direct waves. Note that these sources are imaged at the shallow bathymetry

area because the round-trip time between the true source and the reflector is interpreted as the travel time from

the fictitious source located farther than the true one. When we used stations in the shallow area, such incorrect

images were not obtained since those stations do not observe the reflected waves as shown in Figure 3.4(C4).

For the practical application to DONET and S-net data, we consider that the reflected waves would affect only

in a minor manner. There are two main reflectors of tsunami waves around these networks: the Japanese trench

and the coastlines of the Japanese island. The waves reflected by the Japanese trench are rarely observed by

DONET and S-net due to their station distributions. Since these networks are deployed on the landward side of

the trench (Figure 3.1(A)), the station distribution of Figure 3.4(C4) is analogous to them. In other words, the

back-projection analysis with DONET and S-net would not be influenced by the reflected waves by the Japanese

trench. The effect of reflected waves by the coastlines should also be small. This is because, in such a case, the

ghost image by the reflected waves should be on land, that is, outside the target area of the analysis.
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3.4.2 Conditions for good performance in back-projection imaging

In the previous section, we investigated the characteristics of the tsunami back-projection analysis referring

to several numerical experiments, whether our approach can obtain a reliable image of tsunami heights at a

source region. In this section, we shall confirm the conditions for its good performance with the real station

distribution and bathymetry from a theoretical point of view. Fukahata et al. (2014) revealed the importance of

the followings: (1) waveforms from other than the target source grid l are well canceled out each other and (2)

the stacked Green’s function becomes as close as the delta function. We checked these conditions in order to

confirm the validity of images in this study.

Considering causality, in general, the observed waveform at station k can be written as:

dk(t) =
∑
L

(aL ∗ GkL)(t), (3.4)

where aL is the input at the Lth source grid, GkL represents its impulse response (i.e., the Green’s function) at

the kth station, and ∗ denotes the convolution in time. By substituting Equation (3.4) into (3.1), the lth stacked

waveform becomes

sl(t) =
∑
k

wk
∑
L

(aL ∗ GkL)(t + ttravelkl ). (3.5)

The above two key conditions can be expressed in the following representations:

∑
k

wkGkL(t + ttraveltime
kl ) ≈ 0 (l , L, ∀t), (3.6)

∑
k

wkGkl(t + ttravelkl ) ≈ δ(t). (3.7)

These equations mean that the back-projection image does not have any smearings in both space and time

domains. The sum of L in Equation (3.5) can be ignored when Equation (3.6) is satisfied:

sl(t) ≈
∑
k

wk(al ∗ Gkl)(t + ttravelkl ). (3.8)

When Equation (3.7) is satisfied, moreover, Equation (3.5) finally leads to our ideal image:

sl(t) ≈ al(t). (3.9)
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In other words, when the stacked Green’s function is similar to the delta function in both space and time domains,

the back-projection image would reflect the actual physical phenomenon or excitation area in time and space

well. Note that the above conditions are related to the stacked Green’s function, but they are not required when

applying to actual data (Equations (3.1) and (3.2)).

To verify Equations (3.6) and (3.7) in the present case, we calculated the Green’s functions for the 70 stations

that we analyzed, using the JAGURS code (Baba et al., 2016). As a synthetic tsunami source for the Green’s

function, a two-dimensional Gaussian function with a height of 1 m and a width of 2 km was used, and such

sources were distributed inside the target area of this study with 0.1◦ intervals (i.e., L in Equation (3.6) to be

278).

Figures 3.5(B) and 3.5(C) show the spatial variations of ratios in the horizontal lengths between the back-

projection image larger than 0.6 and the assigned source for the Green’s function (i.e., 2 km) at each source

in the x and y (i.e., north-south and east-west) directions, respectively. For x direction, the ratio around the

epicenter is small, about 5, but it is as large as 12 in the southwest region of our target area. On the other hand,

the ratio is generally very small in the y direction, about 1 except in a southwest region, implying images of

high resolution particularly in the north-south direction.

The large ratios in the x direction compared to the y direction seems to be originated from the station

distribution which concentrated on the east side of the source. In addition, the large value in the southwest

region seems to involve the bathymetry gradient there (Figure 3.5(A)), that is, the refraction of tsunami waves

should affect the obtained image. Although the image of this study can be said to be reliable near the epicenter,

we will discuss the effect of station distribution in Section 3.7.

Figure 3.5(D) verifies Equation (3.7) in this study. Because we integrated the stacked waveforms from -150

to 150 sec for BPl(0) (Equation 3.2), we here compared the size of the stacked Green’s functions integrated

for t = -150–150 sec with that for the entire record length, that is,　
∫ 150
−150{sl(t)}2dt/

∫ ∞
−∞{sl(t)}2dt. This ratio

would be close to one if Equation (3.7) is satisfied perfectly. Figure 3.5(D) shows the condition of Equation

(3.7) seems to be well satisfied at most of the grid points. Values much smaller than one at some points near the

coast line may be caused by their small lapse times between each direct and reflected waves. Except for such

points, we may say that the back-projection analysis can avoid the effect of reflected waves.
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Figure 3.5: (A) The bathymetry of the target area of this study. The green star represents the epicenter of the
2016 Off-Fukushima earthquake. (B)(C) The horizontal length ratios between the back-projection
image of larger than 0.6 and the assigned source for the Green’s function (2 km) in the x and y

directions. (D) Ratios of the stacked Green’s functions integrated in t = -150–150 sec and those for
each entire record length, i.e.,

∫ 150
−150{sl(t)}2dt/

∫ ∞
−∞{sl(t)}2dt.

3.5 Application to real data

In this section, we shall present the results of our tsunami back-projection imaging. The back-projection images

here will be compared mainly with the previous result of Kubota et al. (2021a) because they estimated initial

tsunami heights applying the waveform inversion method to the same S-net OBP data as this study, which should

be superior to other studies with tidal gauge data at coastal stations.

The back-projection imaging at t = 0 or the origin time is shown in Figure 3.6.

The obtained image was located not exactly at the epicenter but slightly in the southwest of it. A similar

tendency was obtained for the aftershock distribution defined by the earthquakes that occurred shallower than

50 km and within 24 hours after the mainshock. The back-projection image especially is large in the northern

part of the aftershock distribution. It is consistent with the region of smaller than -0.5 m (i.e., larger than 0.5

m in amplitude) of the initial tsunami height distribution estimated by the waveform inversion (Figure 3.6(B))

and the sea-bottom displacement by the grid search of the single fault model (Figure 3.6(C)) of Kubota et al.

(2021a). The crustal deformation by the single fault model was calculated using the DC3D code (Okada, 1992).

With tidal gauge data, Gusman et al. (2017) and Adriano et al. (2018) also subsided regions, but they were larger
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Figure 3.6: (A) Back-projection image at t = 0 or the origin time. The red triangles are the stations used in
the analysis. The green star represents the epicenter of the 2016 Off-Fukushima earthquake. The
black solid rectangle represents the target area of the back-projection imaging, and the dashed one
corresponds to the enlarged area of the right bottom, (B), or (C). (B) Enlarged image of the black
dashed rectangle of (A). The green line represents the area with amplitude larger than 0.6. The cyan
dots represent the aftershock epicenters. The red and blue contour lines represent the positive and
negative amplitudes of the initial tsunami height estimated by Kubota et al. (2021a) with the solid
to be 0.5 m interval and the dashed to be 0.1 m. Note that there are no solid red contours as the
maximum uplift was less than 0.5 m. (C) Same as (B) except that the cyan contour lines represent
the subsidence for the single uniform fault slip model of Kubota et al. (2021a).
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than the one of Kubota et al. (2021a). In other words, all the previous waveform inversion studies suggested a

wider subsidence area than ours (i.e., background color of Figure 3.6). On the other hand, Nakata et al. (2019)

compared uniform and heterogeneous fault models using forward simulations with a grid search, and concluded

that this event could be well explained as uniform slips over a fault plane as well as 20 km. Kubota et al. (2021a)

also estimated the single uniform slip fault model with the fault length of 15 km as shown in Figure 3.6(C). The

size of the present back-projection image is consistent with the length of their estimated uniform fault. Note

that our back-projection analysis could estimate tsunami source distribution without any a priori constraints of

its fault geometry.

As explained in Section 3.3, the absolute amplitude or the scaling factor C and the VR were calculated as

an indication of our performance using the region of amplitude larger than 0.6 (i.e., surrounded by the green

line in Figure 3.6) and the 70 stations of S-net. The estimated absolute amplitude and the VR were 1.67 m and

59.9%, respectively. The maximums of sea-bottom subsidence estimated by previous studies were 1.3–2.4 m

(Adriano et al., 2018; Gusman et al., 2016; Nakata et al., 2019; Kubota et al., 2021a). Even if taking our result

to be 70% underestimated into consideration, as explained in Section 3.4.1, the back-projection result of this

study (i.e., 2.39 m) is consistent well with the estimation by the waveform inversions. The VR value of 59.9%

also confirms the good performance of the present back-projection image.

Next, we investigated snapshots in the tsunami back-projection analysis after the origin time (Figure 3.7). Note

that the amplitude of each image was normalized by the maximum amplitude at each time step (Equation (3.2)),

and that the back-projection analysis was applied only to oceanic regions deeper than 100 m. In comparison,

the contours of the dashed lines in Figure 3.7 represent the synthetic sea-surface displacement distribution

calculated by the JAGURS code from the initial tsunami height distribution estimated by Kubota et al. (2021a).

The synthetic tsunami waves propagate of large amplitude mainly in the three directions: northwest, south,

and southeast. The northwestern and southern parts are clearly larger than the southeastern, probably due to

the bathymetry around the epicenter and the spatial distribution of the assigned tsunami source. On the other

hand, the back-projection image of large amplitude moves in the southeast direction, which agrees with the

southeastern propagation of the synthetic. In other words, the back-projection analysis detected not only a

tsunami source but also some parts of the tsunami propagation, as we have observed in the sinusoidal-wave

numerical experiment of Section 3.4.1 (Figure 3.3).

While we can see synthetic tsunami waves propagate in the northwest and south directions in Figure 3.7, the

back-projection image does not show propagations in these two directions. The northwestern part cannot be
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Figure 3.7: Back-projection images at 0, 200, 400, 600, 800, 1000, 1200, 1400, and 1600 sec after the origin time.
The pink and blue contours represent the synthetic tsunamis in positive and negative, respectively,
calculated from the initial tsunami height distribution estimated by Kubota et al. (2021a). The
interval of contours is 0.1 m and 0.02 m at 0–1000 sec and at 1200–1600 sec, respectively. The
green lines represent the area with the back-projected amplitude larger than 0.6. The green star
represents the epicenter of the 2016 Off-Fukushima earthquake. Note that the shaded area is
shallower than 100 m, so it is not subject to the present analysis.
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imaged simply because it is out of the target area of this study. On the other hand, there are no propagations

to the south in the image even inside the target area. In Section 3.7, we will explain why the present tsunami

back-projection analysis could not capture this part of propagations, which is related to the specific bathymetry

of this study.

3.6 Applicability for tsunami early warning

As in the case of Figure 3.6, the locations of the epicenter of an earthquake and its tsunami source are not always

same. Our back-projection analysis is suitable to detect such differences compared with tsunami waveform

inversions because it dose not require any strong a priori assumptions for imaging. In other words, the back-

projection analysis will help tsunami early warning particular for a large event. The larger an earthquake, the

broader its tsunami generating area, and the discrepancy in their locations would not be neglected.

The back-projection requires a lot of stations because its main process is to stack coherent waveform data.

In this study, we used 70 stations based on the cluster analysis (Section 3.3). From the point of tsunami

early warning views, however, we cannot use all the stations immediately after an earthquake occurs. In this

section, we shall investigate the effect of the number of stations on the quality of our back-projection analysis

for applicability to tsunami early warning of possible future events.

We first estimated the effect of the number of stations based on theoretical travel times. The numbers of the

available stations were 0, 5, 24, 49, 67, and 70, which corresponds to 10, 20, 30, 40, 50, and 60 min after the

origin time, respectively. In other words, all the stations used in Section 3.5 cannot be available until 1 hour

after the earthquake in this case. Figure 3.8 shows how the resulted back-projection image is changed by the

number of the adopted stations. There are small amplitudes over the entire target area in the back-projection

image at the first 20 min with the small number of stations (Figure 3.8(A)), but the imaged area is aleardy fairly

consistent with the other results at later times or with more stations. Although the number of stations is about

one-third of the total, the resulting image at 30 min turns out to be almost identical to the final image presented

in Section 3.5 (Figure 3.8(B)). After time passes by, calculated at 40 and 50 min, an image gets changed little

as the number of stations increases (Figures 3.8(C) and 3.8(D)).

In addition, we estimated the absolute amplitude and the VR for each back-projection image. The source area

of synthetic waveforms was defined as an amplitude larger than 0.6, as represented in Figure 3.8(E). Despite of

different numbers of stations to be used, all the VR values were defined for the records of all the 70 stations to
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Figure 3.8: (A) Back-projection image at t = 0 by stations available 20 min after the origin time. The red
and gray triangles are the stations that can be used at 20 min and all the stations used in Section
3.5, respectively. The green star represents the epicenter of the 2016 Off-Fukushima earthquake.
The black solid line represents the target area of the back-projection image, and the dashed line
corresponds to an enlarged area of (E). (B)(C)(D) Same as (A) except that the lapse times are 30,
40, and 50 min. (E) The cyan solid, cyan dashed, blue solid, and blue dashed lines represent the
regions of the back-projection image of amplitude larger than 0.6 at 20, 30, 40, and 50 min after the
origin time. The background color and the green solid line are the results with all the 70 stations,
i.e., the same as Figure 3.6.
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evaluate the accuracy of the estimated image. The amplitudes of scaling factors were 1.81, 1.83, 1.77, 1.71 m at

20, 30, 40, and 50 min, and their corresponding VRs were 29.9, 50.8, 58.5, and 60.6%. A VR value higher than

50% is generally considered to be reliable (e.g., Kubo et al., 2002), so that the present back-projection analysis

can estimate a tsunami source area stably after 30 min of the origin time of the earthquake. In addition, the

estimated absolute amplitudes were nearly at all times, so we may say that we could estimate a tsunami size just

after 20 min of the origin time.

Lastly, we evaluated the back-projection results from the perspectives of the blind zone and the warning time.

The blind zone means the place where no alerts are possible because a tsunami arrives faster than obtaining

reliable estimation. The warning time is the time between the detection of the tsunami source and the tsunami

arrival (e.g., Allen and Melgar, 2019). Considering the reliable estimation can be obtained after 30 min, because

the red stations in Figure 3.8 represent the arrival of tsunami waves, the blind zone of tsunami early warning,

in this case, is limited to only around 37N◦ (i.e., Fukushima prefecture), very close to the epicenter. Figure 3.8

also shows the warning times for regions farther than 38.5N◦ in the north and 35◦ in the south are longer than

10 min. Actual tsunami amplitudes larger than 50 cm were observed at tidal gauges in the coast from Oarai

(located at 36.3N◦) to Kuji (located at 40N◦) (Gusman et al., 2017). That is, our back-projection analysis could

virtually work out as a tsunami early warning for the regions before the tsunamis of this earthquake actually

arrived there.

3.7 Discussion

In this section, we will discuss three topics of the present back-projection analysis: (1) what the tsunami

back-projection image actually represents, (2) its applicability for tsunami early warnings of other possible

earthquakes, and (3) the difference between the back-projection analysis and the conventional waveform inver-

sion.

3.7.1 What the tsunami back-projection image actually represents

In Figure 3.6, the back-projection image with amplitude larger than 0.6 agrees very well with the main part of

the initial tsunami height distribution estimated by Kubota et al. (2021a) (Figure 3.6). The following temporal

sequence of images is consistent with an early part of synthetic tsunami propagations (Figure 3.7). As pointed

out in Section 3.5, however, the back-projection image did not simulate the tsunami component propagating
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in the south direction. In the present analysis, we took into account only the direct wave or the path of the

minimum travel time from the source to a given station. In other words, the waves reflected once or more at

coasts could not be stacked coherently. The southwards propagating waves appear to be refracted by the strong

velocity gradient or bathymetry change in the Japan trench, then the propagation direction quickly and abruptly

changes towards the coastline where the reflection appears take place (1200–1400 sec in Figure 3.7). This is

why the back-projection image of this study could not reproduce the tsunami waves propagating to the south. If

tsunami records were stacked with very accurate theoretical travel times of the reflected waves, the propagation

to the south might be imaged.

We now consider why our back-projection images reflect not only a tsunami excitation area but also an early

stage of tsunami propagations. Back-projection analyses have been widely applied to seismic records, and their

results were considered to be the radiated energy on an actual fault (e.g., Ishii et al., 2007). Seismic waves, P

waves in most cases, immediately propagate away from the fault in a 3-D manner as shown in Figure 3.3(D).

In the case of tsunamis, on the other hand, the target area is the whole sea surface which contains not only the

tsunami source but also propagation paths and stations. As a result, the back-projection analysis using tsunami

waveforms can estimate both sources and an early part of the propagation processes of tsunamis.

3.7.2 Applicability for tsunami early warning of other possible earthquakes

In this study, we set t = 0 of the back-projection analysis to be the earthquake origin time, which was estimated

by JMA using seismic records (Section 3.2). Since the seismic wave speed is faster than the tsunami one, it can

be obtained before the back-projection analysis. In the case of larger earthquakes, however, the tsunami origin

time would be different from the earthquake one. For example, in the 2011 Tohoku earthquake case, Satake

et al. (2013) found that the huge shallow slip or sea-bottom displacement occurred 3 min after the origin time.

In such cases, the back-projection image for the actual tsunami source would be t > 0 instead of t = 0. However,

because we applied the filter forward and backward in time and used the time window of 300 sec in the final

step of the back-projection analysis (Equation 3.2), the uncertainty of the tsunami origin time little affects the

estimation result (Figure 3.9).

From the result in Section 3.6, the back-projection image of the event of this study provides reliable information

about the tsunami source distribution at 30 min after the origin time. The VR of images increases in time, as

explained in Section 3.6 and Figure 3.8, but it was dropped to 59.9% at the final 60 min. This may be due to

the poor quality of waveforms or weak tsunami signals at the stations added in the last final 10 minutes because
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Figure 3.9: The comparison of the back-projection images at -200 and 200 sec. The green line and the green star
represent the area with an amplitude larger than 0.6 and the epicenter of the 2016 Off-Fukushima
earthquake, respectively. The blue dashed lines are the same as the green lines except that t = 0, or
the tsunami origin time, which is the same as the earthquake origin time in the case of this study.
The image at 200 sec is the same as in Figure 3.7.
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each OBP waveform was weighted equally (i.e., each record was normalized) in the present analysis (Section

3.3). Nevertheless, the back-projection images at later time steps agreed very well with each other (Figure 3.8),

which guarantees a stable result regardless of a detailed selection of the stations to be used.

Considering how to select stations used in the analysis may be important for other tsunami-exciting earth-

quakes. In this study, we selected the stations by the cluster analysis for the coherency of records, as explained in

Section 3.3, so let us investigate how such a cluster was formed. Figure 3.10(A) shows the ray paths calculated

by the ray-tracing method proposed by Satake (1988) with a 1◦ interval, that is, solving the ray tracing equations

by the Runge-Kutta method. Hereafter, each cluster will be referred to the colors shown in Figure 3.1(A) (e.g.,

the largest cluster is called the "red cluster"). In figure 3.10(A), rays directly reach all the stations of the red

cluster but not stations of other clusters.

Figure 3.10(B) compares waveforms of each cluster normalized of 1200 sec in record length before and

after each theoretical travel time. The farther a station from the red cluster, the more the tsunami wave arrival

is delayed for the other clusters. Moreover, a waveform becomes smoother at a farther station, that is, high-

frequency components decay. This is known as the diffraction phenomenon of waves where waves propagate into

regions of a geometrical shadow or no geometrical rays, as investigated in detail in seismology (e.g., Chapman

and Orcutt, 1985; Aki and Richards, 2002). A significant shadow zone of tsunamis in the S-net region is formed

by the refraction due to the sudden bathymetry change near the Japan trench (Figure 3.10(A)). Stations of the

green, purple, and cyan clusters are located within a shadow zone of tsunami waves, and their varied waveforms

appear to degrade the resulted back-projection image.

The spatial resolution distribution in Figures 3.5(B) and Figures 3.5(C) can be also explained by the tsunami

diffraction because the grids of large ratios are located along the Japan trench (Figure 3.5(A)). In other words,

we have to select another appropriate group of stations for these regions.

Recent seismic back-proejections combine multiple arrays to improve their estimations (e.g., Kiser and Ishii,

2012; Xie and Meng, 2020). In the present tsunami back-projection analysis, however, combining several

clusters should be difficult because of the incoherence of waveforms for clusters affected by the above effect.

If the clustering of stations is due to the effect of tsunami diffraction, the number of available stations in the

back-projection analysis should depend on a source location. Figures 3.10(C) and 3.10(D) compare ray paths of

other two types of earthquakes in the Japan trench subduction zone and its outer rise region. They correspond to

the epicenters of the 2011 Tohoku-oki earhquake (e.g., Satake et al., 2013) and the 1933 Off-Sanriku earthquake

(e.g., Kanamori, 1971), respectively. The further a source is located away from the coast of Japan, the more
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Figure 3.10: The calculation results of tsunami ray paths with a 1◦ interval in each earthquake. (A) The triangles
and green star are S-net stations and the epicenter of the 2016 Off-Fukushima earthquake, i.e., the
same as Figure 3.1(A). The black lines are the ray paths from the epicenter, and the background
color represents bathymetry. (B) The records of S-net OBP gauges applied by the band-pass filter
of 100–3000 sec. Each waveform is plotted 1200 sec before and after each theoretical travel time
(i.e., lapse time 0 means the theoretical travel time). The station names, a, b, c, d, e, and f are
shown in (A), and the color of each waveform is the same as the color of the cluster that the station
belongs to. (C) Same as (A) except for the 2011 Tohoku-oki earthquake. Blue triangles are the
S-net stations and the green star is the source of the rays. (D) Same as (C) except for the 1933
Off-Sanriku earthquake.
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S-net stations geometrical rays can reach. While stations in the northeast and the southwest are located in the

shadow zone for the subduction event (Figure 3.10(C)), rays arrive at all the S-net stations for the outer rise one

(Figure 3.10(D)), that is, we are expected to use all the stations in the back-projection analysis, which probably

leads to better results than the present case located near the coast. Because a ray of tsunamis is determined by

the bathymetry, we can select useful stations for each event beforehand, depending on its location, for tsunami

early warning.

The degree of resemblance among waveforms leads to clustering. Figure 3.4 in Section 3.4.1 investigated the

effect of a source with both positive and negative poralities (i.e., uplift and subsidence). It shows that a simple

stacking of records with a high correlation coefficient may lead to not only better but also worse images. The

clustering analysis and the ray tracing should be important in such a case to group appropriate stations for the

back-projection analysis.

3.7.3 Comparison with conventional waveform inversion

Tsunami waveform inversion studies require strong constraints on the target area based on other kinds of studies

such as CMT and fault geometry estimated by seismic or geodetic data (e.g., Piatanesi and Lorito, 2007; Fujii

et al., 2011; Gusman et al., 2017). In contrast, the single a priori information of the back-projection method is a

gross source location area. For example, in the tsunami waveform inversion of the present earthquake, Gusman

et al. (2017) used 4 × 3 subfaults sized of 10 km × 10 km, and Kubota et al. (2021a) used tsunami sources in

an area of 50 km × 50 km distributed with 2 km intervals. The present back-projection analysis could cover a

very broad area in longitude between 141E◦ and 142.5E◦ and in latitude between 36N◦ and 38.5◦ with the grid

spacing as small as 0.01◦ or about 1 km (Section 3.3). The spatial resolution of the tsunami source was found

to be about 10 km and 2 km in x- and y-direction, respectively, as shown in Figure 3.5. In other words, the

back-projection analysis could search for a wider area of higher resolution, especially in the y or north-south

direction than a waveform inversion case. Note that even the 10 km resolution in the x or east-west direction

is enough to estimate the source size of this event (Mw6.9). In addition, the back-projection analysis does not

need artificial constrains such as non-negative and smooth source distributions, or better to say, the analyzed

data naturally lead to their possible resolution in image.

The size of the back-projection image turned out to be narrower than those of previous waveform inversion

studies (Section 3.5). One of the interesting problems of this event is that the fault lengths estimated by the grid

search were shorter than the ones of the waveform inversions. Nakata et al. (2019) and Kubota et al. (2021a)



66
CHAPTER 3. RAPID IMAGING OF TSUNAMI EXCITATION AREA USING OCEAN-BOTTOM

PRESSURE GAUGE ARRAY

conducted grid-searches with the uniform single fault slip, and both found that the observed tsunamis could be

explained by a fault of about 15–20 km long. This fault length was about half the estimation from the standard

earthquake scaling law (e.g., Utsu, 2001). Kubota et al. (2021a) adopted a different multiple fault model, and

concluded that the length of the main rupture area might be about 35 km. In contrast, our back-projection image

is consistent well with the single-fault model (Figure 3.6). As discussed above, our back-projection analysis can

distinguish images on such a scale, so it indicates that the fault size of this earthquake was likely to be smaller

than the scaling relation, that is, 15–20 km long. In other words, our back-projection analysis revealed a new

feature of the 2016 Off-Fukushima earthquake, that is, the slip amount was twice and the fault size was half the

standard earthquake of its magnitude.

Although the tsunami back-projection analysis has many advantages, we may point out some disadvantages.

When a tsunami wavelength is not much longer than ocean depth, the dispersive effect cannot be ignored. In

such a case, the waveforms are expected to vary in propagation distance, which would degrade the coherency

among stations. Although a waveform inversion method can include the effect of dispersion in the Green’s

functions (Saito et al., 2010), calculating dispersive Green’s functions takes much more computational cost

than a non-dispersive case because of iterative solving procedures for linear dispersive equations (e.g., Saito,

2019). Nevertheless, this effect may not be critical especially for tsunami early warning because the wavelength

of large tsunamis which cause huge damage in coastal areas is generally long enough for the linear long-wave

approximation. For tsunamis excited by an event very far from an array, on the other hand, tsunami waveforms

also show dispersive characters in a very long period range (Watada et al., 2014). However, this type of

dispersions may not be critical because the data were filtered by 100–3000 sec in the present analysis (Section

3.3). Since the tsunami propagation distance was less than 500 km and the average sea depth of stations is about

2 km, the dispersive effect may appear in the period range of only less than 90 sec, at least in the present case.

3.8 Conclusion

We applied the back-projection analysis to the S-net OBP records associated with the 2016 Off-Fukushima

earthquake. The estimated back-projection image reflected the initial tsunami or sea-surface height distribution

near the epicenter. In addition, we could estimate the absolute amplitude of the source base on the scaling

factor estimaion of Hossen et al. (2015), and the result (1.67 m in the maximum) agreed well with the previous

stuides using waveform inversion methods (1.3–2.4 m). The tsunami back-projection analysis imaged not only
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the original tsunami source but also an early part of tsunami propagations. This is because the target area of the

analysis is the whole sea surface including the source area, propagation paths, and stations (Figure 3.3(D)).

Due to the high spatial resolution of the back-projection analysis, it was confirmed that the fault size of

this earthquake was smaller than the standard scaling law. This has been speculated in previous studies, but

not emphasized strongly because it was inconsistent with results of several waveform inversions. Our result

therefore assists the understanding of the mechanism of intraplate earthquakes such as the 2016 Off-Fukushima

earthquake.

We also investigated the applicability of the back-projection analysis to tsunami early warning. In the present

case, the back-projection analysis yielded reliable results 30 min after the origin time. The number of available

stations in the analysis, however, depends on the source location. The refraction of tsunamis in the Japan trench

makes clear shadow zones, and the observed waveforms passing by such zones should be transformed because

of the diffraction effect there. The essence of the back-projection analysis is stacking coherent waveforms, so

that the presence of shadow zones limits the number of available stations. Megathrust or outer rise earthquakes

near a trench axis, in contrast to the present one near the coast in a shallow ocean, appear to yield smaller or no

shadow zones (Figure 3.10). In addition, now we can use the records of outer trench stations of the S-net, i.e.,

the number and the configuration of available stations have been already enhanced. The above disadvantage

therefore should not be so critical in practice now.

In the case of a large earthquake, the tsunami source may have both positive and negative regions. As shown

in Section 3.4.1, the polarity correction makes the resulted image worse in the case of such dipole displacements,

that is, it seems to be overcorrected, although further studies with real data should be needed. At present, we

consider that the polarity correction is not required because the location and intensity of a tsunami source can

be grossly estimated.

The advantage of the back-projection is its simplicity. We can estimate the tsunami excitation area without

any special a priori information or much computational cost. Recently, meteorological tsunamis excited by

atmospheric pressure changes were clearly observed in S-net (Saito et al., 2021; Kubota et al., 2021b). Because

the general scale of the atmospheric pressure changes is large, the back-projection analysis may be useful to

detect such events as moving sources or images changing in time as for the seismic back-projection analysis.

In addition, the tsunami back-projection will be useful to tsunami early warning as for the following reasons:

1. It does not require any specific a priori information about a source. It will be therefore useful when the

locations of the epicenter and the tsunami source are clearly different, as in our example shown in Figure
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3.6. Such discrepancy would be more important for larger events as well as tsunami earthquakes.

2. It can estimate a broad area with a margin for the search of the source location without compromising

results. It will therefore provide waveform inversions with an appropriate target area (e.g., it can be used

instead of an "influence area" of Tsushima et al. (2012)).

3. It can estimate an early part of propagation characteristics of tsunamis directly, so that we may detect the

directivity of tsunamis as estimated by data assimilation approaches (e.g., Maeda et al., 2015; Hoshiba

and Aoki, 2015).

4. It will enhance the reliability of tsunami source estimations because of its independence of the other

existing methods such as a waveform inversion or a grid search estimation.

OBP gauge arrays now have been available around the world, so that the back-projection analysis will be one

of the useful techniques for not only seismic waves but also tsunamis.



4 Source estimation of the tsunami later phase

associated with the 2022 Hunga Tonga-Hunga

Ha’apai eruption

4.1 Introduction

On 15 January 2022, a large eruption of the Hunga Tonga-Hunga Ha’apai volcano in Tonga triggered tsunami

waves observed over the world. Clear tsunami signals were recorded by tide gauge stations not only in the

Pacific Ocean but also in the Atlantic Ocean, the Indian Ocean, and the Mediterranean sea (Carvajal et al.,

2022). In Japan, they were recorded by not only tide gauges but also the ocean-bottom pressure (OBP) gauges

of DONET and S-net. The first arrival in the observed wavetrains is now widely known to be related to the

atmospheric Lamb wave generated by the eruption, which propagated with a speed of about 310 m/s. This is

because (1) the tide and OBP change started earlier than the expected tsunami arrival time at each station and

(2) the atmospheric pressure change was also observed at the same time (e.g., Kubota et al., 2022).

A similar kind of air-sea wave was previously observed in the case of the great Krakatoa volcano eruption

in 1883 (e.g., Harkrider and Press, 1967; Garrett, 1970). On a local scale, this type of air-sea waves is called

meteorological tsunamis or meteotsunamis due to the excitation by meteorological phenomena such as storms

and moving convective systems (e.g., Hibiya and Kajiura, 1982; Monserrat et al., 2006; Saito et al., 2021).

When a sea-surface pressure change moves at nearly the same speed as the tsunami speed, tsunami heights are

efficiently amplified, that is, generating widely observed meteotsunamis. The mechanism of this amplification

is often called the Proudman effect (Proudman, 1929).

In the Krakatoa case, Harkrider and Press (1967) indicated that atmospheric gravity waves were excited with

an optimal phase speed (~200 m/s) yielding clear tsunami waves. In addition, Garrett (1970) pointed out that

such a record includes the free ocean surface wave (i.e., tsunami) generated by the atmospheric pressure pulse

69
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passing through the abrupt depth change.

In the present Hunga Tonga case, many studies have focused on the first arrival waves. Amores et al. (2022)

simulated atmospheric Lamb waves and compared them with the observed barograms. They found that the

arrival time of the first passage of the Lamb waves agrees with the observed one. Kubota et al. (2022) simulated

the tsunamis generated by the atmospheric Lamb waves on a global scale. Their synthetic waveforms agreed

with the observed OBP records, especially at the first arrival time. Tanioka et al. (2022) modeled the initial

tsunamis recorded by S-net. They found that the wavelength of an atmospheric pressure pulse affected the

air-sea coupled tsunami. When the wavelength is longer than the scale of bathymetry changes, the tsunami is

less affected by any bathymetry.

For later phases, on the other hand, Carvajal et al. (2022) pointed out that the arrival times of the largest

waves differed from those of the first wave, using worldwide coastal tide gauge records. In other words, the later

phases had a larger amplitude than the first wave. The time lag between the first arrival and the largest wave

ranged from 0 to over 10 hours. Ramirez-Herrera et al. (2022) and Imamura et al. (2022) analyzed the observed

records of tsunamis in Mexico and Japan, respectively. In both regions, the later phases were larger than the first

wave and lasted for a long time (over 24 hours). Kubo et al. (2022) analyzed the OBP records around Japan and

found that one and two clear later phases were observed at S-net and DONET, respectively. Each later phase

was named P2 for S-net and Q2 and Q3 for DONET; their dominant periods were < 1000 s, 700–1000 s, and

about 500 s. All of them were shorter than the period of the first arrival wave (1000–3000 s). Although these

studies indicated the existence of large later phases, their excitation mechanism has not been investigated yet.

Based on numerical simulations, Kubota et al. (2022) and Omira et al. (2022) suggested bathymetry and air-sea

resonances to be important for generating the later phases. Both of their numerical results, however, could not

reproduce the observed large later phases very well.

In this chapter, we will estimate the origin of the later phases based on Vespa analysis and numerical

experiments. Section 4.2 will explain OBP and atmospheric data in the present analysis. A detailed explanation

of the Vespa analysis will be provided in Section 4.3. We will apply the Vespa analysis to S-net and DONET

data in Section 4.4. Section 4.5 will confirm the reliability of the Vespa result in comparison with numerical

experiments. Finally, both the observation and synthetic results will be interpreted in Section 4.6.
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4.2 Data

In this study, we applied the Vespa analysis to the OBP records of S-net and DONET associated with the 2022

Hunga Tonga-Hunga Ha’apai volcanic eruption.

At first, raw OBP records were compared with the theoretical tide calculated by NAOTIDE (Matsumoto et al.,

2000), and stations where their correlation coefficient was larger than 0.8 were selected. Figure 4.1 shows the

distributions of the stations used in the present analysis. The numbers of available stations were 44 and 116

for DONET and S-net, respectively. The Green triangles are the reference point of the Vespa analysis, which

corresponds to the centroid location of each station distribution.

As preliminary data corrections, ocean tide and DC components were removed from each raw record. Then

we applied a band-pass filter of 100–5000 s. Note that this filter range covers all the tsunami phases retrieved

by Kubo et al. (2022).

Figure 4.2 shows four examples of OBP gauge records (S2N12, S2N11, S2N10, and S6N16) and an on-land

barometer record (Katahira) aligned along with the great circle from Tonga Island. These OBP gauges belong

to S-net and the barometer is one of the stations of the Infrasound Monitoring Network by Japan Weather

Association.

At around the time of 20:30 (JST; Japan Standard Time, UTC+9:00), all stations observed the first arrival

wave. It corresponds to the atmospheric Lamb wave and the induced tsunami signal. After around 22:30 (JST),

subsequent OBP disturbances began with a similar amplitude to the first one. They are the large later phases

that this study will focus on.

Note that there are no significant waves in the barometer records during the time interval of the later phases.

Watanabe et al. (2022), on the other hand, found the secondary atmospheric wave, called “Pekeris mode”, about

2 hours after the arrival of the Lamb wave in Japan. The propagation speed estimated by the barogram at Tokyo,

Japan, was 233 m/s. Using the brightness temperature data by Himawari 8, they also found it propagating

globally with a speed of about 250 m/s. Since the amplitude of the Pekeris mode was small in barograms,

they stacked the barograms of the SORATENA network, which is the weather sensors deployed in Japan by

Weathernews Inc., to detect it. That is why it is difficult to find the Pekeris mode using only one station record

(Katahira) in Figure 4.2.

To apply the Vespa analysis to the atmospheric records, we also used the barometer data of the SORATENA

network. The total number of SORATENA barometers is 1584 with records of a 1 min interval. Since there
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Figure 4.1: Station locations used in the Vespa analysis. The blue and red triangles are S-net and DONET,
respectively; the gray ones were excluded in the present analysis. The purple circles are SORATENA
stations. The Green triangles and a circle represent the reference points of individual networks.
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Large later phase

Lamb wave
Tonga   

à

Figure 4.2: Observation records of four OBP gauges and a barometer aligned along with the great cirlcle from
Tonga Island. The colors of each waveform represent the station on the right-hand side map. Note
that station Katahira is a barometer while stations S2N12, S2N11, S2N10, and S6N16 are OBP
gauges.

were missing records at some stations from 19:00 to 25:00 (JST), we selected 1319 stations whose data were

completely recorded. Figure 4.1 shows the 1319 stations that we used while 265 stations with missing data are

not plotted. We applied a high-pass filter of 5000 s to SORATENA barograms prior to the Vespa analysis.

4.3 Tsunami vespa analysis

The Vespa analysis is one of the widely used array-based methods in seismology. It is a kind of slant stack

approaches, that is, assuming horizontal slowness or back azimuth as one input parameter and estimates the

other (Rost and Thomas, 2002). Vespa is an acronym that comes from “velocity spectral analysis” because it

was first applied to spectral analysis on apparent velocity, or horizontal slowness of a wave signal arriving at a

given array (Davies et al., 1971). The result of the Vespa analysis is displayed as a vespagram, a diagram of

the energy content of incoming signals as a function of slowness or back azimuth and time. In this study, we

estimated the incident angles and arrival times of tsunami phases because the tsunami phase speed or slowness

can be easily obtained under the linear long-wave approximation.

The observed waveforms are stacked using the Nth-root stacking process (e.g., Muirhead and Datt, 1976). It

enhances any coherent signals because the difference in amplitude of waveforms would be reduced by taking

their Nth root. In the Nth-root stacking, the sign-preserved Nth root of each trace is extracted before the
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summation:

S̃N,ϕ(t) =
1
M

M∑
k=1

|dk(t − ttravelk,ϕ )|1/N sgn[dk(t)], (4.1)

where S̃N,ϕ is the Nth-root beam trace of each incident angle ϕ, dk(t) is the observed waveform at the kth station

(k = 1, ...,M), ttravel
k,ϕ

is the relative travel time to station k with ϕ, and sgn represents the sign function. Note

that, in this study, ϕ is defined as counter-clockwise from the north, that is, 180◦ means the south and 270◦

means the east, respectively. After the summation, the beam S̃N,ϕ is taken to the Nth power with keeping sign:

SN,ϕ(t) = |S̃N,ϕ |N sgn[S̃N,ϕ(t)]. (4.2)

With N = 1, the above process turns to be linear with the output identical to a simple stacking. Note that N = 4

was selected for the present tsunami Vespa analysis through a trial-and-error approach.

In the case of seismic signals, the horizontal slowness inside an array is assumed to be constant, that is, a

relative travel time at a given station, ttravel
k,ϕ

, depending only on the assumed azimuth and station location. On

the other hand, for tsunamis, the spatial variation of their phase speeds should be stronger than the seismic wave

case. We therefore calculated ttravel
k,ϕ

with each incident angle using the Fast Marching Method (FMM). We

assumed that the tsunami is a plane wave before reaching the array. In other words, the calculation of each travel

time started from a line tangent to the array and perpendicular to the incident angle. Furthermore, the ranges of

ϕ were set from 90◦ to 270◦ for DONET and from 150◦ to 300◦ for S-net with the interval of 1 degree, so that

the tsunamis coming from the off-shore region (i.e., the Pacific Ocean) were only considered.

Finally, the moving average of the squared amplitude of each beam is computed to estimate the energy content:

Evespa
ϕ (t) =

∫ t+α

t−α
[SN,ϕ(τ)]2dτ, (4.3)

where Evespa
ϕ (t) is the energy content at each azimuth displayed as the vespagram and α is a half-length of the

time window. In this study, we set α to be 150 sec, that is, the time window is 300 sec.

4.4 Application to real data

Figure 4.3 shows the vespagrams for each data set of DONET and S-net. The time range covers from 19:30 to

24:30 on January 15th (JST). The lapse time is from the origin time of the eruption, 13:15 (JST) or 4:15 (UTC).

At around 20:30, a strong signal could be detected in both DONET and S-net vespagrams. It is consistent with
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Figure 4.3: Vespagrams for DONET (upper panel) and S-net (lower panel). Amplituds are normalized by the
maximum value of each plot. The purple line represents the incident angle of the great circle path
from Tonga Island to the reference points of each network. The green and cyan lines give the arrival
times of the waves along the great circle with speeds of 300 m/s and 235 m/s, respectively. The blue
line represents the theoretical tsunami arrival time from Tonga Island. The Lapse time is from the
origin time of the eruption, 13:15 (JST) or 4:15 (UTC).

the atmospheric Lamb wave arrival, that is, the tsunami induced by the atmospheric waves, as indicated by

previous studies (e.g., Kubota et al., 2022).

There were two and one later phases in DONET and S-net, respectively (A, B, and C in Figure 4.3). Signals

A and C arrived at each array before the theoretical tsunami arrival (blue dashed line), while signal B was

observed at the same time as the tsunami arrival. These signals appear to correspond to the phases Q2, P2, and

Q3 pointed out by Kubo et al. (2022) because of their arrival time and dominant frequency (Figures 4.4 and

4.5).

The incident angles of these signals were 210◦–250◦, 190◦–220◦, and 200◦–220◦, respectively. The incident
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Figure 4.4: Same as Figure 4.3 except that each vespagram is estimated by ocean-bottom pressure records of
DONET with three frequency range: 100-500 sec, 500-3000 sec, 1500-7200 sec.
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Figure 4.5: Same as Figure 4.4 except for S-net records. text
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angles of signals B and C were clearly different from the great circle path from Tonga Island; 35◦ and 10◦

off to the south. Figure 4.6 compares great circle and tsunami ray paths, which was calculated by the spatial

derivative of the travel time, from Tonga to DONET and S-net. It indicates that the tsunami arrival angle should

not be different from the great circle for DONET and slightly east away from it for S-net, respectively. In other

words, from both arrival times and angles, we could conclude that these later phases were not generated by

any phenomena at the source or volcano such as crustal deformation or landslide. In the following sections,

we mainly focused on the secondary later phase arriving at around 22:30, that is, signals A and C in Figure

4.3, because their arrival times seem to be related to the Pekeris wave whose arrival time is shown by the cyan

dashed line.

To confirm the arrival angle of the Pekeris wave further, we applied the Vespa analysis to the SORATENA

barometer records (Figure 4.1). A constant propagation speed of 250 m/s was used for the horizontal slowness

inside the array. The vespagrams of the SORATENA records are shown in Figure 4.7. In the top panel, with the

time window of 19:00 to 25:00 (JST), there is only one signal and it agrees with the arrival time of the Lamb

wave (the green dashed line).

The bottom of Figure 4.7 extracts the vespagram in the time of 21:20 to 25:00 (JST) from the top panel. Each

panel is normalized by the maximum value within the time window. In the bottom time window, an additional

signal was identified, which is consistent with the arrival time of the Pekeris wave (the cyan dashed line). The

arrival angle of this signal was 210◦–227◦, corresponding to the later phases at DONET and S-net (i.e., signals

A and C in Figure4.3). In addition to the above signal, there were several atmospheric later phases. The largest

one was at around 23:20, with the same incident angle as the Pekeris wave.

Based on the vespagrams of OBP gauges and barometers, we concluded that the second phase observed by

the OBP gauges of S-net and DONET (i.e., signals A and C in Figure4.3) were related to the Pekeris wave

and its arrival angle was different to the south from the great circle path by about 10◦. In the next section, we

shall conduct some numerical experiments and confirm how the atmospheric later phase generated these large

tsunami waves comparable to the first wave.

4.5 Numerical experiments

In this section, we will conduct numerical experiments based on two types of synthesis methods: finite difference

method and normal mode theory. The finite difference method calculates atmospheric waves and oceanic waves
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Depth (m)

Figure 4.6: Great circles (in orange) and tsunami ray paths (in red) from Tonga to S-net (solid lines) and DONET
(dashed lines). The green star represents the location of Hunga Tonga-Hunga Ha’apai volcano. The
green triangles are the reference location of DONET and S-net (same as Figure 4.1). The background
color reflects the bathymetry.
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Figure 4.7: The result of the Vespa analysis using the SORATENA barogram. The top panel shows the time
range from 19:00 to 25:00 (JST) and the bottom one shows from 21:20 to 23:00 (JST), respectively.
The lines are the same as in Figure 4.3. Note that vespagrams are normalized by each maximum
value.
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independently, that is, the ocean is unilaterally influenced by the atmosphere in motion. In contrast, the normal

mode theory calculates both waves simultaneously, so that interactions between the ocean and the atmosphere

are taken into account. Another difference between the two methods is the adopted atmospheric models: the

finite difference method assumes only a homogeneous layer while the normal mode theory considers a realistic

structure of 36 layers. Because the normal mode theory assumes flat layered media, however, it cannot consider

the effect of bathymetry changes, which is included in the finite difference method.

4.5.1 Finite difference method

For atmospheric and oceanic waves, we solved their equations of motions in the spherical coordinate formulated

by Kubota et al. (2022). For atmospheric waves,

∂patm

∂t
+

K
R cos θ

[
∂vλ
∂λ
+
∂(vθ cos θ)
∂θ

]
=
∂ps
∂t
,

∂vλ
∂t
= − 1
ρaR cos θ

∂patm

∂λ
,

∂vθ
∂t
= − 1
ρaR
∂patm

∂θ
,

(4.4)

where patm is the atmospheric pressure disturbance, K is the bulk modulus, vλ and vθ are the velocities of the

atmosphere in the directions of longitude λ and latitude θ, R is the Earth’s radius, ρa is the atmospheric density,

and ps represents the pressure at the source, respectively. For tsunami waves,

∂η

∂t
+

1
R cos θ

[
∂(huλ)
∂λ

+
∂(huθ cos θ)
∂θ

]
= 0,

∂uλ
∂t
= − g

R cos θ
∂η

∂λ
− 1
ρwR cos θ

∂patm

∂λ
,

∂uθ
∂t
= − g

R
∂η

∂θ
− 1
ρwR

∂patm

∂θ
,

(4.5)

where η is the tsunami height, h is the sea depth, uλ and uθ are the velocities of the ocean in the directions of

longitude and latitude, g is the gravitational acceleration, and ρw is the water density. Note that, in this study,

we calculated tsunamis with the linear long-wave approximation (i.e., h >> η).

At first, we shall simulate the atmospheric waves generated by the given pressure ps at the source (Equations

(4.4)), followed by the tsunami heights η generated by the above atmospheric pressure change patm (Equations

(4.5)). Note that both Equations (4.4) and (4.5) represent propagations on the earth surface as a 2-D space. In

other words, the number of layers is single for both the atmosphere and the ocean.
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The Equations (4.4) and (4.5) were solved with a staggered grid system (e.g., Saito, 2019). For the distribution

of sea depths h, we used the ETOPO1 bathymetry data (Amante and Eakins, 2009). The spacing of grids was

0.01 degree for both longitude and latitude, and the time interval was 1 sec. As the pressure source ps, we used

the following point source of Kubota et al. (2022):

∂ps(x, t)
∂t

= p0
4

√
πT0

exp

[
−(t − tc)2

T2
0

]
δ(x − x0)∆S, (4.6)

where x0 is the source location or the location of the Hunga Tonga-Hunga Ha’apai volcano, (175.2◦E, 20.2◦S),

δ(x) is the delta function, p0 is the source amplitude, T0 is the source duration, tc is the peak timing of the

source, and ∆S is the small area includes the point source, respectively.

Previous studies considered only the atmospheric Lamb wave i.e., the first arrival wave. Based on Watanabe

et al. (2022), we considered not only the Lamb wave but also the Pekeris wave for both the first and later waves.

With the barograms recorded at stations Katahira, Shima, and Ofunato as a reference, we tuned the source

parameters of Equation (4.6) by a trial-and-error approach. Since Pekeris mode was too small to be retrieved

from the record, we formulated it based on Figure 7 of Watanabe et al. (2022). As a result, the adopted source

parameters for the Lamb and Pekeris modes were as follows: 940 and -95 Pa for p0, 100 and 300 s for T0, and

50 and 150 s for tc, respectively. The small area ∆S was set to be 1. The bulk modulus K is calculated as ρaV2,

where V is the propagation speed of the atmospheric wave. We set V to be 300 and 235 m/s for the Lamb and

Pekeris modes, respectively, based on Kubota et al. (2022) and Watanabe et al. (2022).

Figure 4.8 (A) shows the observation and synthetic barograms at Katahira station. Our synthetic barogram

successfully reproduced not only the first arrival Lamb wave but also the Pekeris wave ~2 hours after. The

comparison at the other two reference stations can be seen in Figure 4.9(B). Note that the synthetic record in

this figure, as well as the rest of them, is time-shifted so that the first wave agrees with the observed one.

Then we simulated the tsunami waves induced by the above atmospheric pressure changes (Equations (4.5)).

Figures 4.8(B) and 4.8(C) compare the observed and synthetic OBP records at the station S6N16 of the S-net.

We only considered the Lamb wave for Figure 4.8(B) while both the Lamb and Pekeris waves for Figure 4.8(C).

In both figures, the observed and synthetic records agreed well with each other on the first arrival (at ~20:30

(JST)). On the other hand, for the later phase, synthetic waves could not reproduce the observed amplitude even

by considering the Pekeris mode (Figure 4.8(C)). These results were indeed the same as the previous studies

(e.g., Omira et al., 2022; Lynett et al., 2022).
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Figure 4.8: Observation (blue) and Synthetic (orange) records of (A) the barometer at Katahira station, and (B),
(C) the OBP gauge at S6N16 station. The synthetic OBP record of (B) was calculated under the
consideration only of the Lamb wave while (C) included both the Lamb and Pekeris waves. Note
that all the observation waveforms were applied by a band-pass filter of 100–5000 s.
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Figure 4.9: (A) Location of the barometer stations used to tune the source parameters. (B) Same as Figure
4.8(A) except for stations Ofunato and Shima. (C) Same as (B) except for calculating by the normal
mode theory.

4.5.2 Normal mode theory

In the normal mode theory, we calculate synthetic waveforms as the sum of several normal modes. The

formulations by normal modes can be divided into two problems: (1) finding the eigenvalue for each normal

mode, and (2) synthesis of the waveform at (x, t) from an assigned source.

The normal mode theory assumes a flat stratified medium or a laterally homogeneous structure so that the

bathymetry effect is ignored. On the other hand, it can calculate the wave propagations interacting between the

Earth’s surface and the upper atmosphere with low computational costs.

In this study, we considered an atmosphere model of 36 layers with an ocean layer of 5 km, which is bounded

by the rigid Earth at the bottom and the free surface at the top of 220 km (Figure 4.10(A)). The sound speed and

density at each layer were referred the U.S. Standard Atmosphere model (Campen et al., 1960). Any horizontal

winds were not considered.

There are several previous studies on the normal mode solutions for the atmosphere (e.g., Harkrider, 1964;

Pierce et al., 1971; Lognonne et al., 1998; Watada and Kanamori, 2010). In this study, we used the formulation

of Harkrider (1964), which is briefly summarized below.

Harkrider (1964) considered the cylindrical coordinate and used a matrix formulation (Haskell, 1953). He

derived a propagator matrix which connects the vertical particle velocity w and the pressure disturbance p from
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Figure 4.10: (A) Atmospheric sound speed model used in this study. The number of layers is 36. Note that
upon the calculation of normal modes, an ocean layer was added to the bottom of this model. (B)
Phase and (C) group speed dispersion curves. The cyan, green, purple, yellow, orange, and blue
lines represent GR0, GR1, GR2, GR3, GW0, and GR4 modes. (D) Eigenfunctions of pressure for
each mode at a period of 2000 sec. The colors are the same as (B). The ocean layer is represented
as a negative height (-5 km).
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the bottom to the top of the layer: 
wm(zm)

pm(zm)

 = am


wm(zm−1)

pm(zm−1)

 , (4.7)

where the subscript m represents the constants of the m-th layer, am is its propagator matrix, and zm is the

altitude of the layer top, respectively. Each element of am is a function of the wavenumber k and angular

frequency ω, and the details are given in Appendix. Since the continuity of wm and pm at the layer interfaces

should be guaranteed (i.e., wm(zm−1) = wm−1(zm−1) and pm(zm−1) = pm−1(zm−1)), the following relation stands:


wn−1(zn−1)

pn−1(zn−1)

 = A


w0(0)

p0(0)

 , (4.8)

where A = an−1an−2 · · · a1 and n is the total number of layers. Note that the n-th layer (i.e., the top layer)

corresponds to a semi-infinite vacuum layer, so that the layer interface at zn−1 is a free surface. In this study, the

atmosphere is bounded by the rigid Earth at the bottom and a free surface at the top, so that w0(0) and pn−1(zn−1)

become 0: 
wn−1(zn−1)

0

 = A


0

p0(0)

 . (4.9)

This yields A22 p0(0) = 0 or

A22 = 0, (4.10)

where A22 is the (2,2)-th element of A. The pairs of (k, ω) which satisfy Equation (4.10) lead to the phase

speed dispersion curve with the relationship of c = ω/k. It is called the eigenvalue k at ω. In order to obtain

the group speed, U = dω/dk, Harkrider (1964) defined a layer derivative matrix

[(
∂am
∂k

)
ω

]
lq

=

[
∂(am)lq
∂k

]
ω

, (4.11)

for the (l,q)-th matrix element. Since Am = amAm−1,

(
∂Am

∂k

)
ω

=

(
∂am
∂k

)
ω

Am−1 + am

(
∂Am−1

∂k

)
ω

. (4.12)
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A similar relation also holds for (∂Am/∂ω)k . Then the group speed can be computed as

U = −
(
∂A22

∂k

)
ω

/(
∂A22

∂ω

)
k

, (4.13)

using the same pair as (k, ω) of the phase speed case.

Figures 4.10(B) and 4.10(C) show the dispersion curves of phase and group speeds. GR0 is the fundamental

mode of the atmospheric gravity wave; and GR1, GR2, GR3, and GR4 are its higher modes (Figure 4.10(D)).

GW0 is the fundamental mode of the ocean gravity wave, that is, the tsunami wave without any contributions

of atmospheric motions or excited by the disturbance at the source. The restoring force of these waves is the

gravity, that is, these modes vanish when the gravity g reduces to 0. Although the normal mode theory can

calculate not only the gravity modes but also the acoustic modes (e.g., Press and Harkrider, 1962; Pierce, 1967),

we did not consider them because the frequency range interested in this study was lower than the acoustic cut-off

frequency (Gill, 1982). In the case of the present model with the ocean of 5 km depth, the velocities of GW0

and GR3 modes are nearly identical. This means that their mutual interaction should become very large, and

tsunami waves efficiently induced by the GR3 mode.

Once we find the eigenvalues (k, ω), we can calculate the synthetic waveform at (x,t). In the frequency

domain, the pressure disturbance on the rigid surface of the earth or the ocean bottom can be expressed as:

⟨p0⟩ =
L(ω)
2π

∫ ∞

0

N (1)
A

N (2)
A

A22
J0(kr)keiωtdk, (4.14)

(Harkrider and Press, 1967) where

N (1)
A
= −A21,

N (2)
A
=

[
(As1)22 −

igsρs
ω

(As1)12

]
+

A22

N (1)
A

[
(As1)21 −

igsρs
ω

(As1)11

]
,

(4.15)

L(ω) represents the source function in the frequency domain, J0 is the Bessel function of zeroth order, r is the

source-station distance measured on the surface of the earth, gs and ρs are the gravitational acceleration and

density of the layer including the source, and As1 is the propagator matrix from the surface of the earth to the

source layer (As1 = as−1 · · · a1), respectively. In this study, we used a one-cycle sinusoidal function as a source,
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that is:

L(ω) = F [l(t)] ,

l(t) =


p0 sin(2πt/T0) 0 ≤ t ≤ T0,

0 other,

(4.16)

where F represents the Fourier transformation, p0 is the source amplitude, and T0 is the source duration.

Equation (4.10) is satisfied with the eigenvalues of (k, ω), so that the integral solution of Equation (4.14) can

be obtained by the residue theorem:

{p0} j = i
L(ω)

2
k jA21

[
(As1)22 −

igsρs
ω

(As1)12

]
H(2)

0 (k jr)eiωt

/(
∂A22

∂k

)
ω, j

, (4.17)

where the subscript j represents the j-th mode and H(2)
0 is the Hankel function of zeroth order. Because this is

the solution in the cylindrical coordinate, the geometrical spreading correction considering the earth’s curvature

must be applied: √
r

R sin ξ
(4.18)

where ξ is the epicentral distance in degrees, that is, r = Rξ. In addition, since we want to obtain (1) the

pressure change on land, (2) the displacement of the sea surface, and (3) the OBP change on the ocean bottom,

using the propagator matrix from the sea bottom to the sea surface, our final solutions are:

patm(r, t) =
√

r
R sin ξ

∑
j

(∫ ∞

−∞
a122{p0}jdω

)
,

η(r, t) =
√

r
R sin ξ

∑
j

(∫ ∞

−∞

1
iω

a112{p0}jdω
)
,

pOBP(r, t) = patm + ρwgη.

(4.19)

Note that
∑

j represents the summation of normal modes, 1/iω means the integration from the velocity to the

displacement, and only the (2,2)-th and (1,2)-th elements are used due to the rigid earth approximation, or

w(0) = 0. The integration of ω is computed by the Fast Fourier Transform (FFT). In this study, we calculated

dispersion curves in a period range of longer than 500 sec and applied a high-pass filter of 5000 sec. This

period range was determined for the stability of the present calculations, and corresponded to the band-pass

filter applied to the observed records.
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Figure 4.11: (A) Synthetic waveforms calculated by the normal mode theory. Upper, middle, and lower ones
represent the atmospheric pressure, the ocean bottom pressure, and the sea surface height, respec-
tively. (B) Contribution of each mode to the sea surface height (i.e., the bottom of (A)). Note that
we only considered GR0, GR1, GR2, and GR3 modes in this study.

Figure 4.11(A) shows the synthetic waveforms of atmospheric pressure, ocean-bottom pressure, and sea

surface displacement. We used a point source as a one-cycle sinusoidal function with the amplitude of 2000

and the period of 2000 sec located at the sea surface. These parameters were searched so that the synthetic

barograms agree with the observed ones at stations Katahira, Shima, and Ofunato (Figures 4.12(A) and 4.9(C)).

The epicentral distance between Tonga and station Katahira was set to be 8000 km. Note that for the synthetic

waves, we only considered modes of GR0, GR1, GR2, and GR3. This is because the Vespa result indicated that

the secondary later phase was induced by the atmospheric waves, which was faster than the tsunami waves from

the source (Section 4.4 and Figure 4.3).

In Figure 4.11(A), at about 7 hours after the source excitation (i.e., 20:30 (JST) in Figure 4.2), the first wave

arrived at the station. It was observed by both barometer and OBP gauge as pressure changes supporting the

results of previous studies as the Lamb wave or the phase of the GR0 mode involving both atmosphere and ocean

(see Figure 4.10(D)). On the other hand, about 2 hours later, which corresponds to around 22:30 (JST) in Figure

4.2, both OBP changes and sea surface disturbances were observed while there were no waves in the barogram.

These later phases were formed by the GR2 and GR3 modes (Figure 4.11(B)). The phase speeds of these modes
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(A)

(B)

Katahira

S6N16

Figure 4.12: (A) Comparison of the synthetic (orange) and observed (blue) atmospheric pressure changes for
the barogram at Katahira station. (B) Normalized waveforms of the synthetic sea surface height
(orange) and OBP gauge record (blue) at S6N16 station. The maximum values are 1.4 cm and 3.8
cm, respectively. Each synthetic wave is time-shifted so that the first arrival wave agrees with the
observation. Note that the source-station distances are (A) 8000 km and (B) 7630 km to reflect the
actual values, respectively.
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(particularly GR3) are similar to the tsunami one (Figure 4.10(B)), so that the amplification of meteotsunami

occurs, as called the Proudman effect.

Figure 4.12(B) compares the synthetic sea surface height with the observed OBP record at station S6N16. In

this figure, the normalized waveforms were compared to check the relative amplitude ratio of the later phases

to the first arrival in detail. We referred not to the synthetic OBP change but the synthetic sea surface height

because the atmospheric Lamb wave and the induced tsunami appeared to propagate in a separate manner

through the Japan trench due to the difference in their speeds (Yamada et al., 2022). In other words, OBP gauges

of DONET and S-net seem to have observed not the sum of the pressure changes by the atmospheric wave and

the tsunami but only the pressure changes caused by the tsunami waves as the first arrival. Note that, in Figure

4.12, we time-shifted the synthetic waves to agree with the first arrival in the observation.

In Figure 4.12(B), the large later phase, which was not generated in the finite difference method (Figure

4.8(C)), was successfully simulated by the normal mode theory. The actual maximum amplitudes of the

synthesis and observation, however, were 1.4 cm and 3.8 cm, respectively. This disagreement may be caused by

the bathymetric effect or lateral heterogeneities, which cannot be considered by the normal mode theory. This

point will be confirmed in the next section.

4.5.3 Comparison of the two methods

From the results obtained in the previous two sections, the normal mode theory was shown to reproduce the

observed large later phases. However, its absolute amplitude was smaller than the observed one. While the

finite difference method could not reproduce the large later phase, on the other hand, the absolute amplitude of

the first wave agreed well with the observed one. In this section, we compared the results of the finite difference

method and the normal mode theory in the same model condition: the flat ocean with the depth of 5000 m.

Remember that we used the actual bathymetry or lateral heterogeneities in the ocean in our previous finite

difference calculation (Section 4.5.1). The atmospheric waves obtained in Sections 4.5.1 and 4.5.2 were used

in the present simulations.

Figure 4.13(A) shows the synthetic waveforms at the epicentral distances 2000 km, 4000 km, 6000 km,

and 8000 km from the source. Since our normal mode theory includes the geometrical spreading correction

(Equation (4.18)), the finite difference calculation was conducted in a spherical coordinate. The resultant first

waves obtained by the two methods now agreed well with each other although the adopted source parameters

were the same as in Sections 4.5.1 and 4.5.2. In other words, the underestimation of the first wave by the normal
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Figure 4.13: (A) Synthetic waveforms by the finite difference method (blue) and the normal mode theory (orange)
at the epicentral distances 2000 km, 4000 km, 6000 km, and 8000 km from the source. (B) Same
as (A) except that the synthetic waveforms of the blue lines were calculated by the finite difference
method but with the atmospheric waves of the normal mode theory as the input to the ocean. The
yellow dashed lines represent GW ′

0 modes.

mode theory in the previous section (Figure 4.12(B)) was found to be due to the use of the flat bathymetry.

On the other hand, for the later phases, the normal mode theory produced larger amplitudes than the finite

difference method. The main differences between these methods are (1) whether the atmospheric and ocean

waves are calculated independently, and (2) the adopted atmospheric models: a single layer versus 36 layers

(Figure 4.10(A)).

To confirm the effect of atmospheric models, we conducted the finite difference calculation of tsunamis using

the normal mode atmospheric waves as the input. As the input of Equation (4.5), the normal mode atmospheric

waves were calculated at each grid, and then a 2D gaussian filter with a standard deviation of 1.3 was applied

at each time step for the stability of calculation.

Figure 4.13(B) shows the synthetic waveforms obtained by this hybrid procedure. A good agreement between

the finite difference method and the normal mode theory was confirmed not only in the first arrival but also in

a certain amount of lapse time (e.g., at 5.5–7 hours in lapse time at 6000 km or at 7–9.5 hours at 8000 km). In

other words, the use of a correct atmospheric model is important to reproduce an entire OBP waveform while
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the simultaneous calculation of the atmospheric and ocean waves (i.e., their interaction considered in the normal

mode theory) may not be so essential in meteotsunami generation.

Nevertheless, the above simulation produced an additional large wave with an amplitude of about 5 cm,

later than the part of agreement. This wave held the same waveform propagating with the speed of a tsunami

(
√
gh ≈ 225 m/s). We thus considered this part of later phases were generated by the similar mechanism to the

GW0 mode, that is, the tsunami excited by the atmospheric disturbance at the source. In other words, this part

of the synthetic records is not a meteotsunami generated by the Proudman effect but a conventional tsunami

generated by a sudden sea displacement. In order to confirm it, we conducted a finite difference calculation with

the atmospheric wave whose calculation was stopped by 4000 sec (the yellow dashed line in Figure 4.13(B)).

This calculation time of the atmospheric waves was determined as twice the source duration (i.e., 2000 sec).

The resultant waveform agreed with the large additional phase, so that we call it the GW ′
0 mode hereafter. Since

we now focus on the tsunamis that arrived before theoretical travel time or were excited by the propagation of

atmospheric waves (i.e., coupled with GR0, GR1, GR2, and GR3 modes), GW ′
0 mode is considered a kind of

artificial wave in the present simulation.

Because the synthetic waves by the finite difference method agreed well with the ones by the normal mode

theory except for the GW ′
0 mode, we concluded that the difference in the adopted atmospheric models was the

major reason for the difference in the later phase by these methods in Sections 4.5.1 and 4.5.2. In other words, it

might be possible to calculate the observed large later phase by the finite difference method once an appropriate

atmospheric model can be introduced. This conclusion should be helpful to interpret the observed waveforms

with the bathymetry effect.

4.5.4 2D finite difference calculation with the normal mode atmospheric wave

In this section, we shall calculate the synthetic tsunami by the finite difference method with the actual bathymetry

once again. The only difference from Section 4.5.1 is that the atmospheric waves as the input source for the

simulation were calculated by the normal mode theory. Note that because the normal mode theory assumes the

flat layer, the flat ocean bottom of 5000 m was used for the atmospheric wave calculation, as in the previous

section.

Figure 4.14 compares the observed and synthetic waveforms. Stations MRD15 and S3N09 are the nearest

ones to the reference points of the Vespa analysis for DONET and S-net, respectively (Figure 4.1), and station

S6N16 is the one referred to in the previous sections. Note again that the synthetic waves were time-shifted to
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agree with the first arrival of the observed one.

The amplitudes of not only the first arrival but also the later phases agreed well with the observed ones at

all stations. The dominant period of the synthetic waves was also similar to the observation. As an exception,

there was a relatively high-frequency wave observed at around 23:30 (JST) at station MRD15, but not in the

synthetic. This wave corresponds to the signal B in the vespagram (Figure 4.3) with the dominant frequency of

about 500 sec (Kubo et al., 2022). The period range of the normal mode theory in this study was longer than

500 sec (Section 4.5.2), so that it is reasonable that the present synthetic waveforms could not reproduce this

high-frequency wave.

The GW ′
0 mode (the yellow dashed lines in Figure 4.14), calculated by the same procedure in the previous

section, had only small amplitudes at each station. This reduction of wave energy may be due to the scattering

by ocean topography such as islands and sea mountains during their propagation from Tonga to Japan. It is

consistent with the vespagrams in Section 4.4 showing no tsunami signals from the volcano. Note that the

directly arriving tsunamis from the volcano could be recorded at near-source and Eastern Pacific stations (e.g.,

Omira et al., 2022; Heidarzadeh et al., 2022). In such cases, the scattering should be weaker due to the short

propagation path and relatively simple bathymetry along the paths. In the Eastern Pacific region, in addition,

the tsunamis induced by the GR2 and GR3 modes should be smaller than the ones recorded by DONET and

S-net. This is because the shallower the sea depth is, the weaker the atmosphere-ocean coupling of these modes

becomes.

To infer the contribution of each mode in Figure 4.14, we conducted the same numerical simulations for

individual atmospheric modes. Then we defined the envelope ratio which represents the ratio of envelope

amplitude of one specific mode:

E Rj(t) =
ENVj(t)∑3
i=0 ENVi(t)

, (4.20)

where ENVj(t) is the envelope of the synthetic tsunamis by jth GR mode at time t. The envelope ratio ERj(t)

therefore reflects the contribution of each mode at t.

Figure 4.15 shows temporal variations of ERj(t) at the same stations in Figure 4.14. The first waves, which

were observed by S6N16 at 20:00 (JST) and by S3N09 and MRD15 at 20:30, corresponded to GR0 mode. After

that, other tsunamis induced by GR1 and GR2 modes were observed (from 20:30 to 22:30). Note that the later

phase triggered by GR0 mode was also observed; its envelope ratio was at least 0.4. In Figure 4.11(B), the

duration of a tsunami induced by the atmospheric wave was less than 1 hour with a flat or uniform sea floor. In
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S6N16

S3N09

MRD15

Figure 4.14: Comparison of the OBP observation records (blue) and the synthetic waves (orange) by the hybrid
calculation of the finite difference method and the normal mode theory at stations S6N16, S3N09,
and MRD15. The yellow dashed lines represent the GW ′

0 mode. A band-pass filter of 100–5000
sec was applied to both the observed and synthetics. Note that the synthetic waves are time-shifted
to agree with the first arrival of the observed ones (85.9 sec, -177 sec, and -40.9 sec for stations
S6N16, S3N09, and MRD15, respectively).
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other words, this later phase should be considered as the tsunami waves scattered at islands or ocean topography.

From 22:30, the tsunami by GR3 mode arrived at the stations. The maximum envelope ratio of GR3 was about

0.2 at stations S6N16 and MRD15 and 0.4 at station S3N09, and the contribution of other modes still continued.

We therefore concluded that not only GR3 mode but also the scattered tsunamis of other modes are important

to reproduce the observed large later tsunamis. This is consistent with the result of the finite difference method

(Section 4.5.1), that is, the Pekeris mode affected the synthetic record very weakly.

Figure 4.16 is the vespagram calculated with the above synthetic waveforms. Same as Figure 4.3, there was

a large signal arrived at the same time as the atmospheric wave of 300 m/s. After that signal, however, there

were no remarkable signals, unlike the observed records (Figure 4.3). In Section 4.6.3, we will discuss why the

synthetic vespagram cannot reproduce this large later phase while the synthetic waveform can.

4.6 Discussion

4.6.1 Effects of source altitude and the adopted atmosphere model in normal mode solutions

In the previous section, we assigned the source at the sea surface for the normal mode calculations. The actual

plume of this eruption reached an altitude of 57 km (Proud et al., 2022). In this section, we should investigate

the effect of source altitude on synthetics. We put a point source at 20 km, 36 km, and 54 km with the same

source duration as Section 4.5.2. Note that the source strength was determined so that the first wave of the

synthetic barogram agrees with the observed one. They were 18000, 8×104, and 6×105 for the source at 20 km,

36 km, and 54 km, respectively. The source became stronger with its altitude because the excitation of GR0

weakened with altitude (Figure 4.10(D)).

Figure 4.17 compares the synthetic records with the observed barogram at station Katahira. The higher the

source altitude, the larger the amplitude of the later phases became, clearly overestimating the observed ones.

This is because, at a higher altitude, higher modes are more efficiently excited than the fundamental mode.

Although the plume reached the mesosphere in observation, the effective source of the normal mode solution

should be limited near the sea surface.

In this study, we used the U.S. Standard Atmosphere model for calculating normal mode solutions. Since

other atmosphere models have been proposed, we conducted the same hybrid calculation with one different

model, the NRLMSIS 2.0 model (Emmert et al., 2021) to check the model dependency. For NRLMSIS 2.0, the

indices of solar activity (F10.7 index) and geomagnetic activity (Ap index) are required, and we adopted their
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Figure 4.15: Temporal variations of envelope ratios at stations S6N16, S3N09, and MRD15. Cyan, green,
purple, and yellow areas represent the ratio of GR0, GR1, GR2, and GR3 modes, respectively. The
time range is the same as in Figure 4.14.
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Figure 4.16: Same as Figure 4.3 except that the vespagrams calculated with the synthetic records of Figure 4.14.
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Source altitude: 20 km

Source altitude: 36 km

Source altitude: 54 km

Figure 4.17: Same as Figure 4.12(A) except for the source parameters; the altitudes are 20 km, 36 km, and 54
km; the amplitudes are 18000, 8×104, and 6×105.
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values from GFZ-Potsdam (Matzka et al., 2021).

Figure 4.18(A) shows its sound speed structure. The most significant difference from the U.S. Standard

Atmosphere was the sound speed in the thermosphere. The U.S. Standard Atmosphere is faster at over 130

km in altitude, which means a warmer thermosphere (Figure 4.10(A)). This model difference affects dispersion

curves each other (Figure 4.18(B)). For example, the phase speed of GR1 mode with the NRLMSIS 2.0 is faster

(from 0.293 km/s to 0.305 km/s) while the one of GR3mode is slower (from 0.225 km/s to 0.220 km/s), at the

period of 4000 sec.

Figure 4.18(C) compares the observed record with the synthetic ones with the two models at station S6N16.

The synthetic waves are overall similar to each other but with some differences. Since the GR0 mode of

the NRLMSIS 2.0 propagates faster than the U.S. Standard Atmosphere one (0.314 km/s and 0.312 km/s,

respectively), the first wave arrives slightly earlier. In addition, the synthetic records with the NRLMSIS 2.0

has later phases smaller than with the U.S. Standard Atmosphere. This is due to the faster phase speed of GR1,

coupling with the ocean (i.e., the Proudman effect) less effectively. It is consistent with the result of Figure 4.15,

that is, the later phases consist of the scattered tsunamis generated by each atmospheric mode.

Through the above comparisons, we can conclude that the normal mode solution has a only minor model

dependency and the U.S. Standard Atmosphere model is more appropriate than the NRLMSIS 2.0 model at

least in the case of the 2022 Hunga Tonga eruption.

4.6.2 Linear long-wave approximation in the Vespa analysis

In this study, we used the linear long-wave approximation to conduct the Vespa analysis, that is, the theoretical

travel time difference between the reference point and a given station was calculated based on the tsunami

phase speed,
√
gh (Section 4.3). In this section, we shall investigate the validity of this assumption because the

tsunamis observed at S-net and DONET were not only a free ocean gravity wave but also a wave forced by the

atmosphere.

Yamada et al. (2022) and Tonegawa and Fukao (2022) analyzed the S-net OBP records and found that stations

deployed at shallower than 2000 m observed only the free ocean gravity wave, that is, the ocean and atmospheric

waves were fully decoupled. Based on their result, we applied the Vespa analysis to the OBP records of such

stations. The numbers of stations were 56 and 16 for S-net and DONET, respectively.

Figure 4.19 shows the obtained vespagrams. Similar to Figure 4.3, large later phases named A, B, and C were

clearly detected. In addition, there were other signals such as the one at bout 21:00 (JST) in DONET. These
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Figure 4.18: (A)(B) Same as Figures 4.10(A) and 4.10(B) except for using the NRLMSIS 2.0 model. (C)
Comparison of the OBP observation record (blue) and the synthetic waves with the U.S. Standard
Atmosphere (orange) and with the NRLMSIS 2.0 (purple) at station S6N16. Note that blue and
orange waveforms are the same as in Figure 4.14. The synthetic records are shifted by 85.9 seconds.
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Figure 4.19: Same as Figure 4.3 except calculating with stations at shallower than 2000 m.

additional signals, however, were also seen in Figure 4.3 with small amplitudes. We can not determine whether

those in Figure 4.3 were the true signals masked by the contamination of forced waves or the noise erased by

the stacking process in the Vespa analysis. Nevertheless, at least signals A, B, and C are now confirmed to be

stable because they were detected both in Figures 4.3 and 4.19, so that they should reflect real phenomena. In

other words, the linear long-wave approximation used in the Vespa analysis is considered reasonable.

4.6.3 Vespagram with synthetic records

The final synthetic waveforms in Section 4.5.4 agreed well with the observed OBP records (Figure 4.14). The

remaining problem is why their vespagrams were not consistent with the observed ones (Figures 4.3 versus

4.16). In the previous section, we confirmed that our Vespa analysis was valid at least for this event. This

suggests that not the analytical procedure but the synthetic model would lead to disagreement in the vespagram.
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In the waveform comparison, we time-shifted the synthetic waves to agree with the observed first arrivals.

In other words, our synthetic waveforms successfully reproduced the amplitude of the observed records well

but not the phase. Note that the phase of the synthetic barogram also disagreed with the observed one (Figure

4.12(A)). The Vespa analysis is a kind of slant-slack processing, so the phase difference should affect the

resultant vespagram significantly.

To reduce the phase difference, two improvements may be possible: (1) precise tsunami simulations and

(2) the adoption of a fine-tuned atmospheric wave model. In this study, we have calculated tsunamis with the

linear-long wave approximation because we used offshore pressure gauge records. In the present case, however,

we may need to consider the dispersion effect of tsunamis carefully. For example, Watada et al. (2014) pointed

out that a tsunami with a long travel distance shows a clear dispersion phenomenon in the period range longer

than 1000 sec due to the seawater compressibility, the elasticity of the Earth, and the geopotential perturbations.

Figure 4.15 indicated that not only the tsunamis forced by the atmospheric wave but also the free tsunamis

scattered during their propagation contributed to the observed later phases. Since the travel distance between

the source and the arrays was about 8000 km, such a long-period dispersion effect may not be ignored.

Our normal mode solution was based on the formulation of Harkrider (1964). Due to the limitation of

computational stability, we calculated the atmospheric gravity waves whose periods are longer than 500 sec.

The OBP gauges of DONET and S-net, on the other hand, tsunamis were observed in a shorter period range

(Figure 4.14). To reproduce these waves, we have to improve the stability of the normal mode solution.

Watada and Kanamori (2010) introduced nondimensional quantities to reduce the rapid change of atmospheric

parameters. Such a formulation would be useful to reproduce short period tsunamis.

We considered a simple multi-layered structure for the atmosphere in this study. In the actual atmosphere,

however, there were winds, which should have varied significantly in locations and times. Pierce et al. (1971)

proposed the normal mode theory with considering horizontal winds. They pointed out that the effect of

horizontal winds would change not only the atmospheric ray path but also its phase.

Our Vespa analysis indicated that, in particular, the incident angle of the atmospheric later phase deviated

about 10◦ to the south from the great circle path (the bottom panel in Figure 4.7). We therefore concluded that

the horizontal winds along the propagation path might have influenced the observation records. Considering

the horizontal winds would be, however, not so simple because their distribution varies in a highly complex

manner over time.

In this study, the atmospheric wave by the finite difference method was calculated with a one-layer model, that
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is, considering only its propagation on a 2-D surface (Section 4.5.1). It would be another choice of improvement

to calculate a full three-dimensional propagation of the atmospheric wave with the finite difference method.

Harkrider (1964) pointed out that the upper atmosphere controls late-arriving long-period waves strongly, so

that we have set the upper limit of the atmospheric model to be 220 km. When we introduce such types of waves

in the 3-D finite difference method, it would require an enormous computational cost.

Moreover, the dissipation of waves in the upper atmosphere is caused by many factors (e.g., Gossard and

Hooke, 1975; Gill, 1982). For example, the effects of kinematic viscosity and thermal conductivity become

large due to small atmospheric density. The density reduction also increases the velocity amplitude of waves

and could lead to wave breaking.

Even with a simple multi-layered atmosphere, the normal mode approach showed good agreement with the

observed records, particularly in amplitude (Figure 4.14). The atmospheric waves calculated by the normal

mode theory should be therefore sufficient to reveal the important physical mechanism of the tsunamis and

atmospheric waves associated with the Hunga Tonga eruption.

4.7 Conclusion

The tsunami records associated with the 2022 Hunga Tonga-Hunga Ha’apai volcanic eruption showed large later

phases whose amplitudes were comparable to the first arrival. Unlike the first arrival phase, their characteristics

and origin have not been investigated well.

In this study, we applied the Vespa analysis to the OBP records of DONET and S-net as well as to the

SORATENA barometer records. In the resulted vespagrams, we found the arrival times and incident angles

of not only the first arrival but also later phases. As already shown in previous studies, the arrival times of

these waves were faster than the free-traveling tsunamis (e.g., Kubo et al., 2022). Our Vespa analysis revealed

that the incident angles of these waves could not be explained as the tsunamis generated near the volcano. In

other words, for the observed large later phases, the direct effects of any near-source phenomena, such as crustal

deformation or landslide, were rather negligible. This is because these direct tsunamis might be scattered by

ocean topography during their propagation between Tonga and Japan.

Based on the vespagram result, we conducted numerical experiments by two methods; the finite difference

method and the normal mode theory. Our numerical experiments indicated that both an appropriate modeling

of atmospheric waves and the inclusion of the bathymetric effect are important to generate the observed large
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later phases. The combination of the atmospheric waves by the normal mode theory and the tsunami simulation

by the finite difference method successfully reproduced the observation records, particularly in amplitude.

For more precise simulations, the effect of propagations in both vertical and horizontal directions should be

fully considered. Because of its simplicity and low calculation costs, however, the hybrid method proposed

in this study shall be powerful and helpful to understand the fundamental features of this globally observed

phenomenon as well as similar types of events in the future.





5 Conclusion and future perspectives

5.1 Summary of this thesis

In this thesis, we developed three new tsunami analysis techniques utilizing dense and widespan ocean-bottom

pressure (OBP) gauge arrays.

In Chapter 2, we compared the records of OBP gauges and ocean-bottom accelerometers in both time and

frequency domains. We found that an OBP gauge record matches its corresponding sea-bottom acceleration

in the frequency range of 0.05–0.15 Hz. In a near-fault region, the contamination of the above non-tsunami

components cannot be ignored. Based on this result, we proposed a new scheme to extract tsunami and ocean-

bottom displacement components from an original OBP record on a real-time basis. We confirmed that our

scheme works well even for an OBP record just above a fault, so that it should improve the reliability of a

tsunami early warning for an earthquake in and around an OBP network.

In Chapter 3, the back-projection analysis was applied to tsunami data. Since it was originally developed

in seismology, we clarified the similarity and difference between seismic and tsunami cases. The tsunami

back-projection was able to detect not only a tsunami source but also an early stage of tsunami propagation.

Waveform inversion methods are currently used popularly to estimate a source process to excite tsunami waves.

Unlike such an inversion technique, the tsunami back-projection method does not require any specific a priori

information, indicating that it can be a useful tool to compensate not only for the traditional inversion analysis

but also for early warning.

In Chapter 4, based on the Vespa analysis, we estimated the origin of a large later phase associated with

the 2022 Hunga Tonga eruption. It was revealed that small atmospheric waves coupled with the ocean excited

the observed large amplitude. We also found that not the ocean-atmospheric interaction but both a good

atmospheric wave model and bathymetric effect were important to reproduce the corresponding atmospheric-

induced tsunamis. Based on this result, we proposed the combination of the normal mode theory and the
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finite difference method to simulate this phase correctly. The waves simulated by this hybrid approach were

successfully reproduced the observed records, particularly in amplitude. Because air-sea coupled waves are also

often observed as meteorological tsunamis on a local scale, our result will help us to understand not only the

2022 Hunga Tonga eruption and its subsequent tsunamis but also local-scale meteotsunamis in the future.

All the above analyses have been available by the use of recently deployed OBP arrays such as DONET and

S-net, which have been operated since the 2010s. In contrast, the arrays of seismometers were deployed back

in the 1960s and utilized in various kinds of research in seismology. Through this thesis, we have emphasized

how powerful the OBP arrays are in tsunami studies. Since OBP arrays enable us to observe offshore tsunamis

directly and to enhance their signals, the analysis schemes proposed in this thesis can be applied to various types

of tsunami records: from near-fault to trans-oceanic ones, as well as from its generation to later phases. Due to

their wide-range applicability, these approaches will help the comprehensive understanding of any tsunami event

from its generation to decay. Moreover, our results demonstrate that OBP arrays can investigate the relationships

between the ocean and solid earth, as well as the ocean and atmosphere in a quantitative manner. In the future,

such tsunami analyses will continue to be developed further, becoming an essential tool to interpret tsunamis

and their sources, and eventually, to reduce the damage by disastrous events.

5.2 Prospects for future studies

To conclude this thesis, we shall discuss how the approaches proposed in this thesis should be extended or

developed in the near future.

5.2.1 Near-field estimation for tsunami early warning

Since coseismic deformation and seismic waves are observed earlier than tsunamis, tsunami early estimation

using on-land seismic or geodetic records has been proposed (e.g., Tsushima and Ohta, 2014). These methods,

however, use only on-land stations, so that the farther from the coast an earthquake occurs, the smaller the relia-

bility becomes. The offshore observation will solve this problem because it can observe tsunamis and coseismic

displacement inside the source region. Near-fault observation can make tsunami early warning improved be-

cause it observes the features of tsunami generation directly and complements distant on-land observation. Such

observation gives us the source information at almost the same time as the on-land observations via real-time

data transmission.



5.2. PROSPECTS FOR FUTURE STUDIES 109

The method proposed in Chapter 2 can extract tsunami and ocean-bottom displacement components from

coseismic OBP records on a real-time basis. The separation of the two components is required for precise early

tsunami warning. As shown in Chapter 2, ocean-bottom strong-motion accelerometers can estimate coseismic

displacements with an appropriate correction. The correction used in Chapter 2, however, takes time and not

suitable for early warning. The hint for a realistic real-time correction is the combination of a strong-motion

seismometer and a GNSS observation on land.

For example, Bock et al. (2011) and Melgar et al. (2013) proposed a real-time correction method for strong-

motion records using collocated GNSS records. They combined the two kinds of records with the Kalman

filter, which estimates a “state” (displacement and velocity, in this case) with a state-space representation on a

sample-by-sample basis. In the case of ocean-bottom observations such as DONET and S-net have collocated

OBP gauges, similar to the observation of coseismic displacements by GNSS. The Kalman filter therefore may

be able to estimate tsunami height and coseismic displacement components separately with the combination of

the collocated OBP gauges and ocean-bottom seismometers.

5.2.2 Back-projection analysis using reflected waves

In Chapter 3, our numerical experiments found that the station distribution is important for a good result of the

tsunami back-projection analysis. In the case of the 2016 Off-Fukushima earthquake, stations covered almost

half of the source area, which made the resulting spatial resolution sufficient. When the tsunami is generated by

a dipole source (i.e., there are both uplift and subsidence), on the other hand, it is desirable that stations cover

all the source area because the result of the back-projection analysis was found to depend on the dipole direction

with a half coverage.

Using not only the directly propagated tsunamis but also the reflected tsunamis at the coast will resolve this

difficulty since it can improve station coverage. In seismic source imaging, for example, Kiser et al. (2011)

applied the back-projection analysis to multiple seismic phase data in order to enhance its resolution because

of the wide coverage of take-off angels of waves from the source. In the tsunami case, the use of reflected

waves might improve the resulted image. It should be, however, very difficult in some cases because small-scale

bathymetry data of at least hundreds of meters would be required to use such tsunami waves (e.g., Gusman

et al., 2017). Moreover, the effect of nonlinearity cannot be ignored at shallow depths near the coast, for an

earthquake larger than Mw8.0 (Kubota et al., 2018a). These factors should be carefully investigated in the future

to upgrade back-projection type approaches to tsunamis.
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5.2.3 Back-projection analysis for dispersive tsunamis

The back-projection analysis proposed in Chapter 3 dealt with tsunamis as linear long waves. Since the horizontal

scale of coseismic displacements is larger than the sea depth in general, this approximation is reasonable. In

some cases, however, a steep sea-bottom deformation is occurred and generates dispersive tsunamis of a short

wavelength (Chapter 1).

For dispersive tsunamis, applying the back-projection analysis to tsunami records with multiple frequency

bands would be a solution. In other words, the back-projection images at several independent frequencies

should be estimated for dispersive tsunamis. This is a similar approach to Roten et al. (2012) that applied

the back-projection analysis to the Rayleigh wave records which show dispersive behaviors. They extracted

coherent signals using a wavelet transform and obtained multiple back-projection images at several frequencies.

For the dispersive tsunami, another problem is how to calculate its travel time. In Chapter 3, we used the

Fast Marching Method (FMM) to calculate tsunami travel times. The FMM works based on the phase speed,

so that, for dispersive tsunamis, we need the phase speed map of each frequency. Sandanbata et al. (2018)

conducted the ray tracing of dispersive tsunamis. They proposed the iterative estimation method for the phase

speed maps of dispersive tsunamis. The phase speed maps obtained by their method will enable us to use the

FMM to calculate the travel time of dispersive tsunamis.

With the above improvements, the tsunami back-projection analysis will be applicable even to dispersive

tsunamis. Note that an observant study is necessary on how to compile the results of each frequency. The

obtained images at multiple frequencies should provide in which richer information on tsunami excitation than

the single image with non-dispersive ones.

5.2.4 Tsunami coda analysis

The Vespa analysis shown in Chapter 4 can detect tsunami arrival times and incident angles. In this study, we

applied it to the atmospheric induced tsunami waves. Such array-based analysis, however, could be also applied

to ths tsunamis generated by an earthquake. Unlike the Hunga Tonga eruption case, the source of a seismogenic

tsunami is easy to be identified, so that it is rather suitable for the analysis with the tsunami coda waves.

In seismology, coda waves have been studied for a long time and have given us information about the scattering

and energy absorption mechanisms of the Earth’s interior (e.g., Sato et al., 2012). In the case of tsunami waves,

Kohler et al. (2020) estimated the scatterer of tsunamis, and Saito et al. (2013) found that the temporal decay

of tsunamis was caused by not only the scattering but also the bottom friction. Saito et al. (2014) also pointed
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out that the reflected waves at the coast were affected by the nonlinear effect in the case of the 2011 Tohoku-oki

earthquake.

Using the array-based analysis, we can detect the tsunami signals from complex wave records that contain

direct, scattered, and reflected waves. In other words, it enables us to compare the reflected or scattered waves

to the direct one. Through this comparison, we may be able to estimate the reflection and scattering coefficients

of the coasts or islands.

In seismology, we need to estimate the distribution of heterogeneities or boundaries at first. In contrast, it is

rigorously known a priori based on the bathymetry of oceans in the case of a tsunami. We will therefore be able

to compare the observed record and the simulated one in detail.

Investigation of tsunami coda will help us not only to reveal the temporal decay mechanism of tsunamis but

also to determine how long a tsunami warning should be kept.

5.2.5 Applicability to megathrust earthquakes

As summarized in Section 5.1, the results obtained by our new tsunami analysis approaches demonstrated

their usefulness. Since the OBP arrays were recently installed and we could use the data only associated with

small events, their applicability to a catastrophic earthquake such as the 2011 Tohoku-oki earthquake must be

confirmed in the near future. This is because (1) the ultimate goal of tsunami early warning is for such situations,

and (2) some assumptions used in this study might need to be revised.

For example, in Chapter 2, we found the frequency range in OBP gauge records included sea-bottom

accelerations. In general, the larger an earthquake is, the longer its dominant frequency is, so that, this

frequency range may be changed to be longer in the case of M9-class earthquake. Although we checked that

our method yields good results for an M8-class earthquake, further quantitative investigations are required.

A similar situation is applied to the tsunami back-projection in Chapter 3. In this study, we used OBP stations

outside the source region. When a megathrust earthquake occurs, on the other hand, many stations will be

located inside a tsunami generation area. While the back-projection analysis stacks waveforms according to

their travel time, such OBP stations will observe not only tsunami propagation but also its generation. How this

contamination affects the results should be confirmed.

On the other hand, because it may take a long time that any M9-class earthquake has occurred inside DONET

and S-net, we have to utilize numerical simulations to check the M9 case. Note that in actual earthquakes, some

stations possibly rotate due to strong motions because stations of DONET and S-net are not strictly fixed to the
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ground or ocean-bottom surface. It might be difficult to include such an effect in simulations. Nevertheless,

numerical experiments should help us to forecast how our proposed methods work in actual tsunami early

warning for large earthquakes. Such an effort shall make us get ready for coming megathrust earthquakes.



Appendix

A.1 Propagator matrix in normal mode theory

Here we summarize the details of the propagator matrix introduced in Chapter 4, following the descriptions by

Press and Harkrider (1962). Each element of the propagator matrix am for m-th layer is:
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Pm = (krαm )dm, (A.5)
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c is the phase speed, k is the wavenumber in the horizontal direction, ω is the angular frequency (c = ω/k),

dm is the layer thickness, gm is the gravitational acceleration, αm is the sound speed, γ is the specific heat ratio
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(γ = 1.4 for the atmosphere and γ = 1 for the ocean), and ρm is the density, respectively. Note that σBm is

called the Brunt resonant angular frequency or Brunt-Väisälä frequency, which was taken to be 0.003 for the

ocean layer (Talley et al., 2011).

From Equation (A.1), the partial derivatives of am for k and ω can be derived as:
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