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ABSTRACT

The freshwater discharge from catchments along the Gulf of Alaska, termed Alaska
discharge, is characterized by significant quantity and variability. Owing to subarctic
climate and mountainous topography, the Alaska discharge variations may deliver
possible impacts beyond the local hydrology. While short-term and local discharge
estimation has been frequently realized, a longer time span and a discussion on cascading
impacts remain unexplored in this area. In the first part of this study, the Alaska discharge
during 1982-2022 is estimated using the Soil and Water Assessment Tool (SWAT). The
adequate balance between the model complexity and the functional efficiency of SWAT
suits the objective well, and discharge simulation is successfully conducted after
customization in melting calculations and careful calibrations. During 1982—2022, the

Alaska discharge is estimated to be 14,396 + 819 m’-s''yr!, with meltwater

contributing approximately 53%. Regarding variation in the Alaska discharge, the
interannual change is found to be negatively correlated with sea surface salinity (SSS)
anomalies in the Alaska Stream, while the decadal change positively correlates with the
North Pacific Gyre Oscillation (NPGO), with reasonable time lags. These new findings
provide insights into the relationship between local hydrology and regional climate in this
area. More importantly, this study provides rare evidence that variation in freshwater

discharge may affect properties beyond the local hydrology.

Such freshwater discharge from subpolar lands may influence the ocean circulation
of the Pacific. It is known that warm western water from low latitudes is cooled by
imposed sea surface temperature (SST) along the northern boundary of the subtropical
gyre, and then subducts to the thermocline layers. This subducted water then flows toward
the equator, where it upwells, impacting the thermal structure and heat flux in the
equatorial region. As a result, these processes play a significant role in shaping biological

cycles and atmospheric variability in the tropical Pacific. While wind forcing is the



primary driver for the ocean circulation of the Pacific, other factors, such as the
thermohaline processes affected by above-mentioned river discharge as well as the

evaporation minus precipitation over the ocean, may also provide crucial influences.

Therefore, in the second part of this study, I focus on investigating whether and how
surface freshwater from high-latitudes, especially from the northeast Pacific Ocean,
affects the equatorial thermocline. The Massachusetts Institute of Technology General
Circulation model (MITgcm) is used to conduct numerical experiments without and with
freshwater forcing under various freshwater scenarios. These experiments examine the
changes in temperature, salinity, and density distributions, and their effects on the
equatorial thermocline. The control experiment, without freshwater, indicates that warm
water in the northern subtropical gyre is cooled by heat release from the ocean to the
atmosphere and subducts into the subsurface, where it flows along isopycnal surfaces
toward the equator and upwells in the eastern equatorial Pacific, contributing to the
formation of the cold tongue and an east-west slope in the thermocline. In the freshwater
experiments, freshwater fluxes driven by evaporation minus precipitation and boundary
freshwater discharge enhance the variability in SSS, with significant freshening in the
subpolar gyres. These variations in salinity also affect subsurface thermal structures in
the subtropical gyre, and consequently results in warming at depths of 200400 m in the
equatorial Pacific. Especially, in extreme freshwater scenarios, driven by the collapse of
the Cordilleran Ice Sheet (CIS) into the northeast Pacific, substantial changes of salinity
and temperature are observed in both hemispheres. In the North Pacific, low-salinity
water is advected from the subpolar gyre to the subtropical gyre, leading to the advection
of cooled water along isopycnal surfaces. This primarily contributes to cooling in the
upper layers of the western equatorial Pacific. In contrast, in the South Pacific, the
deepening of the thermocline results in relatively higher temperatures and salinities,

which contribute to warming in the equatorial thermocline layers. Furthermore, the study

II



reveals that increased freshwater input weakens the east-west SST gradient and deepens
the equatorial thermocline, causing an El Nino-like climate. Thus, these findings suggest
that freshwater from the subpolar gyre has a potential to significantly affect the equatorial

thermocline, which may influence both regional and global climate systems.

Overall, this study presents the reasonable estimation of freshwater discharge from
the Alaska drainage basins using a hydrological model and explores the potential
relationship between this discharge and atmospheric variability, and its effects on the SSS.
Furthermore, with the help of an ocean circulation model, the findings highlight the
effects of the freshwater from the subpolar lands on equatorial thermocline and the
underlying mechanisms, especially in the case of an extremely large freshwater discharge

due to an ice sheet collapse.
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Chapter 1 General introduction

1.1 Freshwater and its impact on the ocean

Freshwater input into the ocean plays a crucial role in shaping oceanic conditions
and influencing large-scale climate systems. This freshwater originates from two primary
sources: atmospheric processes, including evaporation and precipitation, and terrestrial
sources, primarily river discharge. Each of these contributes to variations in ocean salinity,
stratification, and circulation, with significant implications for both regional and global
ocean dynamics (Durack, 2015; Lehmann et al., 2022). Evaporation and precipitation are
crucial components of the global freshwater cycle. Evaporation from the ocean surface
leads to an increasing salinity in regions of excess evaporation, such as subtropical gyres.
Conversely, precipitation, particularly in high-latitude and tropical regions, freshens the

surface waters and reduces salinity.

In addition to atmospheric processes, river discharge is another major source of
freshwater to the ocean, with a global average volume of 36,055 km*-yr ! (Syed et al.,

2010). Especially in the boundary of subpolar gyre, large rivers and glacial meltwater
contribute to substantial volumes of freshwater, which alters salinity and stratification
locally and can propagate through ocean currents to affect broader regions (Fujisaki et al.,

2014; Shi et al., 2021; Xin et al., 2024).

The atmospheric and terrestrial freshwater flux impacts the density structure of the
ocean, influencing its stability and stratification, and consequently, the vertical and
horizontal ocean circulation patterns (Fedorov et al., 2004; Seidov et al., 2005; Zhang et
al., 2012). In this dissertation, I will discuss the terrestrial hydrological cycle in the
Alaskan mountain regions first, which includes the hydrology in vast glacier areas, and
detailed estimation of the riverine discharge from this region to the subarctic North Pacific

(Chapter 2). I then discuss the impacts of the terrestrial riverine discharge on the ocean



circulation of the Pacific Ocean, including extreme cases corresponding to ice sheet
collapse events which caused vast freshwater flux from the North American continent to
the subarctic North Pacific Ocean (Chapter 3). In the remainder of this chapter,

background and motivation of the present research are described.

1.2 Hydrological cycle in the Alaska mountain regions

The hydrological cycle (Fig. 1.1) describes the continuous movement of water
between the Earth’s surface and the atmosphere. Water moves to the atmosphere as water
vapor through evaporation from ocean and lands, as well as transpiration from plants.
This vapor condenses and falls back to the Earth’s surface as precipitation. Once on the
surface, water either flows across land surfaces in basins and channels or infiltrates into
underground aquifers. It then travels laterally underground, occasionally resurfacing as
springs or flowing through streams at lower elevations. This cycle is driven by solar
energy, which powers evaporation, and by gravity, which keeps water in motion
throughout the system.

In the mountainous regions of Alaska, the hydrological cycle is further complicated
by the interaction of climatic variations and the rugged topography. Significant freshwater
discharge into the neighboring oceans is driven by rainfall, snow and ice melt, and
minimal human activity in the Alaska region (Beamer et al., 2016; Hill et al., 2015; Wang
et al., 2004; Xin et al., 2024).

The Alaska region has a large range of elevation, with an average height of around
1000 m, covered by a number of mountains with some peaks over 3000 m that contribute
to the complex topography. The climate in this area is also diverse, due to the high latitude,
complex topography, and proximity to the ocean (Bieniek et al., 2012). The higher-
latitude region is dominated by cold climates that result in long, cold winters experiencing
a polar climate (Beck et al., 2018; Kottek et al., 2006), while the lower-latitude region is

characterized by boreal and warm temperate climates, thus leading to relatively mild



winters and cool summers (Bieniek et al., 2012; Kottek et al., 2006; Wendler et al., 2016).
Therefore, hydrological parameter values are diverse among basins, which should be
considered to adequately evaluate the discharge from the Alaskan region. Temporal
climate variations are also prominent in this region corresponding to variations of the
Aleutian Low such as the Pacific Decadal Oscillation and the North Pacific Oscillation.
Thus, a comprehensive estimation of Alaska discharge and its variations can enhance our
understanding of the connections among the Alaska discharge, ocean processes in the

Pacific, and large-scale atmospheric variations. I discuss this issue in Chapter 2.
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Fig. 1.1 Schematic of hydrology cycle.



1.3 Ocean circulation in the Pacific Ocean

Freshwater discharge from the land impacts salinity along the coastal ocean and
potentially influences the ocean circulation. In the Chapter 3 of this dissertation, I will

discuss potential impacts of the land water discharge on the ocean circulation further.

The Pacific Ocean is comprised of two primary large-scale gyres in the northern
hemisphere that dominate its circulation, including the subtropical gyre and the subpolar
gyre. These gyres play crucial roles in heat and freshwater redistribution, nutrient
transport, and influencing both regional and global climate patterns (Rae et al., 2020;
Ujiié et al., 2016; Zhang et al., 2021). Specifically, the subpolar gyre, situated poleward
of 40° latitude, feature counterclockwise circulation in the Northern Hemisphere.
Cyclonic winds drive surface divergence and upwelling, which causes western boundary
currents to transport cooler, fresher waters equatorward such as the Oyashio Current and
the Alaskan Stream. These currents are important in linking high-latitude processes to
lower-latitude ocean circulation systems. The subtropical gyres, located between
approximately 20° and 40° latitude in both hemispheres, exhibit clockwise circulation in
the Northern Hemisphere and counterclockwise circulation in the Southern Hemisphere.
These patterns are driven by trade winds along their southern boundaries and westerlies
along their northern edges. The convergence of the Ekman transport in the subtropical

gyre results in currents such as the Kuroshio and the North Pacific Current.

The subtropical gyre serves as a reservoir for warm and saline water, facilitating
poleward heat transport, releasing heat along its poleward boundary. This cooled water
then subducts into the thermocline and is advected equatorward; it finally surfaces in the
eastern equatorial Pacific, driven by the equatorial trade wind, and gains heat there by
forming a cold tongue (Fedorov et al., 2004; Huang and Pedlosky, 2000). This thermal
circulation in the ocean forms a climate background that induces the El Nifio-Southern

Oscillation.



The subpolar gyre receives freshwater from precipitation over the ocean and river
discharge from surrounding continents, which can alter the sea surface salinity (SSS) and
stratification structures (Fujisaki et al., 2014; Shi et al., 2021; Xin et al., 2024). These
causes buoyancy anomalies that can be transported downstream along the coastal
boundaries as well as by western boundary currents such as Oyashio. The subpolar water
then partially transported to the subtropical gyre via the Ekman transport. I hypothesize
that this subpolar freshwater may affect the surface buoyancy of the northern limb of
subtropical gyre and control heat release there. This further implies that freshwater from
the subpolar gyre may finally impact heat gain on the equatorial cold tongue via the
above-mentioned thermal circulation in the Pacific Ocean, through the shallow

overturning cells that link the subpolar, subtropical and equatorial gyres (Lu et al., 1998).

In addition to discussing the effects of present riverine discharge on Pacific Ocean
circulation, in Chapter 3 I also examine extreme cases of vast freshwater fluxes from the
North American continent to the subarctic North Pacific, specifically those caused by the
collapse of the Cordilleran Ice Sheet (CIS). The CIS has the largest coverage during the
Last Glacial Maximum (approximately 20 thousands years ago), with an average
thickness of around 2 km (Walczak et al., 2020). Toward the end of the last glacial period,
nearly half of the CIS mass was lost within approximately 500 years, contributing around
3 meters to global sea-level rise (Menounos et al., 2017). Such massive freshwater
discharge events are hypothesized to have significantly altered salinity, stratification, and
vertical circulation in the subpolar gyre, with cascading impacts on the subtropical and

equatorial regions of the Pacific Ocean.

1.4 Objectives of this study

The dynamics of freshwater flux from the mountainous regions of Alaska into the

northeast Pacific Ocean are crucial for understanding the mechanisms that regulate ocean



circulation and climate variability. Previous studies have provided plausible historical
discharge estimates (700-900 km* during 1961-2014), however, existing studies
estimating this freshwater discharge using hydrological models often overlook the spatial
variability of model parameters arising from the complex topography, diverse land cover,
soil types, and climatic conditions. A comprehensive exploration of more recent
estimations is required to better understand the long-term variations in Alaska discharge
and its potential impacts. Therefore, in Chapter 2 of this dissertation, I focus on the
estimation of the freshwater discharge from Alaska mountainous catchment at basin scale
by using a hydrological model. This approach accounts for spatial variability in model
parameters, such as land cover and topography, to improve the accuracy of the discharge
estimation. | also investigate the relationship between Alaska discharge and large-scale
atmospheric variability, such as the North Pacific Oscillation (NPO). Furthermore, I
analyze the impact of Alaska discharge on sea surface salinity (SSS) in the Alaskan
Stream, the northern boundary current of the subpolar gyre, to explore its downstream

influence on regional ocean dynamics.

Additionally, a connection was found between the subpolar gyre, subtropical gyre
and the equatorial region (Lu et al., 1998), however, the effects of freshwater discharge
in the subpolar gyre on the equatorial and the related dynamics remain insufficiently
explored. Therefore, in Chapter 3, I explore the effects of the freshwater discharge from
the Alaska into the northeast Pacific on the equatorial thermocline, especially in the case
of an extremely large freshwater discharge due to an ice sheet collapse, with the help of

an ocean circulation model.






Chapter 2 Estimation of freshwater discharge into the Northeast Pacific from the
Alaskan mountains

2.1 Introduction

River discharge from continents to oceans accounts for a global average of 36,055

km?-yr! (Syed et al., 2010). It plays a non-negligible role in the Earth’s hydrological and

biogeochemical cycles by delivering freshwater, essential sediments, and nutrients to the
ocean (Cloern et al., 1983; Masotti et al., 2018; Wetz et al., 2011). The quantity of and
variation in freshwater discharge are the most crucial parameters among many others (Dai
et al., 2002; Trenberth et al., 2007). Specifically, freshwater discharge can freshen the
seawater and deliver impacts on large-scale ocean processes such as thermohaline
circulation (Rahmstorf, 2003). For example, a thermohaline circulation existing in the
North Pacific Ocean has been shown to significantly influence the local and global
climate and marine ecosystems via the redistribution of heat and the transportation of
organic carbon and nutrients (Itoh et al., 2003; Nakatsuka et al., 2004; Nishioka et al.,
2013; Whitney et al., 2013). The strength of this circulation process is primarily controlled
by the SSS. According to Uehara et al. (2014), anomalies in the SSS may have impacts
on the overturning in the northwestern Sea of Okhotsk. These anomalies can propagate
along the current pathway from the Alaskan Stream, central Bering Sea, western subarctic
gyre, East Kamchatka Current region, and eastern Okhotsk Sea (Fig. A2.1). Following on
from this finding, a significant negative correlation was revealed between the interannual
variation in SSS in the northwestern Sea of Okhotsk and the variation in annual river
discharge from the Kamchatka Peninsula, which is located upstream of the overturning
along the current pathways (Shi et al., 2021). Similarly, the role of freshwater discharge
from the catchments along the Gulf of Alaska (GOA; hereafter referred to as the Alaska
discharge) was hinted at but has not yet been adequately explored. Therefore, the present

study aims to investigate the correlation between the Alaska discharge and SSS anomalies



in the Alaskan Stream, which is an upstream component of the salt pathway. The
significant Alaska discharge into the neighboring oceans is a result of rainfall, snow and
ice melting, and little human activity in the Alaskan region. Furthermore, variations in the
Alaska discharge exhibit sensitivity to atmospheric phenomena over the North Pacific
Ocean and to global climate change (Kunkel et al., 2013; Royer et al., 2001; Wang et al.,
2004). However, the long-term variations in the Alaska discharge and their connection
with corresponding atmospheric variability remain little known. One potential factor
influencing the hydrological processes in the catchments along the GOA is the North
Pacific Oscillation (NPO), a large-scale atmospheric variability observed over the North
Pacific Ocean. The NPO is characterized by a seesaw north—south dipole of sea level
pressure anomalies between the Aleutian Low and North Pacific High (Linkin et al., 2008;
Rogers, 1981). Therefore, a comprehensive estimation of the Alaska discharge and its
variation can contribute to a better understanding of the connections between regional
discharge, large-scale atmospheric variations, and ocean processes in the North Pacific

sector.

Various methods can be used to estimate discharge, including the rating curve method,
the velocity-area method, hydrological modeling, and remote sensing techniques. Among
these options, hydrological models, which include empirical, conceptual, and process-
based models, offer an adaptable approach to simulate the processes of water movement
under various land cover and soil conditions (Ahmed et al., 2023; Anees et al., 2016;
Maxwell et al., 2014). Several studies on the Alaska discharge have primarily focused on
estimating the total volume, analyzing the contributions of hydrological components, and
examining seasonal variations by using various hydrological models. For instance, Wang
et al. (2004) simulated the Alaska discharge and its seasonal and interannual variations
by developing a digital elevation model (DEM) that simplifies the main physical

processes within the catchment, including rainfall-runoff, snow and ice storage, and



melting processes. Neal et al. (2010) estimated the annual Alaska discharge and its
contribution from glaciers and icefields using a combination of measured discharge and
enhanced precipitation models. Similarly, Hill et al. (2015) developed regression
equations to estimate the monthly Alaska discharge at high resolution based on various
physical characteristics of the basin, including the area, mean elevation, and land cover,
as well as meteorological characteristics such as temperature and precipitation. Moreover,
Beamer et al. (2016) estimated the Alaska discharge and examined its source components
with good accuracy by using a suite of distributed, process-based models, with
consideration of important hydrological processes such as rainfall-runoff,

evapotranspiration (ET), infiltration, baseflow runoff, and snow and ice melting.

While these studies confirm that process-based hydrological models provide a
comprehensive and efficient representation of real hydrological processes, there are still
unresolved questions, particularly regarding the spatial variability of the model
parameters. These parameters, which account for different catchment characteristics and
climate forcing, are often underrepresented at the basin scale. Additionally, although these
studies provide plausible historical discharge estimates (700-900 km?® during 1961-2014),
an extensive exploration of recent estimations is necessary to better understand the long-
term variations in the Alaska discharge, given the climatic variation. Furthermore, the
influence of the Alaska discharge variations on coastal oceanic systems, such as SSS in

the surrounding ocean sector, remains underexplored.

Hence, the present study builds on previous work by focusing on the following: (i)
estimating the Alaska discharge during 1982-2022, using a process-based hydrological
model, namely, the Soil and Water Assessment Tool (SWAT; Arnold et al., 1998; Neitsch
et al., 2011) with modified melting processes, (i) investigating spatiotemporal variations
in the Alaksa discharge, (iii) exploring the correlations between variations in the Alaska

discharge and atmospheric phenomena, as well as SSS, to provide a more comprehensive

10



understanding of the atmosphere—land—ocean interactions. Chapter 2 is organized as
follows. First, the details of the study area, the SWAT application and its inputs, and the
SWAT calibration and validation, as well as the statistical approach for analyzing the
discharge, are introduced in Section 2.2. The model calibration, validation, and simulation
results are then presented in Section 2.3, along with the connection between the Alaska
discharge and atmospheric variability. The relationship between the Alaska discharge and
the North Pacific Ocean is discussed in Section 2.4. Finally, the key conclusions are

summarized in Section 2.5.

2.2 Data and methods
2.2.1 Study area

The catchments along the GOA (hereafter referred to as the Alaska catchment) span
the southern region of Alaska and a portion of Canadian territory (54-64° N, 125-157°
W), bordering the GOA in the northeast Pacific Ocean (Fig. 2.1a). The present study
focuses on the Alaska catchment which covers an area of approximately 320,000 km?,
including five major basins, namely the following: the Susitna (44,391 km?), Copper
(60,451 km?), Alsek (28,298 km?), Taku (11,013 km?), and Stikine (47,734 km?) basins,
in addition to numerous ungauged basins (127,902 km?). The Alaska catchment has a
large range of elevation, with an average height of around 1000 m and some peaks over
3000 m (Fig. 2.1b). The region is covered by a number of mountains that contribute to
the complex topography. The major mountain ranges that define the basins include the
Coast Mountains in the southeast, the Wrangell-St. Elias Mountains in the east, the
Chugach Mountains along the central coast, the Alaska Range stretching from east to west
in the northern area, and the Kenai Mountains on the Kenai Peninsula. Particularly, the
Wrangell-St. Elias Mountains, above 5000 m, are covered by extensive glaciers.

Meanwhile, the Chugach Mountains along the central coast block moist Pacific air,
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leading to high precipitation on the coastal side and drier conditions inland. The Alaska
Range, a long (~1000 km) west—east mountain range, includes the highest peak in North
America and is characterized by a tough climate and significant glaciation. Due to the
rugged topography, the following 5 slope classes were established across all subbasins in
the Alaska catchment: 0-3%, 3-15%, 15-30%, 30-60%, and >60%, based on DEM
(NASA/METI/AIST/Japan Spacesystems And U.S./Japan ASTER Science Team) using
ArcGIS 10.7.1 software. Most areas (78%) fall within the 3-60% slope range.
Additionally, according to North America Land Cover 2015 (Commission for
Environmental Cooperation, 2020), the study area consists of various land cover types
(Table A2.1), dominated by forest (32.3%), particularly subpolar taiga, polar or subpolar
shrubland-lichen—moss (25.5%), barren land (34.1%), glaciers (17.8%), and wetlands
(3.48%). The proportions of the main land cover types in the five gauged basins are

provided in Table A2.2.

The climate in the study area is diverse, due to the high latitude, complex topography,
and proximity to the ocean (Bieniek et al., 2012). The higher-latitude region is dominated
by cold climates that result in long, cold winters and brief, cool summers, with the Alaska
Range experiencing a polar climate (Beck et al., 2018; Kottek et al., 2006). Meanwhile,
the lower-latitude region is characterized by boreal and warm temperate climates, thus
leading to humid conditions associated with relatively mild winters and cool summers
(Bieniek et al., 2012; Kottek et al., 2006; Wendler et al., 2016). Lader et al. (2016) used
reanalysis data from 1979 to 2009 to analyze the near-surface air temperature and
precipitation for the Alaska region. Their findings indicated that the average monthly
temperature during winter is approximately —12 °C, with an average precipitation of
around 6 cm, while the temperatures in the Alaska Range drop below —15 °C and the
precipitation exceeds 15 cm. Except for parts of the Alaska Range, summer temperatures

in the higher-latitude regions are approximately 10 °C, with precipitation ranging between
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10-20 cm. Moreover, the southeastern region is the warmest part of the study area during
winter, with average temperatures close to freezing, and a monthly average precipitation
of'above 20 cm. Although no uniform trend in the annual precipitation is observed across
the Alaska catchment, a significant increase in the annual temperature is observed
between 1957 and 2021, with a rate of roughly 0.4 °C - decade™! (Ballinger et al., 2023).
These variable climate conditions potentially influence hydrological processes across the

Alaska catchment.
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Fig. 2.1 Location and elevation of the Alaska catchment.

(a) The Alaska catchment showing the five basins (green) and ungauged basins (purple
and yellow), with glacial coverage (blue), along with the streamflow gauging stations (red
points). (b) The topography of the Alaska catchment, as obtained from the ASTER Global
DEM Version 3.
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These important characteristics such as topography and climate directly influence the
Alaska discharge quantity and variability. The discharge is predominantly generated in
the mountainous areas that receive substantial snow and rain, with the highest discharge
rates observed in low-elevation regions covered by large coastal glaciers (Beamer et al.,
2016). Additionally, the phase of precipitation input depends on the air temperature
variability, leading to a strong seasonal cycle. The diverse climate of the Alaska catchment,
varying from polar in the Alaska Range to temperate in the lower-latitude coastal regions,

primarily controls the timing and magnitude of meltwater.

2.2.2 Model setup and configuration

Herein, the SWAT model is used to estimate the discharge during the study period of
19822022, as well as the warm-up period during 1979—-1981 (methodological flowchart
in Fig. 2.2). The SWAT model is a semi-distributed process-based hydrological model
that is capable of simulating the water transport in river basins. Specifically, the ArcSWAT
2012 extension (hereafter referred to as SWAT) of the ArcGIS 10.7.1-based graphical
interface is used in this study to process the discharge simulation. The SWAT model
delineates a basin and divides it into a series of subbasins depending on topography. These
subbasins are further divided into the smallest unit, namely the hydrological response unit
(HRU), based on the homogeneous type of land cover, soil, and slope. The SWAT model
then calculates the water balance at the HRU level, aggregates it at the subbasin level,
and finally routes it towards the channels and outlet of the basin (Grusson et al., 2015).

The water balance is calculated using Equation (Neitsch et al., 2011):
SW = SW, + Zji::l(Rday - qurf - E, — VVseep - ng),

where SW; is the final soil water content (mm), SWj is the initial soil water content (mm)

on day 0, ¢ is time (days), Raay 1s the amount of precipitation (mm) on day 1, Qs is the
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amount of surface runoff (mm) on day i, £, is the amount of evapotranspiration (mm) in
day 1, Wieep 1s the amount of water (mm) entering the vadose zone from the soil profile on

day 1, and Qg 1s the amount of groundwater discharge (mm) on day 1i.

The main hydrological processes performed in SWAT can be divided into two major
phases. The first of these is the land phase of the hydrological cycle, in which the amount
of water flowing into the main channel is estimated for each subbasin. The runoff,
evapotranspiration, melting processes, and soil-water processes are simulated in this
phase. The second division is the channel phase of the hydrological cycle which can be
defined as the movement of water through the channel network to the basin outlet
(Neitsch et al., 2011). Various methods are used to simulate these processes numerically
and to estimate the key components of the catchment water balance. The soil conservation
service curve number is an essential method, and is widely used for empirically estimating
surface rainfall-runoft (Soil Conservation Service, 1972). This estimation is primarily
based on the land cover and soil type of catchment. The SWAT model is capable of
estimating the runoff from frozen soil if the temperature in the first soil layer is less than
0 °C (Neitsch et al., 2011). The constant land cover and soil types were used in the present
study due to their minimal variation over time (see Section 2.3 for more details).
Meanwhile, the Penman—Monteith method (Allen et al., 1989; Monteith, 1965) is
satisfactory for estimating potential evapotranspiration by considering various climate
parameters such as temperature, humidity, wind speed, and solar radiation. The kinematic
storage method (Sloan et al., 1983) is used to estimate lateral flow in soil layers,
accounting for the variations in conductivity, slope, and soil water content of the
catchment. Additionally, the variable storage routing method (Jimmy R. Williams, 1969)
is used to estimate the movement of water through the channel network by considering
channel characteristics such as width, length, and slope within the catchment. Therefore,

the selection of SWAT as the foundational model is underpinned by its notable attributes:
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its complicated preprocessing is made relatively accessible through ArcGIS 10.7.1
software add-ins and its computation is relatively efficient owing to the semi-distributed
structure with fewer repetitive routines. Moreover, the existing literature has verified that
SWAT performs well in reproducing the hydrological processes in mountainous and

glacierized basins (Grusson et al., 2015; Omani et al., 2017a).
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Fig. 2.2 Methodological flowchart for SWAT.

The snowfall and melting processes are important components of the hydrological
cycle in the present study, since the Alaska catchment is partially covered by snow and
ice. The SWAT model distinguishes between rainfall and snowfall based on a comparison
of the near-surface air temperature and the threshold snowfall temperature (SFTMP).
Snowfall occurs when the mean daily air temperature is lower than the SFTMP, and snow
can accumulate until melting occurs. Melting begins when the air temperature is higher

than the threshold snowmelt temperature (SMTMP). The SWAT model allows for spatial
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variations in precipitation and temperature by accounting for changes in elevation at the
subbasin level. A maximum of ten elevation bands can be defined in SWAT. In each
elevation band, the precipitation and temperature are modified based on two lapse rates,
namely the temperature lapse (TLAPS) and precipitation lapse (PLAPS). Given that the
elevation of glacierized areas in the Alaska catchment is mostly above 2000 m, ten

elevation bands were established in the present study.

In the default setting of SWAT, melting calculations are based on a simplistic
temperature-index method that does not account for ice melting. This is potentially
problematic, given the considerable contribution of meltwater from glacierized areas.
Therefore, the melting process in glacierized areas is additionally modified by separate
calculations based on the equilibrium-line altitude (ELA). The ELA is a theoretical line
where the annual mass balance is zero and represents the boundary between the
accumulation and ablation zones of a glacier. In this study, the ELA was initially estimated
by using the accumulation area ratio (AAR), which is the ratio between a glacier’s
accumulation zone and its total area (Cogley et al., 2011). More specifically, based on the
available AAR observational data (Mernild et al., 2013) for glaciers in the Alaska
catchment, the average AAR value was estimated to be 0.62. The glaciers in each basin
were treated as a group, rather than as individual glaciers. Next, the elevation data for the
glaciers were used, along with their outlines from the Randolph Glacier Inventory (RGI)
6.0 dataset, to conduct the ELA calculations of the glaciers within the five basins. As the
glacial volume loss makes a relatively low contribution (6—10%) to the discharge (Beamer
etal.,2016; Hill etal., 2015; Neal et al., 2010), the glacierized areas are treated as constant
during the estimation. The ELAs were therefore estimated as 1378, 1602, 1287, 1331, and
1542 m for glaciers in the Susitna, Copper, Alsek, Taku, and Stikine basins, respectively.
The average ELA for the five basins was 1428 m, which is consistent with the available

observed mean ELA for Alaska glaciers (1363 + 103 m) during 1982-2020 (Ohmura et
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al., 2022). Finally, the estimated ELA in each basin was applied to divide the elevation
bands into accumulation and ablation zones within the glacierized subbasins. The lowest
elevation band of the ablation zone corresponds to the location where 90% of the glaciers’

coverage is reached.

Separate melt factors were established for the ablation and accumulation zones to
determine the spatially distinct melting processes, based on the methods described by
Omani et al. (2017a). The parameters used to estimate the snowfall, snow accumulation,
and melting processes at the subbasin level were given fixed values and were well
constrained by previous research and physical interpretations (Andrianaki et al., 2019;
Omani et al., 2017a, 2017b). Thus, for the non-glacier zone, the SFTMP and SMTMP
were each set as 0 °C, the maximum snowmelt factor (SMFMX) on 21 June was set as 5

mm- H,O-°C™!-day !, the minimum snowmelt factor (SMFMN) on December 21 was set
as 3 mm-H,O °C ! day !, and the snowpack temperature lag factor (TIMP) was set as
1. For the ablation zone, the SFTMP, SMTMP, SMFMX, SMFMN, and TIMP were 1 °C,
0.5 °C, 6 mm-H,O-°C!-day !, 3 mm-H,O-°C' day !, and 0.05, respectively. For the
accumulation zone, the corresponding values were 2 °C, 2 °C, 7 mm - H>O- oC! 'dayfl, 4
mm-H,O °C™!-day !, and 0.01, respectively. Seasonal snow melt and summer ice melt

mainly occur in the ablation zone, while permanent snow and ice undergo accumulation
and melting in the accumulation zone. The initial glacier depth was set at 15,300 mm by
averaging the thickness of the observed glaciers (RGI 6.0) within the Alaska catchment.
Overall, while this approach does not fully capture the complexities of melting processes,
such as the glacial dynamics and behavior of individual glaciers, it effectively accounts
for the major accumulation and melting processes driven by temperature, considering
spatial variability and using reasonable melting-related parameters based on the existing

literature (Grusson et al., 2015; Omani et al., 2017a, 2017b). Despite its simplicity, the
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SWAT model in combination with the temperature-index approach is suitable for melting

calculations.

2.2.3 Model inputs

The model input data are listed in Table 2.1. The 30 m resolution DEM data, obtained
from ASTER Global Digital Elevation Model version 3, were used in SWAT to delineate
basins and subbasins, and to compute the flow directions of the river system. Land cover
data with a resolution of 30 m were obtained from the North America Land Cover 2015.
The Alaska catchment area was divided into 9 land cover types. The Food and Agriculture
Organization Digital Soil Map of the World (FAO-UNESCO Soil Map of the World
1:5000000, 1974), with a scale of 1:5,000,000, was used to classify the 18 soil types that

could be directly used in the SWAT soil database.

The land cover and soil inputs for SWAT were regarded as constant throughout the
simulation, which could lead to uncertainties. However, no evidence that significantly
contradicts the consideration of constant land cover and soil inputs was found in previous
studies. More specifically, regarding the land cover distribution, most forested areas and
other land cover types such as pasture, rangeland, built-up land, and cropland, did not
undergo significant changes in northwestern North America, including in the Alaska
catchment, during 1960-2020 (Biswas et al., 2012; Potapov et al., 2022; Winkler et al.,
2021). Regarding the change in soil distribution, the process is more commonly long-
term, while extreme and significant change can be brought about by short-term processes
primarily associated with human activities. However, such short-term changes were

found to be less evident in the Alaska catchment (Montanarella et al., 2015).

The meteorological data including daily precipitation (mm), maximum and minimum
temperature (°C), solar radiation (MJ-m™2), relative humidity (%), and wind speed (m -

s71), were used to force the hydrological processes in the SWAT simulation. Notably, the
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meteorological data were obtained from two separate datasets, namely the climate
forecast system reanalysis (CFSR, 1979-2013; Saha et al., 2010) and the climate forecast
system version 2 operational data (CFSv2, 2011-2022; Saha et al., 2014). Nevertheless,
the CFSv2 can be considered as an extension of the CFSR, which has been successfully
applied to simulate the hydrological processes in North America (Beamer et al., 2016;
Saha et al., 2014, 2010). Therefore, the dual datasets were used to force the discharge

simulation in this study.

Table 2.1. The input data used in the SWAT model.

Data Description Spatiotemporal Resolution

ASTER Global Digital Elevation Model

DEM 30 m grid
version 3

LC North America Land Cover 2015 30 m grid

Soil FAO Digital Soil Map of the World 1:5 000 000

Climate Forecast System Reanalysis (CFSR,

1979-2013); 0.31° x 0.31° grid/daily;
Climate
Climate Forecast System version 2 operational ~ 0.5° % 0.5° grid/daily

data (CFSv2, 2011-2022)

2.2.4 Model calibration and validation

In this study, the SWAT Calibration and Uncertainty Program (SWAT-CUP) was used
to calibrate the model parameters (Abbaspour et al., 2007). SWAT-CUP is an interface
that applies the Sequential Uncertainty Fitting (SUFI-2) algorithm to determine the
parameter values and their uncertainties via sequential and fitting processes (Abbaspour
et al., 2007). Although many parameters influence the discharge estimation in SWAT, the
availability of adequate parameter values based on observation is limited. To avoid
excessive tuning, fewer parameters should be considered, with more attention being paid

to the features that they represent (Shi et al., 2023). Therefore, the present study mainly
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focuses on the most influential parameters based on previous studies that used SWAT to
estimate the discharge in snow and glacierized basins (Fontaine et al., 2002; Grusson et
al., 2015; Neupane et al., 2017; Omani et al., 2017a). These parameters account for the
primary hydrological processes within the study area, including the surface runoff,
evapotranspiration, and groundwater flow processes, thereby ensuring the efficiency and
accuracy of the model calibration. The calibrated parameters included the curve number
(CN2), which is a key parameter for estimating surface runoff, as it directly influences
the quantity of precipitation that becomes runoff. The available water capacity of the soil
layer (SOL_ AWC, mm - H>O - mm soil !) and the soil evaporation compensation (ESCO)
are crucial to soil moisture and evaporation processes. The minimum snow water content

that corresponds to 100% snow cover (SNOCOVMX, mm - H>O) influences the areal

depletion of snowpack coverage, which is essential for representing snowmelt timing and
runoff volume. The threshold depth of water in the shallow aquifer required for return

flow to occur (GWQMN, mm - H>0), the groundwater delay time (GW_DELAY, days),

and the baseflow alpha factor (ALPHA_BF) play an important role in routing meltwater
through the subsurface, affecting the hydrological response of the watershed. The TLAPS

(°C km™!)) and the PLAPS (mm-H>O km™!) control the spatiotemporal distribution of

precipitation, determining whether it falls as rain or snow. The model performance was
evaluated by statistical metrics such as the Nash—Sutcliffe efficiency (NSE), the
coefficient of determination (%), and the percentage bias (PBIAS). The model result was
considered acceptable when the critical threshold for each index was satisfied, i.e., NSE >
0.50, 2 > 0.70, and |PBIAS| < 25% (Moriasi et al., 2007). Positive values of PBIAS
indicate an underestimation bias in the model, while negative values indicate an
overestimation bias. More detailed information on SWAT can be found in the official

document (Arnold et al., 2012).
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In the present study, the model calibration and validation were performed using
limited monthly observed streamflow data from the outlets of the five basins. The
observed data were obtained from the Global Runoff Data Centre
(https://www.bafg.de/GRDCY/). The streamflow gauging positions are shown in Fig. 2.1a,
and the specific details are presented in Table A2.3. For the Susitna basin, the streamflow
observations for 1982—-1988 were used for calibration, and those for 1989—-1992 were
used for validation. For the Copper basin, the calibration period was 1982—1985 and the
validation period was 1986—1990.9. For the Alsek basin, the calibration period was
1991.7-1997 and the validation period was 1998-2012.11. For the Taku basin, the
calibration period was 1987.8—1997 and the validation period was 1998—2008. For the
Stikine basin, the calibration period was 1982—1997 and the validation period was 1998—
2005. The model configurations including the setup of elevation bands and the calibrated
parameters in each of the five basins were subsequently projected to their adjacent
ungauged basins for further discharge estimation, according to the principle of spatial
proximity and hydrological similarity (Béardossy, 2007; Mengistu et al., 2019).
Specifically, the setup of the elevation bands and the calibrated parameters in the Susitna
basin were projected to its neighboring basins, namely, ungauged basins No. 1, 2, and 3
(Fig. 2.1a). Similarly, the setup from the Copper basin was applied to ungauged basin No.
4, those from the Alsek basin to ungauged basins No. 5 and 6, and those from the Stikine

basin to ungauged basins No. 7 and 8.

The results of model calibration and validation are presented in Section 2.3.1. The
estimated Alaska discharge is then discussed as a whole in Section 2.3.2, and for each of
the five basins and the ungauged basins in Section 2.3.3. Here, the discharge
characteristics for each of the five individual basins are discussed to provide a better
understanding of regional heterogeneity. Additionally, the integrated discharge from the

ungauged basins is discussed and compared with that from the five gauged basins.
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2.2.5 Statistical analysis

Herein, the trend in the Alaska discharge was assessed by using the non-parametric
Mann—Kendall Test and Sen’s slope estimator. The Mann—Kendall Test is widely used to
detect significant trends in time series datasets (Kendall, 1948; Mann, 1945). The Z-score
(Zs), also known as the standard score, measures how many standard deviations a data
point is from the mean of a dataset. A trend exists when the statistical values satisty p <
0.05 and |Zs| > 1.96. A positive Zs value indicates an increasing trend, while a negative
Zs indicates a decreasing trend. The Sen’s slope estimator determines the slope of the
trend, thereby indicating the rate of change (Sen, 1968). Furthermore, the relationship
between the long-term variations (5-year running means) in the Alaska discharge and the
North Pacific Gyre Oscillation (NPGO) index (Di Lorenzo et al., 2008; i.e., the time series
of the NPGO) is determined. The NPGO is suggested to be driven by sea surface wind
variability associated with the NPO, which is an atmospheric variability characterized by
a seesaw north—south dipole between the Aleutian Low and the North Pacific High.
Therefore, the NPGO index is referred to as the oceanic expression of the NPO (Di
Lorenzo et al., 2008), and is used to reveal the connection between variations in the
Alaska discharge and the NPO. Moreover, the annual Alaska discharge is compared with
the SSS anomalies for 1984-2008 in the Alaskan Stream, as reported by Uehara et al.
(2014), to investigate the effects of the Alaska discharge on the oceanic characteristics in

the North Pacific sector.

2.3 Results
2.3.1 Model calibration and validation

The default values for the selected parameters, the methods of adjustment used, and
the final calibrated values over each basin are presented in Table 2.2. The parameters CN2

and SOL AWC were adjusted by relative tests wherein the parameter value was
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multiplied by 1 + the given value in the table, as indicated by r in the parameter
designation. The other parameters were modified by replacement tests wherein the
parameter value was replaced by the given value, as indicated by v in the parameter
designation. The calibrated parameters are within reasonable ranges. Among the
calibrated parameters, ALPHA _BF is the most sensitive across the five basins (Fig. A2.2).
The model’s performance varies significantly when ALPHA BF, baseflow alpha factor,
is adjusted within the range of —0.1-0.03, whereas the model tends to stabilize and deliver
satisfactory performance when its value exceeds 0.03 (Fig. A2.3). The calibration and
validation performance indices for each basin are given in Table 2.3, which indicates that
NSE values are greater than 0.5, 7% values are greater than 0.7, and PBIAS values are
within £ 25%. These results statistically demonstrate an acceptable model performance.
Indeed, the simulated discharge hydrograph in Fig. 3a and b agrees well with observations
during both the calibration and validation periods, especially in the Alsek, Taku, and
Stikine basins, which have relatively longer observational datasets than the Susitna and
Copper basins. However, the results indicate that the SWAT model underestimates the
discharge from the Susitna, Copper, Alsek, and Taku basins, while it overestimates the
Stikine basin, especially in summer (Fig. 2.3 and Table 2.3). This can be primarily
attributed to uncertainties in the meltwater estimation related to the catchment
characteristics, particularly the topography. Compared to the other basins, the elevation
bands of the Stikine basin are predominantly distributed at higher altitudes. Although the
use of elevation bands in SWAT is acceptable for estimating snow-related processes and
improving hydrological performance, it tends to slightly overestimate the snow
accumulation and subsequent snowmelt in high-elevation regions and underestimate them
in low-elevation regions, due to uncertainties arising from the linear variation in the
temperature and precipitation lapse rates (Grusson et al., 2015). Moreover, the Susitna

and Copper basins largely encompass areas with slopes of less than 15% (56% and 52%
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of the basin area, respectively). This relatively gentle slope may introduce uncertainties

in the hydrological processes by reducing the surface runoff and increasing the soil water

storage and evaporation during the simulated summer season. Despite several

discrepancies in the hydrograph, the calibrated model is satisfactory for representing the

discharge processes, and is therefore considered to be capable of estimating the discharge

from the five basins.

Table 2.2. The SWAT parameters and their values used for calibration.

Parameter @ Range Bgﬁglt Calibrated Value
Susitna Copper Alsek Taku Stikine

r_ CN2 35-98 36-92°  -0.19 -0.22 -0.29 -0.24 -0.18
r_ SOL_AWC 0-1 0-0.175° -0.56 -0.53 -0.46 -0.46 -0.07
v_ESCO 0.01-1 0.95 0.06 0.48 0.77 0.69 0.37
v_SNOCOVMX 0-500 1 125.64 424.85 354.08 437.4 299.7
v_GWQMN 0-5000 1000 255.90 1450.01  1310.40  969.01 1257
v_GW_DELAY 0-500 31 26.60 34.87 49.23 34.94 25.86
v_ALPHA BF 0-1 0.048 0.03 0.048 0.097 0.08 0.04
v_TLAPS -10-10 6.5 -4.73 -7.34 -5.82 -6.02 -7.64
v_PLAPS —1000-1000 200 500 105.09 500 215.52 392.5

4 Here: r represents a relative test where the parameter value is multiplied by 1+ the given value and v
represents a replacement test where the parameter value is replaced by the given value. ° Values determined
by soil and land cover types in each HRU.

Table 2.3. The statistical results of the model performance.

Basin Calibration Validation

NSE r2 PBIAS (%) NSE r2 PBIAS (%)
Susitna 0.855 0.905 17.13 0.846 0.901 16.80
Copper 0.812 0.816 7.20 0.805 0.808 5.60
Alsek 0.787 0.841 21.40 0.845 0.877 16.10
Taku 0.827 0.869 13.46 0.872 0.879 5.45
Stikine 0.825 0.866 -10.76 0.848 0.927 —-14.69
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Fig. 2.3 Hydrograph results of calibration and validation.

Comparisons between simulated (red dashed lines) and observed (solid blue lines)

monthly discharge values (m>-s™!) for the five basins: calibration (a) and validation (b).
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2.3.2 Alaska discharge

The present subsection examines the combined Alaska discharge across the five
basins plus the ungauged basins. The results in Fig. 2.4 indicate that the annual Alaska
discharge is approximately 14,396 + 819 m*-s™! during the period of 1982-2022, with a
substantial contribution from meltwater (53%; Fig. 2.5). In particular, the finding that
melt runoff makes a significantly larger contribution to the total discharge than other
contributors, such as direct rainfall, is consistent with the results of Neal et al. (2010) and
Beamer et al. (2016). However, the estimated annual discharge is slightly less than the

19,000-26,920 m?-s™! reported in existing studies (Beamer et al., 2016; Hill et al., 2015;

Neal et al., 2010; Wang et al., 2004). This is because the present study uses a smaller area
to avoid uncertainties in the discharge estimation from flat areas near coastlines. SWAT
is considered to be difficult to accurately delineate streams and catchments in such areas
due to the presence of large but shallow depressions and subtle variations (Moges et al.,
2023). Additionally, the present study accounts for complicated hydrological processes in
both the land phase and the channel phase, which may lead to a relatively high

evapotranspiration and transmission loss.

The monthly discharge exhibits a strong seasonal cycle in response to temperature
variations (Fig. 2.4). Specifically, the monthly discharge experiences a relatively constant
average baseflow of 4252 + 906 m*-s™! from January to March compared to higher and
more variable values in other seasons. This is primarily due to the low temperatures
during January to March, which result in low meltwater (Fig. 2.5). The Alaska discharge
starts to increase rapidly in April as the temperature rises above 0 °C. This increase is
closely related to the change in meltwater, which reaches its peak in May, thus leading to

a peak discharge of approximately 30,000 m® s™! in June (Fig. 2.4). Thereafter, the

monthly discharge declines as the amount of meltwater decreases. This decline continues
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in the autumn, in contrast to the relatively high rainfall in late summer to early autumn,
thereby indicating a less dominant impact of rainfall on the seasonal variability of
discharge compared to the effect of temperature. During the melting season (i.e., from
April to August), meltwater accounts for a significant proportion (77%) of the discharge
(Fig. 2.5). Additionally, during this period, the meltwater experiences an increasing
contribution (from 40% in April to 60% in August) from glacierized areas. Notably, this
growing contribution against the overall decrease in meltwater from June to August
suggests a possible increase in the amount of ice melt in glacierized areas, in agreement
with the results of Beamer et al. (2016). The decrease in discharge continues at a drastic

rate (4135 m* s™!-month™!) from September to November, with meltwater contributing

only 5% to the discharge in November. Finally, the monthly discharge in December

returns to its baseflow level as the temperature drops below 0 °C.
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Fig. 2.4 The average monthly Alaska discharge.

The average monthly discharge (solid line), temperature (dashed line), rainfall (light
gray bars), and snowfall (crosshatched bars) in the Alaska catchment.
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Fig. 2.5 The contribution of meltwater runoff from glacierized areas in the Alaska
catchment.

Stacked plots of meltwater from the Alaska catchment (combined light and dark gray
bars) and the meltwater from the glacierized areas (dark gray bars).

31



While no statistically significant trend is observed in the annual discharge during
1982-2022, the results in Fig. 2.6a indicate a decadal pattern. Moreover, a statistically
significant correlation is found between the five-year running mean of the NPGO index
and the Alaska discharge when a two-year time lag between them is considered (p < 0.05,
7 = 0.202; Fig. 2.6b). This implies that the decadal variation in the Alaska discharge is
influenced by long-term variations in the NPO. As noted above, the surface wind
variability associated with the NPO is a crucial driving force for the NPGO, thereby
suggesting that the NPGO is regarded as the oceanic expression of the NPO (D1 Lorenzo
et al., 2008). The NPO consists of two typical phases, namely the Aleutian below phase
and the Aleutian above phase (Linkin et al., 2008; Rogers, 1981), and can therefore be
represented by the NPGO index. Specifically, positive phases of the NPGO index
correspond to the Aleutian below phase of the NPO, and are characterized by an enhanced
Aleutian low pressure over a relatively wide region, including coastal and interior North
America, along with an enhanced North Pacific High across the subtropical North Pacific
that develops and shifts poleward. This atmospheric variability leads to intensified
westerlies that subsequently blow over the central Pacific, thereby resulting in increased
storminess along with higher precipitation and milder winter temperatures along the west
coast of North America (Di Lorenzo et al., 2008; Linkin et al., 2008). Therefore, the
hydrological processes may be subsequently influenced. Furthermore, the present study
indicates that the NPO impacts the Alaska discharge with a lag of approximately two
years. This time lag is deemed reasonable, as sea level pressure anomalies in the winter
season primarily dominate precipitation in the form of snow, which may then influence

melt runoff in the following seasons.
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Fig. 2.6 The relationship between the interannual variation in the Alaska discharge
from 1982 to 2022 and the NPGO index with a 2-year prior.

(a) The bar chart shows the Z-scores of the annual Alaska discharge (blue) and the NPGO
index (red), along with line profiles representing the 5-year running mean of the annual
discharge (black), and the NPGO index (red); (b) the scatter plot of the Z-score of the 5-

year running mean NPGO index versus the annual Alaska discharge.

In addition, the monthly Alaska discharge exhibits significant interannual variations
and significant increases of 65.52 and 63.71 m*-s™'-yr'! in summer (June—August) and
autumn (September—November), respectively, during 1982-2022 (p < 0.05; Fig. 2.7).
These results can be attributed to the increases in winter snowfall and summer
temperatures across the Alaska catchment. Specifically, it has been reported that the

winter precipitation increased by roughly 4.9% - decade !, and the summer temperature

increased by around 0.42 °C - decade ™!, during 1957-2021 (Ballinger et al., 2023).
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Fig. 2.7 The interannual variations (solid line) and trend (dashed line) of the Alaska
discharge in summer and autumn during 1982-2022.

2.3.3 The discharge of the five basins and the ungauged basins

Fig. 2.8a, b show the total discharge from the five basins and the specific meltwater
contribution, respectively, while the corresponding results for the ungauged basins are
shown in Fig. 2.8c, d. Thus, during 1982-2022, the total annual discharge from the five
basins was approximately 5848 + 533 m* 57! (0.03 m*-s™!-km™), including a substantial
contribution from meltwater (58%). Specifically, the freezing temperatures from January
to March resulted in minimal meltwater (138 m®-s™! on average) and low rainfall (34 mm
on average), thus leading to an average baseflow of 701 m?®'s™!. The discharge

experienced a drastic increase from 1495 m?®-s! in April to 9216 m*-s™! in May, and

reached a peak discharge of approximately 15,000 m*-s™! in June. From June to August,
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although the rainfall increased, the discharge of the five basins declined by approximately

1749 m*-s™'-month™! in response to a rapid decline in meltwater. During the melting

season (from April to August), the monthly discharge was approximately 9970 m?*-s™!,

with a considerable contribution of approximately 78% from meltwater, 36% of which
came from glacierized areas. From September to December, the discharge decreased to a

1

baseflow level at a rate of 2309 m>-s' month™! as the temperature declined to below

0 °C. While no statistically significant trend is detected in the total annual discharge from
the five basins between 1982 and 2022, the total monthly discharge in January, August,

September, and November experienced a significant increase (Table A2.4).
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Fig. 2.8 The monthly discharge and melting results for five basins and ungauged

basins.

(a) The total average monthly discharge from the five basins (solid line), along with the

average monthly temperature (dashed line), rainfall (light gray bars), and snowfall
(crosshatched bars). (b) Stacked plots of the total meltwater from the five basins
(aggregate light and dark gray bars) and the meltwater from the glacierized areas (dark

gray bars). (c,d) Same as (a,b) but for the ungauged basins.

Moreover, the ungauged basins (Fig. 2.8c, d) deliver a larger contribution of 59% to

the Alaska discharge, compared to 41% from the five basins (Fig. 2.8a, b), despite having

a smaller catchment area. This finding is in agreement with the results reported by Wang
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et al. (2004). The annual discharge of the ungauged basins is approximately 8548 + 481

m?- st (0.07 m?s!'km?) during 1982-2022, with meltwater contributing

approximately 50%. Specifically, the discharge in the ungauged basins from January to
March is five times that of the five major basins. This is primarily because the temperature
in the ungauged basins fluctuates more closely around 0 °C compared to that in the five

basins, thereby resulting in more meltwater (1426 m*-s! on average) and rainfall (150

mm on average). Similarly to that from the five basins, the discharge from the ungauged
basins begins to increase substantially in April as the temperature rises above 0 °C.
However, the rate of increase from April to May is slower than that observed in the five
basins, primarily due to the less drastic increase in temperature in the ungauged basins,
which results in a smaller variation in meltwater. The discharge of the ungauged basins
also reaches its peak in June, but at a lower rate than that in the five basins, due to a slight
decrease in snowmelt during this period. From June to August, despite a slightly larger

1

rainfall, the decrease in discharge continues at a rate of 810 m® s™!-month™!. During the

melting season (from April to August), the monthly discharge of the ungauged basins is

1

approximately 11,396 m’-s!, and again includes a larger contribution (76%) from

meltwater than that received by the five basins. Of this contribution, 39% comes from
glacierized areas. From August to October, the monthly discharge of the ungauged basins
is approximately 11,627 m®-s~!, which is higher than that of the five basins due to the
correspondingly higher rainfall and meltwater. The temperature drops below 0 °C from
October to December, but remains higher than that in the five basins, thereby leading to
relatively higher amounts of meltwater and, hence, higher baseflow. In addition, during
this period, the higher rainfall contributes significantly to the higher baseflow in the
ungauged basins relative to the five basins. While no statistically significant trend is

detected in the annual discharge from 1982 to 2022, the monthly discharge from the
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ungauged basins exhibits a significant decreasing trend in May, and an increasing trend

in August (Table A2.4).

Finally, the discharges from each of the five individual basins between 1982 and 2022
are shown in Fig. 2.9, where differences in the quantity and variation are observed. The
annual specific discharges from the Stikine, Taku, Susitna, Alsek, and Copper basins are
0.036, 0.031, 0.03, 0.029, and 0.027 m?®'s™!-km2, respectively. Thus, the specific
discharge in the southern portion (Stikine and Taku basins) of the Alaska catchment is
generally higher than that in the northern part (Susitna, Alsek, and Copper basins). This
is predominantly due to a higher annual precipitation in the southern part. Additionally,
the Stikine and Taku basins receive a higher contribution from groundwater
(approximately 600 mm-yr ') compared to the northern part. The lowest specific
discharge is observed in the Copper basin, which may be due to the limited precipitation

(approximately 1800 mm - yr ') and low average temperature (below —2 °C).

In terms of the trends, only the Susitna basin exhibits an increase in the annual
discharge during the period of 1982 to 2022. Further, the Copper, Alsek, and Taku basins
each exhibit a decrease in the monthly discharge in April, while all basins except the

Stikine basin exhibit an increasing trend during August (Table A2.5).
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Fig. 2.9 The average monthly discharge for each of five basin.

The average monthly discharge (solid lines) and monthly temperature (dashed lines) for
each of the five major basins, along with the rainfall (gray area) and snowfall
(crosshatched area). The vertical error bars on the solid line indicate the range of one
standard deviation.
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2.4 Discussion

The freshwater discharge from the Alaska catchment may deliver cascading impacts
on the neighboring ocean sector. After entering the GOA, the Alaska discharge primarily
joins the Alaska Coastal Current (ACC). The ACC begins in the vicinity of the

Washington—British Columbia border and travels at a speed of about 0.1 m-s ™! along the

coast, carrying precipitation over the ocean and continental discharge into the Bering Sea
(Royer et al., 2020; Weingartner et al., 2005). The ACC flows westward and southward
along the Alaska coast and partially enters the Alaskan Stream before entering the Bering
Sea through Unimak Pass . As shown in Fig. 2.10, the interannual variation of SSS in the
Alaskan Stream during the period of 1984-2008 exhibits a statistical correlation with the
variation in the annual Alaska discharge when considering a time lag, thereby suggesting
that the Alaska discharge may impact the Alaskan Stream with a delay of two or three
months (p < 0.05, 7 = 0.2). Although these time lags are derived from statistical results,
they are reasonable considering that the average distance covered by the ACC in going
from the coastal regions of the GOA to the location of the Alaskan Stream is more than
500 km. Further, as Fig. 2.11 shows, the amplitude of SSS variation at Alaskan Stream,
which is around 0.1 (Uehara et al., 2014), can be estimated by using the variations of the
Alaska discharge AS = (FWD X S,..5)/Vss (Where AS is salinity variation; FWD is the
Alaska discharge; Srer 1s reference salinity; Vas is the transport of the Alaskan Stream in
the surface layer, which is assumed to be 1 Sv). In addition to the freshening effect of the
continental discharge, other factors such as direct precipitation on the ocean, upwelling
and current advection may also affect the seawater salinity of the Alaskan Stream (Di
Lorenzo et al., 2009), thereby rendering the correlation less prominent. This significant
correlation indicates that the Alaska discharge may influence the current circulation of
the North Pacific Ocean through its impacts on the characteristics of the surrounding

occan.
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Fig. 2.10 Relationship between the Alaska discharge and the Alaskan Stream salinity.

Scatter charts show the correlation between the annual Alaska discharge and SSS
anomalies in the Alaskan Stream with time lags of two months (a) and three months (b).
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Fig. 2.11 An amplitude estimate of salinity anomalies caused by the interannual

variations in the Alaska discharge.

The estimate is given by AS = (FWD X S,.¢)/Vas, where AS is salinity variation; FWD
is the Alaska discharge; S,..r is reference salinity; Vs is the transport of the Alaskan

Stream in the surface layer, which is assumed to be 1 Sv.
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2.5 Conclusions

The Alaska discharge is characterized by large quantity and considerable variability,
due to the complex interplay between climatic variations and mountainous topography,
delivering cascading impacts on the coastal circulation beyond the regional scale. The
present study estimated the quantity and variability of the continental discharge from the
Alaska catchments under the continual fluctuations in temperature and precipitation in
recent decades. The Alaska discharge was effectively estimated by using a process-based
hydrological model known as the Soil and Water Assessment Tool (SWAT) with modified
melting processes. During the estimation, SWAT was able to account for the complex
spatial variability of land cover and soil features at the basin scale. The primary advances
of this study are as follows: 1) an update on the estimated discharge during recent years,
ii) an analysis of the temporospatial variabilities in discharge, and iii) a first discussion
on the relationship between continental discharge and large-scale oceanic circulation in

this region.

1

The results indicate an annual Alaska discharge of 14,396 + 819 m*® s~!, with a strong

seasonal variability. In detail, the discharge maintains a baseflow level from January to
March, when the temperature is well below freezing, and begins to increase drastically in
April in response to rising temperatures. A peak flow of approximately 30,000 m®-s™!

occurs in June, after which the discharge decreases swiftly despite the relatively high
rainfall during late summer to early autumn, and resumes its baseflow level in December.
Meltwater plays an important role in the discharge accumulation process, contributing
approximately 53% to the annual discharge and exerting a more dominant control than
rainfall on the seasonal discharge variation. Notably, the ungauged basins provide a larger
contribution of roughly 59% to the Alaska discharge, despite having a smaller catchment
area, whereas the five basins provide the remaining 41%. The interannual variation in the

Alaska discharge experiences an increasing trend for the summer and autumn, while the
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annual discharge exhibits no significant trend. The interannual variation in the Alaska
discharge from 1982 to 2022 exhibits a decadal trend. Additionally, a significant
correlation is found between the 5-year running mean of the Alaska discharge and the
NPGO index, thereby suggesting that the NPO, a large-scale sea level pressure anomaly

variation over the North Pacific, may affect the decadal variations in the Alaska discharge.

This study revealed an unprecedented significant correlation between the interannual
variation in the Alaska discharge and SSS in the Alaskan Stream. The salinity anomalies
potentially impact the overturning circulation through the current pathway, since it is
situated in the upper branch of the pathway. The correlation becomes significant when a
time lag of two or three months is assumed, which is reasonable considering the distance
between the Alaska coastal outlets and the Alaskan Stream, along with the traveling speed
of sea currents. Therefore, it is concluded that the regional discharge from the Alaska
catchment could impact the variations in seawater anomalies in the North Pacific sector.
Overall, the present study investigated the connection between large-scale climatic
variations, Alaska discharge variations, and oceanic processes, which is expected to
provide a broader understanding of the atmosphere—land—ocean relationship, especially

in recent years.

Nevertheless, the present study has two major limitations. Firstly, while the
temperature-index approach used to calculate meltwater is efficient, it is fairly simple.
This method can be regarded as adequate for the monthly simulation presented herein,
but a more complex method with high spatial resolution should be applied for the
glacierized area. Secondly, parameterization might be improved based on more

observation records in the calibration process for further improvement.
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2.6 Appendix

Fig. A2.1 displays a schematic diagram of a possible salt pathway in the subarctic
North Pacific comprising the North Pacific intermediate overturning (corresponding to
Fig. 9 in Uehara et al. (2014). The orange arrows represent a surface salt pathway
comprising an upper limb of the overturning from the subarctic gyre to the northern
shelves in the Sea of Okhotsk, where the ventilation of the dense shelf water (DSW)
occurs. The blue arrow denotes a lower limb of the overturning associated with the DSW

outflow, which connects to the North Pacific Intermediate Water (NPIW).

Fig. A2.1. A schematic diagram of a hypothesized salt pathway in association with an
overturning from the surface flow in the subarctic gyre (orange arrows) to the
intermediate layer (blue arrow) in the North Pacific Ocean. The box off the Alaska
Peninsula denotes the area of analysis of observed data by Uehara et al. (2014) in the
Alaskan Stream.

Fig. A2.2 displays the results of sensitivity analysis by SWAT-CUP in the Alsek basin
for one example. The global sensitivity uses the p-value and t-stats for prioritization. The
p-value determines the significance of the sensitivity, and values close to zero indicate

the most significant parameters. The t-test was used to identify the relative significance
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of each parameter, and the higher the value (in absolute terms) the parameter has, the

more sensitive it will be.
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Fig. A2.2. Results of sensitivity analysis by SWAT-CUP in the Alsek basin.

Fig. A2.3 displays the dotty plot of the parameter ALPHA BF in the Alsek basin,

which indicates the parameter value versus objective function (NSE).
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Fig. A2.3. Dotty plot of the parameter ALPHA_BF in the Alsek basin.
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Table A2.1. Details of land cover classifications.

Land cover category

Land cover category in SWAT

Definition Symbol
Temperate or sub-polar needleleaf forest; Forest-Mixed FRST
Sub-polar taiga needleleaf forest; Mixed
forest
Tropical or sub-tropical broadleaf Forest-Evergreen FRSE
evergreen forest
Tropical or sub-tropical broadleaf Forest-Deciduous FRSD
deciduous forest;
Temperate or sub-polar broadleaf
deciduous forest
Tropical or sub-tropical shrubland; Range-Brush, Shrubland RNGB
Temperate or sub-polar shrubland; Sub-
polar or polar shrubland-lichen-moss
Tropical or sub-tropical grassland,; Range-Grasses, Herbaceous RNGE
Temperate or sub-polar grassland; Sub-
polar or polar grassland-lichen-moss
Sub-polar or polar barren-lichen-moss; Southwestern US Range, Bare SWRN
Barren lands; Snow and Ice Rock
Wetland Wetlands-Mixed WETL
Cropland Agricultural Land-Generic AGRL
Urban Urban Medium Density URML
Water Water WATR
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Table A2.2. Main land cover proportion in five gauged basins (% of each basin area).

Land cover category Basin

Susitna Copper Alsek Taku Stikine
FRST 14.77 44.00 24.47 4457 45.33
FRSD 7.39 6.08 2.10 1.48 1.63
RNGB 38.70 37.67 13.03 13.00 16.00
RNGE 0.18 0.78 7.63 4.63 4.91
SWRN 28.82 0 49.15 34.42 30.27
WETL 8.25 6.98 0.06 0.03 0.01
AGRL 0.02 0.01 0 0 0
URML 0.12 0.20 0.07 0 0.03
WATR 1.76 4.28 3.50 1.87 1.82
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Table A2.3. The observational streamflow data used for model calibration and validation.

Basin Gauging station Location Period
Longitude  Latitude  Altitude
(amsl™)
Susitna  SUSITNA STATION AK ~ -150.51 61.54 12.19 1982-1992

Copper NEAR CHITINA, ALAS —144.46 61.47 121.92 1982-1990.9

Alsek NEAR YAKUTAT -138.10 59.39 76.20 1991.7-2012.11
Taku NEAR JUNEAU, AK -133.70 58.54 15.24 1987.8-2008
Stikine NEAR WRANGELL -132.13 56.71 7.62 1982-2005

* Above mean sea level

Table A2.4. A summary of the Mann-Kendall test (MK Zs) and the Sen’s slope (SS)
estimator results for the monthly discharge in the five basins and the ungauged basins.

The values presented in bold indicate significant trends (p < 0.05, |Zs| >1.96).

Test Jan Feb Mar Apr May Jun Jul Aug Sep Oct Nov Dec
Five basins
MKZs 275 120 095 -1.13 -1.11 0.12 051 313 264 143 289 154
SS(m3/s) 9.58 346 245 -12.29-4531 577 9.84 4892 4331 14.72 21.75 9.31
Ungauged basins
MKZs 100 035 -0.10 -122 -2.17 095 190 237 183 174 140 0.0
SS (m3/s) 10.87 3.56 -0.80 -27.33-72.80 23.28 45.10 59.58 37.35 20.38 15.12 1.18
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Table A2.5. A summary of the Mann-Kendall test (MK Zs) and the Sen’s slope (SS)

estimator results for the average monthly discharge in the five individual basins. The

values presented in bold indicate significant trends (p < 0.05, |Zs| >1.96).

Test Jan Feb Mar Apr May Jun Jul Aug Sep Oct Nov Dec
Susitna basin

MKZs 403 336 309 091 058 212 392 426 405 430 446 3.94

SS(m3/s) 278 1.25 0.67 2.62 532 22.82 17.77 23.97 22.30 15.68 11.84 5.82
Copper basin

MK Zs 015 -1.27 -1.38 -2.39 -1.48 -0.69 -1.07 197 145 028 1.68 -0.26

SS(m3/s) 0.16 -1.05 —0.79 -5.93 —12.47 -9.26 -7.39 10.97 896 1.88 3.33 -0.44
Alsek basin

MK Zs -024 -1.22 -224 -268 0.9 075 035 233 078 015 045 -0.73

SS (m3/s) -0.13 -0.64 —0.77 —2.74 161 510 172 919 368 026 072 -0.83
Taku basin

MKZs 069 -1.12 -2.19 -3.31 -1.34 -0.09 2.08 349 248 -0.30 -0.40 -0.43

SS(m3/s) _0.24 —0.35 —046 -2.33 -394 028 273 421 291 -0.39 —0.23 -0.13
Stikine basin

MKZs 320 192 194 008 -257 -1.72 -091 042 172 084 199 1.79

SS(m3/s) 546 277 242 0.27 -34.80 —23.60 —7.52 278 939 356 597 347
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Chapter 3 Effect of freshwater discharge at the Northeast Pacific on the

subtropical and equatorial ventilated thermocline

3.1 Introduction

The thermocline is an oceanic layer characterized by the strongest stratification,
where temperature changes sharply with depth compared to the surrounding layers
(Fiedler, 2010; Vallis, 2003). Its strength affects buoyancy, circulation, heat budgets and
exchange of properties. Particularly, fluctuations in the equatorial thermocline play a
pivotal role in climate variability, such as El Nifio events which corresponds to a
temporary warming of the surface waters of the eastern equatorial Pacific Ocean (Fedorov

et al., 2004; Xu et al., 2017).

The thermal structure of the tropics and subtropics is influenced by wind-driven
circulation in the upper ocean (Nonaka et al., 2006). In the subtropics, which is referred
to as a ““subduction” regions, wind forces surface water downward whereafter it moves
along isopycnal surfaces toward the equator and upwells to gain heat. While wind forcing
1s the primary driver for the thermocline dynamics, other factors, such as the thermohaline
processes due to temperature and salinity variations, may also provide crucial influence.
Huang et al. (2000) identifies that surface cooling in the extratropics can induce warming
of the equatorial thermocline. Furthermore, Fedorov et al. (2004) found that freshening
of surface waters at high latitudes within subtropical gyres can inhibit the sinking of cold
water, causing the cold tongue in the eastern equatorial Pacific to shrink and gain less
heat. Notably, the equatorial thermocline tends to deepen as low-salinity water increases
in higher latitude in the subtropical gyre. Under sufficiently strong low-salinity water
forcing, the cold tongue disappears, preventing heat absorption and resulting in warm
conditions across the tropics, such as the El Nifio-like climate. These findings highlight

the significant role of temperature and salinity variations in the subtropical gyres in
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shaping the equatorial thermocline. In addition to subtropical influences, subpolar region
is suggested to connects the subtropical and equatorial regions via the wind-driven
vertical circulation (Lu et al., 1998). Under global warming conditions, high-latitude
freshening in subpolar regions has been shown to shoal the mixed layer depth, weaken
vertical mixing, and trap CO:-induced warming near the surface ocean (Zhang et al.,
2012). Despite these insights, previous studies have primarily focused on the dynamical
connections between subtropical gyres and the equatorial thermocline. The potential
effects of freshwater fluxes (especially the freshwater discharge from surrounding
continents) of the subpolar gyre on the equatorial thermocline remain largely unexplored.
The investigation of how subpolar freshwater dynamics influence downstream ocean
processes, including thermocline structure, is crucial for the understanding of the tropical

climate variability.

The subpolar gyre in the northern hemisphere, located north of approximately 40°N,
is characterized by cyclonic sea-surface circulation. In addition, coastal currents along
the continental boundaries play a critical role in transporting freshwater discharge (FWD)
from surrounding continents. Freshwater inputs from the Amur River, Kamchatka
Peninsula, and the coastal regions of the Gulf of Alaska have been shown to significantly
influence sea surface salinity (SSS) along the continental boundaries in the subpolar gyre.
For example, a significant negative correlation is found between the salinity in the
northwestern Sea of Okhotsk and the interannual variation of river discharge from the
Kamchatka Peninsula (Shi et al., 2021). This indicates that continental FWD can be
transported along with the coastal boundary currents, and influence SSS downstream.
Additionally, the interannual variations of discharge from the Alaska mountainous
catchment was found to have a negative correlation with the SSS anomalies of the

Alaskan Stream with the former leading the later by 2 or 3 months (see Chapter 2; also
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Xin et al., 2024). These studies highlight a critical role of subpolar boundary currents in

redistributing freshwater and the effects of freshwater on modifying SSS.

In addition to contemporary FWD from rivers and drainage basins such as above,
historical large-scale events such as ice sheet collapses have introduced massive amounts
of freshwater into the ocean. One notable example is the collapse of the Cordilleran Ice
Sheet (CIS) into the northeast Pacific. The CIS has the largest coverage during the Last
Glacial Maximum (approximately 20 thousands years ago), with an average thickness of
about 2 km (Walczak et al., 2020). During the end of the last glacial period, nearly half
of the CIS mass is estimated to have collapsed within 500 years, as shown by Menounos
et al. (2017). This event contributed approximately 3 meters to global sea-level rise. Such
a massive FWD may influence salinity, stratification, and vertical circulation in the

subpolar gyre, with downstream impacts on the subtropical and equatorial regions.

Therefore, the study in this chapter aims to investigate the effects of freshwater from
different sources, especially those from the continental boundaries surrounding of the
subpolar gyre, on the subtropical and equatorial thermocline and the related dynamics.
Specifically, (i) freshwater input driven by evaporation minus precipitation across the
Pacific Ocean, (ii) the present-day FWD from the continental boundaries surrounding of
the subpolar gyre, (iii) the massive FWD caused by the CIS collapse into the northeastern
subpolar gyre. Chapter 3 is organized as follows. Section 3.2 briefly describes the used
data and experimental setup. Section 3.3 presents the results, focusing on the important
characteristics of temperature, salinity, and density in various experiments. In section 3.4,
the possible dynamics of how freshwater from the subpolar gyre influences the equatorial

thermocline are discussed. Finally, the conclusions are given in section 3.5.
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3.2 Data and methods

Experiments in this study are primarily separated into two parts; one is the control
experiment with thermal forcing only, and the other is the freshwater discharge (FWD)
experiment. These experiments are completed by using the MIT general circulation model
(MITgcm), which is designed for studies of ocean circulation (Marshall et al., 1997). An
idealized model is configured to capture the features of wind-driven circulation that is
sensitive to SSS variations. The model domain represents a rectangular ocean basin that
approximates the Pacific Ocean, spanning latitude from 60°S to 60°N and longitude from
120°E to 280°E; henceforth, this rectangular basin is called “the Pacific Ocean”. The
horizontal resolution is set at 0.5°, with 49 vertical layers in the vertical direction to a
depth of 4000 m. The wind curl stress across the ocean basin is average zonal wind (Fig.
3.1). Negative values indicate trade winds, while positive values mean westerlies. The
initial temperature is set to 3°C for all grids. Then, the sea surface temperature (SST) is
forced by the temperature that follows a latitudinal distribution as shown in Fig. 3.2, with
a high temperature of 27.5°C in low latitudes and a low temperature of 5°C in the
boundaries of high latitudes, adapting a relaxion period of 30 days. Similarly, the initial
salinity is set to 34 PSU throughout the domain. Then, the SSS is forced by freshwater
fluxes by the evaporation minus precipitation (E—P), as well as riverine discharges, as
described in the next paragraph. In order to achieve a steady-state upper ocean circulation,
the model is integrated over a 200-year period. These configurations are consistent across

all experiments.
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Fig. 3.1 Zonal wind across the ocean domain.
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Fig. 3.2 Imposed SST.

Experiments were conducted with various freshwater fluxes. Firstly, the control
experiment is conducted without freshwater input, so that the SSS remains constant.
Secondly, regarding freshwater experiments, several conditions are considered in this
study. Experiment I is designed by using the freshwater input represented by E—P (Fig.
3.3), which is obtained from the ERA-Interim reanalysis dataset
(https://www.ecmwf.int/en/forecasts/dataset/ecmwf-reanalysis-interim/). The zonally
averaged E—P within the rectangular ocean domain was calculated and is presented in Fig.

3.4. In low latitudes except for the region of intertropical convergence zone (ITCZ),
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evaporation exceeds precipitation, whereas precipitation dominates in high latitudes.
Experiment II builds upon the experiment I by adding a boundary freshwater discharge
along the northern boundary of the subpolar gyre (Fig. 3.5), from the latitude of 45°N to
60°N and longitude of 120°E to 280°E. The boundary freshwater discharge is mimicked
by precipitation along the coast. The width of the boundary freshwater input is 1°. The
boundary area which could be covered by the freshwater is estimated to be approximately
10° km?. The boundary freshwater discharge from the northern surrounding continents
including discharge from the Amur river (370 km?/yr; Fujisaki et al., 2014), discharge
from the Kamchatka Peninsula (278 km?/yr; Shi et al., 2021), and the discharge form
Alaskan mountainous catchment (480 km?*/yr; Xin et al., 2024). Thus, the estimated
freshwater input along the northern boundary in this study is —2 m/yr as the discharge
volume is translated into precipitation.

Mean E-P_ ERA Interim (1979-2017)
0° 60°E 120°E 180° 120°W 60°W n/yr

0° 60°E 120°E 180° 120°W 60°W

Fig. 3.3 Zonally averaged E-P form ERA-Interim dataset.

The color shade shows the value of zonally averaged E—P. The blue box shows the

rectangular ocean domain.
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Fig. 3.4 Latitudinal distribution of E—P across the rectangular ocean domain.
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Fig. 3.5 Freshwater forcing in experiment II.

The color shade shows the latitudinal distribution of freshwater forcing, calculated as
E—P combined with the FWD across the northern boundary of the rectangular ocean
domain (=2 m/yr).
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Additionally, extreme freshwater experiments, referred to as experiment III, are
conducted based on experiment II by introducing a large amount of FWD from the ice
sheet collapse (for example, Fig. 3.6 with a total of =60 m/yr at the northeastern boundary
of the Pacific). As mentioned in the introduction section, this significant FWD can be
provided by the collapse of the Cordilleran Ice Sheet (CIS) during the Last Glacial Period.
The CIS reached its maximum extent during the Last Glacial Maximum, covering
approximately 2.5 million km? with an average elevation of around 2 km (Walczak et al.,
2020). Nearly half of the CIS mass is estimated to lose to the northeast Pacific within 500
years (Menounos et al., 2017). In this study, the freshwater discharge resulting from the
CIS collapse is assumed to cover the northeastern corner of the basin (45°N to 60°N,
210°E to 280°E), with an area approximately 43,400 km?. Finally, given the potential
volume of the CIS and its estimated discharge area at the northeast Pacific, the freshwater
discharge is calculated under several scenarios of collapse duration: 100, 120, 200, 500,
and 2880 years. Correspondingly, the estimated freshwater discharge rates are

approximately 60, 50, 30, 10, and 4 m/yr, respectively.
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Fig. 3.6 Freshwater forcing in experiment III.

The color shade shows the latitudinal distribution of freshwater forcing, calculated as E—P
combined with FWD from the northern subpolar boundary and CIS collapse, with a total
of =60 m/yr at the northeastern corner.
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3.3 Results
3.3.1 Control experiment

The SST from the control experiment without freshwater input is shown in Fig. 3.7.
It can be observed that the SST exhibits a clear latitudinal distribution, with lower
temperatures in the high-latitude regions of the subpolar gyre, and higher temperatures in
the low-latitude regions. Especially, it can be noticed that SST is high in the western
subtropical gyre, because of the presence of a northward flow of warm water from the
equator to the northern subtropical gyre. This warm current is cooled as it moves eastward
along the northern boundary of subtropical gyre by surface cooling due to the imposed
SST, as well as mixing with surface cold and fresh water transported from the subpolar
gyre through the Ekman transport. As the warm water cools, it subducts into the
subsurface in the subtropical gyre (Fig. 3.8), contributing to the thermocline circulation.
The cooled subducted water then travels equatorward and upwells in the equatorial region,
especially leading to a region of low SST extending from the eastern equatorial Pacific
Ocean, referred to as the “cold tongue”. This cold tongue plays a critical role in the heat
budget, as it is a region of significant heat gain. Additionally, at depths of 100—300 m, the
temperature of the subsurface water displays a sharp vertical gradient (Fig. 3.8 and 3.9),
indicating the presence of the ventilated thermocline. The equatorial thermocline exhibits
a west-to-east slope, which is deeper in the western equatorial Pacific and gradually
becoming shallower toward the eastern region (Fig. 3.9). This shallowing is associated
with the upwelling of cold subsurface water to the surface in the eastern equatorial Pacific,
leading to the formation of the cold tongue. The slope of the thermocline therefore has a
significant influence on ocean-atmosphere interactions and climate variability both on

regional and global scales.
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Fig. 3.7 SST and sea surface height for control experiment.

The color shade shows the SST and the contour lines represent the sea surface height.
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Fig. 3.8 Thermal structure along the 240°E meridional section for control
experiment.

The color shade and contour lines show the potential temperature.
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Fig. 3.9 Thermal structure along the equatorial plane for control experiment.

The color shade and contour lines show the potential temperature.

The sea surface density is determined by SST, since the salinity is uniform across the
study domain in the control experiment without freshwater input. Higher density is
observed in the high-latitude regions of the subpolar gyre, while densities decrease toward
the equator as latitude decreases (Fig. 3.10). Notably, the density in the western
subtropical gyre is lower than that of other regions of the subtropical gyre, corresponding
to the northward warm water advection. In contrast, the northern limb of the subtropical
gyre features a sharp sea surface density gradient, indicating a front between the warm
subtropical water and the cold surface water originating from the subpolar gyre. In
addition, it is also observed that the density in equatorial region is higher than that of

surrounding waters, due to the upwelling of cold water in the cold tongue region.
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Fig. 3.10 Sea surface density and sea surface height for control experiment.

The color shade shows the sea surface density and the contour lines represent the sea
surface height.

Since seawater moves along isopycnal surfaces, it is essential to examine the flow on
these surfaces to understand the three-dimensional structure of ocean circulation.
Therefore, the depth distribution and flow field on the isopycnal surface with a density of
24.5 kg/m®, with which seawater upwells at the equator, were examined (Fig. 3.11). It is
found that surface seawater, sinking from subtropical gyre outcrops (areas where the
isopycnal surfaces intersect the sea surface), is transported along the isopycnal surface by
geostrophic flow. Subsequently, this seawater is carried to the subsurface in the western
equatorial region, it is then transported eastward by the equatorial undercurrent and
eventually upwells to the surface. These findings reproduce the circulation along
isopycnal surfaces that connect the subtropical gyre to the equator in the Pacific Ocean

under the control experiment.
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Fig. 3.11 Velocity field and depth distribution along the isopycnal surface (o9 = 24.5).

The color shade represents the depth along the isopycnal surface. White part in high-
latitude regions indicates isopycnal surface outcrops at the ocean surface. The arrows

show the velocity field on this isopycnal surface.

3.3.2 Freshwater experiments

To investigate the effects of freshwater on the subtropical and equatorial ventilated
thermocline, the model is run with various freshwater input scenarios. The findings are
detailed in the following sections. Specifically, the results of experiment I, which applies
the E-P forcing obtained from the ERA-Interim dataset, are shown in section 3.3.2.1.
Section 3.3.2.2 presents the findings from experiment II, which builds upon experiment I
by including boundary FWD in the northern subpolar gyre. Additionally, the results
related to the experiment III, which is built upon experiment II and FWD from the CIS
collapse, are shown in section 3.3.2.3. Finally, variations in the SST gradient and the

equatorial thermocline depth are presented in section 3.3.3.
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3.3.2.1 Experiment I forced by ERA-Interim E—P data

The SSS across the model domain exhibits significant spatial variations, showing a
latitudinal distribution due to the impact of E—P dataset obtained from ERA-Interim. As
shown in Fig. 3.12, SSS is lower in the subpolar gyre and the regions of the ITCZ due to
significant precipitation, while higher in the subtropical gyre of both hemispheres because
of evaporation. Additionally, compared to the control experiment, SSS increases in the
subtropical gyre of southern hemisphere, primarily driven by a high E—P value, while the
subtropical gyre in the northern hemisphere experiences a decrease in SSS. Notably, in
the northern hemisphere, high-SSS water in the subtropical gyre flows northward along
the western boundary, then turns eastward in the northern edge of the subtropical gyre.
Whereas low-SSS water flows along the western and southern boundary of the subpolar
gyre and freshens the surface water of the northern subtropical gyre by Ekman transport.
These findings indicate that low-SSS water caused by high precipitation in the subpolar
gyre can significantly influence the SSS in the subtropical gyre. Additionally, low-SSS
water from the ITCZ regions appears to affect the western boundary of the subtropical

gyre in the North Pacific (Fig. 3.12 and Fig. 3.13).
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Fig. 3.12 SSS and sea surface height for experiment I.

The color shade shows the SSS and the contour lines represent the sea surface height.
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Fig. 3.13 Salinity structure along the 125°E meridional section for experiment I.

The color shade and contour lines show the salinity.
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Sea surface density changes are closely associated with variations in SSS. Compared
to the control experiment, experiment I shows a significant reduction in density within
the subpolar gyres and ITCZ regions, where substantial precipitation decreases SSS (Fig.
3.14). High-density surface water dominates the subpolar gyres in both hemispheres,
while lower latitudes are characterized by low-density surface water. Notably, the internal
regions of the subtropical gyres exhibit increasing density due to high evaporation,
forming sharp gradients around 25°N in both hemispheres. However, the eastern
subtropical gyre exhibits a reduced density, corresponding to the lower SSS in this region.
In the eastern equatorial region, consistent with the control experiment, the upwelling of

cold water results in higher sea surface density compared to the surrounding waters.
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Fig. 3.14 Sea surface density and sea surface height for experiment I.

The color shade shows the sea surface density and the contour lines represent the sea
surface height.

65



Thermal structure anomaly along the equatorial plane (Fig. 3.15) shows the
differences between experiment I and the control experiment. Under the influence of E—P
forcing in experiment I, the equatorial water temperature, particularly at depths of 200—
400 m, increases significantly. Temperature anomalies of approximately 2°C are observed
in the western equatorial region, while anomalies of around 1°C occur in the eastern part.
These findings suggest that the redistribution of SSS, driven by significant precipitation
in the subpolar gyres and the tropics as well as intensified evaporation in the subtropical

gyres, impacts the equatorial thermocline structure.
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Fig. 3.15 Thermal structure anomaly along the equatorial plane between the
experiment I and control experiment.

The color shade and contour lines show the difference of the potential temperature
between experiment [ and control experiment.
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3.3.2.2 Experiment II forced by ERA plus the boundary FWD

To investigate the effects of FWD from the continents surrounding the subpolar gyre
on the ocean characteristics in the Pacific, I diagnosed variations in SSS, sea surface
density, and thermal structure for experiment II. As shown in Fig. 3.16, the SSS in the
subpolar gyre is significantly reduced compared to experiment I. The extent of low-SSS
water in the eastern subtropical gyre increases in experiment II. Notably, low-SSS surface
water is found to be tightly trapped along the continental boundaries of the subpolar gyre,
flowing southward along the western boundary and turning eastward along the southern
boundary of the subpolar gyre. This boundary current with much lower salinity than in
experiment I, leads to reduced SSS in the northern boundary of subtropical gyre through
Ekman transport. These findings indicate that FWD from the subpolar gyre boundaries

significantly influences the SSS distribution in the subtropical gyre of the North Pacific.

In experiment II, high-density surface water continues to dominate the subpolar gyre,
while lower-density water is observed at lower latitudes, except for the cold tongue in the
eastern equatorial Pacific (Fig. 3.17). Notably, in the North Pacific, the continental
boundary of the subpolar gyre exhibits lower density compared to experiment I, which
corresponds to the presence of trapped low-salinity boundary currents along the
continental boundaries. Furthermore, although the sharp density gradient around 25°N

persists, the overall density in the subtropical gyre is reduced.
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Fig. 3.16 SSS and sea surface height for experiment II.

The color shade shows the SSS and the contour lines represent the sea surface height.
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Fig. 3.17 Sea surface density and sea surface height for experiment II.

The color shade shows the sea surface density and the contour lines represent the sea
surface height.
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The thermal structure anomaly along the equatorial plane highlights the differences
between experiment II and experiment I (Fig. 3.18). A slight cooling is observed in the
upper ocean (approximately 120 m) of the western equatorial Pacific, while the
temperature of subsurface water in the western equatorial region, particularly at depths of
200-600 m, increases by approximately 0.1°C. This warmed subsurface water contributes
to temperature increases in the eastern equatorial region through the equatorial
undercurrent and upwelling processes. These findings suggest that FWD at the northern
boundary of the subpolar gyre influences the thermal structure along the equatorial plane,

with distinct effects on upper and subsurface water layers.
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Fig. 3.18 Thermal structure anomaly along the equatorial plane between the
experiment II and experiment I.

The color shade and contour lines show the difference of the potential temperature
between experiment II and experiment I.
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3.3.2.3 Experiment III with extreme FWD

By applying various scenarios of FWD from the CIS collapse, including 4, 10, 30,
50, and 60 m/yr, I explored the effects of the significant FWD from the northeast Pacific
on the equatorial ventilated thermocline. To clearly present the findings, results from the
experiment III, which is forced by the highest FWD of 60 m/yr, are highlighted among

these scenarios.

Under the extreme FWD condition, SSS is significantly reduced in both the northern
and southern hemispheres (Fig. 3.19). Notably, SSS decreases not only along the
boundaries of the subpolar gyre but also within its open ocean areas. The northern part of
the subtropical gyre experiences significant freshening due to the transport of low-salinity
water from the subpolar gyre via Ekman transport. A crucial difference compared to
experiments III and I is observed in the northwestern subtropical gyre (approximately
40°N, 120—180°E), where the Kuroshio Extension-like current is located. This region
becomes dominated by freshwater transported from the subpolar gyre. In contrast,
relatively high-salinity water remains confined to regions near 25°N. Therefore, the
substantial FWD from the CIS collapse into the northeast Pacific leads to a significant

redistribution of SSS in the North Pacific.
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Fig. 3.19 SSS and sea surface height for experiment III.

The color shade shows the SSS and the contour lines represent the sea surface height.

In experiment 11, sea surface density is significantly reduced across both the North
and South Pacific (Fig. 3.20). Particularly, in the North Pacific, low-density surface water
is prominently trapped within the boundary currents of the subpolar gyre, which
corresponds to the distribution of SSS. It is important to highlight that the western regions
of the boundary between the subpolar and subtropical gyres (approximately 35—50°N,
120—180°E) exhibit significantly lower density compared to their surroundings.
Additionally, a larger portion of the eastern subtropical gyre, compared to experiment II
and I, is dominated by low-density water. Furthermore, the SST gradient between western
and eastern Pacific is reduced (can be seen later in Fig. 3.24), suggesting that such
extreme FWD condition potentially impacts the equatorial thermal structure. Regarding
the meridional section of density along the 240°E, low-density water is found not only in
the northern subpolar gyre but also extends into the subtropical gyre in the northern

hemisphere (Fig. 3.21). The thick layer of high-density surface water in the northern
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subtropical gyre subducts at the regions of approximately 25°N and is transported along

the isopycnal surface toward the equator, resulting in a sharp density gradient at the

equator.
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Fig. 3.20 Sea surface density and sea surface height for experiment III.

The color shade shows the sea surface density and the contour lines represent the sea
surface height.
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Fig. 3.21 Density along the 240°E meridional section for experiment III.

The color shade and contour lines show the potential density.

The thermal structure anomaly along the equatorial plane (Fig. 3.22) highlights more
pronounced differences between experiment III and experiment I compared to those
between experiment I and I. A decrease in temperature is observed in the upper layers (a
depth of 150 m and above) of the western equatorial Pacific, and it extends eastward.
However, the temperature of subsurface water in the western equatorial region,
particularly at the depth of 200—600 m, shows an increase of more than 0.5°C, which is
greater than that in the comparison between the experiment II and I. This subsurface
warming extends eastward and upwells in the eastern equatorial region, contributing to
the warming of both the upper and subsurface layers of the eastern equatorial Pacific. As
aresult, the cold tongue is significantly influenced. These findings suggest that substantial
FWD caused by the CIS collapse in the northeastern subpolar gyre can provide complex

effects on the thermal structure at the equator.
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The thermal structure anomaly along the meridional section at 240°E was also
analyzed by comparing the Experiment III with Experiment I, as shown in Fig. 3.23. In
the North Pacific, subsurface temperatures at depths of 200400 m increase by more than
1°C in the northern region of the subtropical gyre and equatorial region, while
temperatures in the subtropical gyre decrease. Notably, the temperature in low-latitude
areas of the South Pacific exhibits a significant increase, which appears to contribute to

the warming observed in the equatorial region.
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Fig. 3.22 Thermal structure anomaly along the equatorial plane between the
experiment III and experiment I.

The color shade and contour lines show the difference of the potential temperature
between experiment III and experiment I.
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Fig. 3.23 Thermal structure anomaly along the 240°E meridional section between
the experiment III and experiment I.

The color shade and contour lines show the difference of the potential temperature
between experiment I1I and experiment I.

3.3.3 Variations in SST gradient and equatorial thermocline depth

The mean east-west SST gradient along the equator plays a significant role in shaping
tropical and global climate conditions, such as the phenomena like the El Nifio-Southern
Oscillation. The SST gradient is defined as the difference in SST anomalies between the
equatorial eastern Pacific Ocean (5°S—5°N, 180°-80°W) and the equatorial western
Pacific Ocean (5°S—5°N, 110°E—180°) (Watanabe et al., 2021). I calculated the mean SST
specifically within the region of 5°S—5°N and 120°E-180°, which corresponds to the
equatorial western Pacific of the model domain in this study. Notably, the SST gradient

along the equator weakens as the FWD increases (Fig. 3.24). This finding suggests that
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increasing FWD can contribute to a reduction in the east-west SST gradient, which, in

turn, can influence large-scale atmospheric and oceanic circulation patterns.
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Fig. 3.24 Changes in the equatorial east—west surface temperature gradient.

The experiments of a, b, c, d is forced by 4, 10, 30, 50 m/yr FWD from the CIS collapse.
The related results and discussion of Control experiment (Ctl exp) and experiment I, II,
1T (Exp I, Exp II, and Exp III) are highlighted in this study.

The depth of 20° isotherm is commonly used as the mean depth of thermocline (MDT)
in the equatorial Pacific (Chepurin et al., 2005; Kessler, 1990; Yang and Wang, 2009), as
it lies near the center of the main thermocline. In this study, the MDT is calculated by
averaging the depth of the 20°C isotherm along the equator. The MDT is found to deepen
as FWD increases (Fig. 3.25), which is consistent with findings from previous study
(Fedorov et al., 2004). According to Fedorov et al. (2004), increasing low-salinity water
1s symmetrically restored to SSS in the high-latitude subtropical gyres of both
hemispheres, which leads to a deepening of the equatorial thermocline. Building on this

finding, my study advances the understanding of FWD dynamics by introducing an
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asymmetric treatment of freshwater input without restoring SSS. This treatment, which
accounts for evaporation, precipitation, and FWD from surrounding continents, better
represents real-world conditions and highlights previously unrecognized hemispheric
differences in equatorial thermocline responses. Specifically, as I discussed in the next
section, the present study reveals that water transported form the North Pacific likely
contributes to the cooling in the upper layers of the equatorial region, while water from
the South Pacific plays a significant role in warming the equatorial region subsurface
water. These results not only align with existing theories but also provide new insights
into the hemispheric contributions to equatorial thermocline dynamics under varying

freshwater input conditions.
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Fig. 3.25 Same as Fig.3.24 but for the changes in the mean depth of the equatorial
thermocline as the FWD increases.
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3.4 Discussion
3.4.1 Variations in the characteristics along specific isopycnals

Based on the results presented above, water with a gy of 24.5 kg/m? is found to lies
within the thermocline and upwells in the eastern equatorial Pacific. The isopycnal surface
of oy = 24.5 was therefore selected for the control experiment to highlight its various
characteristics. The depth distribution of this isopycnal surface varies spatially, which is
deep within the subtropical gyres of both hemispheres while shallow in their eastern part,
high-latitude boundaries, and the equatorial region (Fig. 3.26). The mixed layer depth is
calculated as the depth where the potential density exceeds the surface density by an
amount equivalent to cooling the surface water by 0.8 °C (Ap = hyixcriteria X Xsurface
with hysivcriteria= 0.8; Kara et al., 2000). The isopycnal surface is located within the
mixed layer in the northwestern subtropical gyre, suggesting that warm surface water
from the western boundary of the subtropical gyre is cooled by the imposed SST as well
as by mixing with cold water from the subpolar gyre. This cooling causes the water to
subduct into deeper layers and flow on the isopycnal surface, guided by the Montgomery
potential (which represents the geostrophic stream function on a density surface).
Furthermore, since water primarily flows along isopycnal surfaces, the temperature
profile along 240°E on Z-levels (Fig. 3.8) is transformed to an isopycnal representation
(Fig. 3.27). In the absence of freshwater forcing, isopycnal depths are predominantly

governed by temperature, which remains constant along these levels.
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Fig. 3.26 Depth and Montgomery potential distribution along the isopycnal surface
(09 = 24.5) and the mixed layer distribution for control experiment.

The color shade shows the depth. Black contour lines represent the Montgomery potential.

Bold brown contour lines represent the depth of mixed layer at 50, 100, 150, 200, 250,
and 300 m.
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Fig. 3.27 Thermal structure along the 240°E meridional section on isopycnal-levels
for control experiment.

The color shade shows the potential temperature for control experiment.

Compared to the control experiment, the South Pacific exhibits a significant intrusion
of warm water from the sea surface in the subtropical gyre to the subsurface in the
equatorial region along isopycnal surfaces (Fig. 3.28). This process is suggested to be the
primary driver of equatorial warming, as shown in Fig. 3.15 of the section 3.3.2.1. In
Experiment I, intense evaporation at the sea surface of the South Pacific subtropical gyre
increases salinity in this region. As a result, warmer, high-salinity water is transported
along the isopycnal surfaces from the South Pacific to the equatorial region. However,
water is found to be cooled in the North Pacific, primarily due to the magnitude of E-P
(Fig. 3.28). High precipitation across the North Pacific, except in parts of the subtropical
gyre, leads to low-salinity water. Subsequently, cold water is transported equatorward

from high latitudes along isopycnal surfaces.
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Fig. 3.28 Thermal structure anomaly along the 240°E meridional section on
isopycnal-levels between the experiment I and control experiment.

The color shade shows the difference of the potential temperature between the experiment

I and control experiment.

Since the cooling and warming effects in Experiment III (Fig. 3.18) are more
pronounced than those in Experiment II (Fig. 3.22) in the section 3.3.2.2 and 3.3.2.3, I
primarily discuss the possible dynamic mechanisms based on the findings from
Experiment III. Under the extreme freshwater input scenario in experiment III, the overall
isopycnal surface (og = 24.5) deepens compared to experiment I, indicating a notable
deepening of the equatorial thermocline (Fig. 3.29a, c). Especially, the depth of this
isopycnal surface exceeds 200 m across the subtropical gyres and the equatorial region.
In the northern subtropical gyre of the North Pacific, isopycnal surface lies in the mixed
layer in experiment I. As a result, warm water from the western boundary is able to be
cooled due to the imposed SST in this region. The cooled water may subsequently

influence the surrounding regions via advection as well as lateral mixing on the isopycnal

81



surface (Fig. 3.29b). While in Experiment III, the isopycnal surface remains below the
mixed layer, suggesting that the imposed SST cooling influence is largely suppressed by
the isolation effect of the fresh surface water. This mechanism has been discussed by
Fedorov et al. (2004). However, the mechanism driving the thermal structure anomaly in
experiment III, compared to the case without continental freshwater input (experiment I),
differs from that identified in previous studies. In this study, despite the absence of surface
heat loss, water originating from the western boundary undergoes significant cooling due
to the intrusion of cold water from the subpolar gyre (Fig. 3.29d). As a result, the
isopycnal surface in the subpolar and subtropical gyres exhibits substantially lower
temperatures than in experiment I (Fig. 3.29b, d). This cooled water is then transported
equatorward along the geostrophic flow, contributing to cooling in the equatorial region,
particularly in the upper layers of the western equatorial Pacific (Fig. 3.30). Subsequently,
the cold water is advected eastward by the equatorial undercurrent, leading to the
observed cooling in the upper layers of the equatorial Pacific, as shown above in Fig. 3.22.
This cold water transport from the subpolar gyre to the subtropical gyre in the North
Pacific is primarily attributed to the advection of substantial low-salinity water from the

subpolar gyre, driven by the CIS collapse (Fig. 3.31).

Furthermore, in contrast to Experiment I, Experiment III shows that high-
temperature water in the subtropical gyre of the South Pacific significantly warms the
subsurface layers of the equatorial region (Fig. 3.29b, d; Fig. 3.30). This warmed water is
then transported eastward, affecting both the upper and subsurface thermal structure of
the eastern equatorial Pacific. To investigate the thermal structure along isopycnal
surfaces, the thermal structure anomaly along the 240°E meridional section between
Experiments III and I on Z-levels is transformed into an isopycnal representation (Fig.
3.32). Consistent with the findings on Z-levels, temperature increases in the South Pacific

contribute to warming in the equatorial region, while temperature decreases in the
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subtropical gyre of the North Pacific may induce cooling effects in the equatorial region.
The thermal structure anomaly between Experiments III and I can be attributed to two
key factors: temperature difference on isopycnal-levels and temperature difference by
deepening of isopycnal layers, as illustrated in two panels (Fig. 3.33). Due to the
advection of low-salinity water caused by the CIS collapse, cooled water is advected
along isopycnals in both hemispheres, with a particularly strong effect in the North Pacific,
where low-salinity water advection enhances this cooling process. Additionally, changes
in water volume appear to induce a deepening of isopycnal surfaces in both hemispheres,
which leads to an overall increase in temperature. These combined processes contribute
to the observed thermal anomalies in the equatorial region (Fig. 3.34). The South Pacific
primarily experiences a temperature increase, suggesting that isopycnal deepening is the
dominant factor driving this warming. This warm water then extends into the equatorial
region and slightly north of the equator, with largest increase in subsurface layers
approximately 300 m. In contrast, the subtropical gyre of the North Pacific undergoes
cooling, primarily driven by the advection of cold water along isopycnal surfaces. This
overall structure provides a framework for interpreting thermal structure anomaly

between Experiments III and I on Z-levels (Fig. 3.32a).

Thus, the extreme FWD resulting from the CIS collapse into the northeastern
boundary induces complex effects on the equatorial thermal structure. It leads to cooling
in the upper layers of the western equatorial Pacific, while warming in the whole

equatorial Pacific.
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Fig. 3.29 Depth, Montgomery potential, and temperature distribution along the

isopycnal surface (o9 = 24.5) and the mixed layer distribution for experiment I (a,

b) and III (c, d).

For experiment I, (a) The color shade shows the depth. Bold brown contour lines represent
the depth of mixed layer at 50, 100, 150, 200, 250, and 300 m. (b) The color shade shows
the temperature. For both figures, black contour lines represent the Montgomery potential.

(c, d) is same as (a, b), but for experiment III.
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Fig. 3.30 Thermal structure anomaly along meridional section of (a) 150°E, (b)
180°E, (¢) 220°E, and (d) 270°E, between the experiment III and 1.

The color shade and contour lines show the difference of the potential temperature

between experiment III and experiment I.
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Fig. 3.31 Salinity distribution and Montgomery potential along the isopycnal
surface (o9 = 24.5) for experiment I (a) and III (b).

The color shade shows the salinity. Black contour lines represent the Montgomery

potential.
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Fig. 3.32 Thermal structure anomaly along the 240°E meridional section between
the experiment III and I on Z-levels (a) and isopycnal-levels (b).

The color shade shows the difference of the potential temperature between the experiment
IIT and 1.
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Fig. 3.33 Thermal structure anomaly along the 240°E meridional section on
isopycnal-levels (a) and by isopycnals deepening (b).

The color shade shows the difference of the potential temperature between the experiment
IIT and 1.
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Fig. 3.34 Integration of the two components in Fig. 3.33.

The color shade shows the difference of the potential temperature between the experiment
IIT and I. The contour lines show the average depth of experiment III and I.
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3.4.2 Particle tracking for pathway diagnostics

Particle trajectories with depth provide insight into horizontal pathways and vertical
movement of water masses. As for the experiment I, the backward trajectory of a sampled
particle released in (38°N, 203°E), at the base of the mixed layer, indicates that low-
salinity water affected by high precipitation in ITCZ flows toward the northern
subtropical region (Fig. 3.35a). The forward trajectory of the sampled particle, which
departures from (38°N, 203°E) at the bottom of the mixed layer, indicates that the low-
salinity water is advected from northern subtropical gyre to the subtropical gyre and
equatorial region (Fig. 3.35b). This low-salinity water advection leads to cooled water
intrusion from northern subtropical gyre to the equatorial region (especially, at a depth
of approximately 100 m—150 m). Finally, it upwells at the eastern equatorial Pacific,

influencing the thermal structure of the equatorial region.

Furthermore, another particle is released in (25°N, 245°E), at the bottom of the mixed
layer, for experiment I (Fig. 3.36a, b). The backward and forward trajectories show
consistent results and underlying mechanisms with those in Fig. 3.35. However, the
particle trajectory in the experiment III indicates an important difference compared to that
of the experiment I, such that cold water can be directly transported from the subpolar
gyre to the subtropical gyre via Ekman transport (Fig. 3.36a, ¢), although the particle is
released at the same position (25°N, 245°E) as in experiment I. Subsequently, the cold
water significantly cools the upper layers (approximately 150 m) of the western equator

(Fig. 3.36d).
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Fig. 3.35 Backward (a) and forward (b) particle trajectories as well as mixed layer

distribution for experiment I.

The color represents the depth of the sampled water particle, which departures from (38°N,
203°E) at the bottom of the mixed layer. Light grey contour lines represent the depth of
mixed layer at 30, 50, 70, 90, 110, and 130 m.
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Fig. 3.36 Same as Fig. 3.35, but (a, b) is backward and forward trajectories for
experiment I and (c, d) is for experiment III.

The sampled particle is released in (25°N, 245°E), at the bottom of the mixed layer.

A forward particle tracking analysis for experiment III as shown in Fig. 3.37 indicates
that particles released from positions (38°N,125°E), (36°N,125°E), (34°N,125°E),
(38°N,127°E), (36°N,127°E), (34°N,127°E) at a depth of 125 m in the northwestern
subtropical gyre are consistently transported below the mixed layer by Kuroshio waters.
This is consistent with the finding of Fedorov et al. (2004), which suggest that warm
water is shielded from atmospheric cooling by a surface layer of low-salinity water,
thereby contributing to the warming of equatorial subsurface waters. Additionally, some

particles remain circulating in the subsurface layers of the subtropical gyre. However, as
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warm water flows from the northern subtropical gyre toward the equator along the
western boundary, it undergoes significant cooling while passing through the colder
northern and eastern regions, as discussed in section 3.4.1. This highlights the critical role
of water transported from the subpolar gyre of the North Pacific in cooling the thermal
structure of the western equatorial Pacific, a process that has not been revealed in previous

studies.
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Fig. 3.37 Forward particle trajectories in the North Pacific for the experiment III.

The color represents the depth of sampled water particles, which departure from
(38°N,125°E), (36°N,125°E), (34°N,125°E), (38°N,127°E), (36°N,127°E), (34°N,127°E)
at the depth of 125 m. Light grey contour lines represent the depth of mixed layer at 30,
50, 70, 90, 110, and 130 m.

The forward particle tracking analysis for Experiment III (Fig. 3.38) reveals that
particles released near the base of the mixed layer in the South Pacific subduct rapidly
into deeper layers. These particles are then transported along geostrophic flows toward
the equator, carrying warm water from the subtropical gyre. Some of this warm water

reaches the western equatorial Pacific, while a portion is directly transported to the eastern
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equatorial Pacific. Additionally, part of the water advected from the western equatorial
region eventually upwells in the east. This transport process leads to a temperature
increase in the subsurface layers of the equatorial Pacific, highlighting the significant role

of South Pacific subtropical water in warming the equatorial thermal structure.
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Fig. 3.38 Same as Fig. 3.37, but for sampled particles released at the South Pacific.

The sampled water particles departure from (25°S, 240°E), (25°S, 260°E), (31°S, 240°E),
and (30°S, 260°E) at the bottom of the mixed layer in Experiment III.

3.5 Conclusions

Using numerical experiments based on the MITgcm, this study investigates the
changes in temperature, salinity, and density distributions over various FWD scenarios,
offering insights into the mechanisms linking the freshwater input in the subpolar gyre to

equatorial thermocline dynamics.

e The control experiment without freshwater confirms that warm water in the
subtropical gyres is cooled and subducts into the subsurface. This cooled

water flowing along the isopycnal surface reaches the equator and upwells at
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the eastern equatorial Pacific. The upwelling of this cooled water contributes
to an east-west slope of thermocline and supports the formation of the cold
tongue, a critical feature for equatorial heat exchange and global climate
feedbacks.

The experiment I indicates that E—P significantly affects SSS and surface
density distributions. SSS of the subtropical gyre in the southern hemisphere
increases caused by positive E—P. This salinity increase affects subsurface
thermal structures through subduction, resulting in a warming at depths of
200—400 m in the equatorial Pacific. In contrast, in the northern hemisphere,
SSS of the subpolar gyre exhibits a significant decrease, resulting in cooling
effects in the subtropical gyre.

Incorporating boundary FWD along the northern subpolar gyre in experiment
Il intensified salinity anomalies and enhanced the southward transport of low-
salinity water. This leads to a more pronounced subsurface warming and
slight cooling of the upper layers in the equatorial Pacific.

Experiment III indicates that an extreme FWD scenario driven by the CIS
collapse into the northeast Pacific induces substantial changes in oceanic
dynamics across both hemispheres. In the North Pacific, the subpolar gyre
becomes dominated by low-salinity water, which is transported southward
into the subtropical gyre. Corresponding to the salinity redistribution, cold
water is significantly transported from the subpolar gyre to the subtropical
gyre along the isopycnal surfaces. These processes contribute to a cooling
effect in the upper layers of the western equatorial Pacific. However, the
South Pacific exhibits low salinity and high temperature in the subtropical
gyre, due to the deepening of isopycnal levels. This warm water is transported

equatorward, providing warming effects on the equatorial thermocline,
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mainly at depths below 200 m of the western equatorial Pacific and across

the shallower eastern equatorial region.

Under increasing FWD, the east-west SST gradient along the equator weakened,
associated with the deepening of the equatorial thermocline. This SST gradient and the
depth of equatorial thermocline are the critical drivers of equatorial Pacific climate
phenomena, such as the El Nifio. The findings suggest that enhanced FWD from high
latitudes can influence the thermal structure along the equator, potentially altering

regional and global atmospheric circulation patterns.
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Fig. A3.1 (a) Depth distribution and (b) temperature along the isopycnal surface (gg =
25.5; shaded) for experiment I, respectively. Black contour lines represent the
Montgomery potential. Bold dark grey contour lines represent the depth of mixed layer
at 50 and 125 m.
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Chapter 4 General conclusions

This study provides a comprehensive investigation into the freshwater discharge
from the Alaska region, termed Alaska discharge, in basin scales, and its cascading
impacts on oceanic processes. The research is divided into two parts: the first focuses on
accurately estimating the Alaska discharge and its effects on the Alaskan Stream, while
the second explores how freshwater discharge from the Alaska region into the subpolar
gyre affects the equatorial thermocline. In the second part, I also explore the effects of an
extreme FWD from the CIS collapse into the northeast Pacific on the subtropical and

equatorial thermocline.

As the schematic shows (Fig. 4.1), in the first part, the Alaska discharge for 1982—
2022 is estimated using the Soil and Water Assessment Tool (SWAT), with modifications
to account for melting processes. The results indicate an annual average discharge of
14,396 + 819 m*-s ™!, with meltwater contributing approximately 53%. The discharge
exhibits strong seasonal variation, peaking in June due to snow and ice melting, and
maintaining baseflow levels in winter. The interannual variation correlates significantly
with SSS anomalies in the Alaskan Stream, suggesting that Alaska discharge influences
salinity dynamics in this upstream component of the North Pacific salt pathway. The
decadal variations in Alaska discharge show a correlation with the NPGO index,
highlighting the role of atmospheric phenomena NPO in driving long-term discharge
variability. These findings demonstrate that freshwater discharge from Alaska is not only
a critical component of local hydrology but also significantly impacts SSS anomalies,
which may propagate downstream and influence ocean circulation in the North Pacific

sector.

The second part of this study uses numerical experiments with the MITgem to
explore the effects of freshwater discharge from the subpolar gyre on the equatorial

thermocline. The control experiment, without freshwater forcing, shows that warm water

95



in the subtropical gyres is cooled and subducted into the subsurface, flowing along
isopycnal surfaces toward the equator and upwelling in the eastern equatorial Pacific.
This process supports the east-west slope of the thermocline and the formation of the cold
tongue, which plays a critical role in equatorial heat exchange and climate feedbacks.
Under freshwater forcing scenarios, including those driven by E—P and boundary
freshwater discharge, significant changes in salinity and temperature are observed.
Freshening in the subpolar gyres intensifies salinity anomalies, which propagate
downstream to the subtropical gyre of the North Pacific, leading to cooling effects at the
equator. In contrast, in the South Pacific, high evaporation in the subtropical gyre
significantly influences subsurface thermal structures, resulting in warming mainly at
depths of 200400 m in the equatorial Pacific. In extreme freshwater scenarios, caused
by the collapse of the CIS, the subpolar gyre in the North Pacific becomes dominated by
low-salinity water, which is transported southward into the subtropical gyre. This
redistribution of salinity in the North Pacific enhances the cooling of upper layers in the
western equatorial Pacific. In contrast, warming effects dominate in the equatorial
thermocline driven mainly by water from the South Pacific. This warming is attributed to
the deepening of isopycnal levels, which leads to the equatorward transport of warm, low-
salinity water. The study further reveals that increased freshwater input weakens the east-
west SST gradient and deepens the equatorial thermocline, creating an El Nifo-like state.
These findings suggest that freshwater discharge from high latitudes of the subpolar gyre
can significantly influence equatorial thermocline dynamics and, consequently, the

regional and global climate systems.

In summary, this study provides an accurate estimation of the Alaska discharge and
highlights its role in driving salinity anomalies in the Alaskan Stream. Furthermore, it

uncovers the cascading impacts of freshwater fluxes from the subpolar gyre on the
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equatorial thermocline, offering critical insights into the connections between high-

latitude processes, ocean circulation, and equatorial climate variability.

Part1 * Annual average discharge of 14,396+ 819 m*-s™! (1982-2022); meltwater contribution ~53%.
+ Its interannual variation negatively correlates with SSS anomalies in the Alaskan Stream, suggesting
that Alaska discharge influences ocean salinity.
* Its decadal variations in Alaska discharge show a correlation with the NPGO index, highlighting the
role of atmospheric phenomena NPO in driving long-term discharge variability.

Alaska freshwater discharge

Freshwater from subpolar continents, including the
Part 2 extreme FWD by CIS collapse

North Pacific Il

Equator

South Pacific

Fig. 4.1 Schematic of thesis main structure.
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